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Abstract

The basic formulae for estimating the energy in the seismic
waves are derived. The formulae take dinto account the radiaticn
pattern of the source, the compensation fer the non-elastic absorption
of the waves, the velocity-density structure of the earth, the effects
of the crustal structure under the receiver and the response of the
recording instruments. Operations are performed in the frequency
domain.

Estimation cf the seismic energy of an earthquake is closely
related to the determination of the source mechanism and the radiation
pattern of the source. We have determined the surface wave radiation
pattern of a shallow shock and the P wave radiation pattern of an
intermediate shock to show the correspondence between the fault-plane
solutions and the fault mechanisms derived from radiation pattern.

We have obtained the energies of the two earthquakes mentioned
above as well as 7 other earthquakes with known fault-plane solutions
and/or radiatiocn patterpns. The "total" seismic energies for these
earthquakes (magnitudes between 6% and 7)) using the present
procedures are at least an order of magnitude higher than those
arrived at from the current magnitude-energy formula. The S wave
energies are approximately an order higher than that of the P waves.
The surface wave energies for the shallow shocks are three orders
of magnitude less than the body wave energies. Thus, the S wave

seems to be the main seismic wave energy carrier.
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Energies in the lower order spheroidal cscillations (& = 2, 15)
for the 1964 Alaskan earthquake have been calculated from Isabella

strain data and Berkeley ultra-long period pendulum seismometer data.

023

The sum of the energies is 1 ergs.
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Introduction

The problems of the total elastic energy emission during an
earthquake and the partitioning of this energy among various seismic
waves, mainly the P and S body waves and fundamental-mode Rayleigh
and Love surface waves, have been of interest to seismologists for
many years. The total elastic energy is closely related to the strain
energy released at the source in the case of fracture type earthquakes,
or to chemical-physical energy released when the earthquake results
from a phase change of the mineral assemblage in the upper mantle.
Although it is not clear how much energy is being dissipated near
the source through non-linear wave propagation or fracturing of the
ground, the energy contained in the elastic waves may still give an
order of magnitude estimate of the total energy released at the
source. The partitioning of the total energy among seismic waves, on
the other hand, is characteristic of the source that emits the waves
and also of the property of the material in which the source is
located.

Energy estimation in the past had mostly been in the direction
of determining one parameter from the seismograms, the Richter
magnitude, for a number of earthquakes, then independently estimating
the energy of each earthquake, establishing the functional relation

between energy and the magnitude, and using this relationship



subsequently to determine the energy whenever the Richter magnitude
of that event was given. This procedure would be perfectly legitimate
if, on one hand, the Richter magnitude is the parameter that completely
describes the energy of the earthquake, and on the other hand, the
independent estimation of energy is properly done. The efficacy of
the Richter magnitude in earthquake statistics studies to define
the seismicity of a region has long been recognized. But the fact
that independent magnitude determinations for one single earthquake
can differ by 1, roughly two orders of magnitude for energy, indicates
that the magnitude scale does not uniquely describe an earthquake.
Besides, owing to the non-uniformity and scarcity of instruments,
and the lack of high-speed computing facilities, the direct energy
estimate was done under several simplifying assumptions; in light of
present knowledge regarding the nature of the earth's interior and
wave propagation, a number of improvements can be made.

The validity of the magnitude-energy formula is especially uncertain
when the P or S wave is no longer a well defined pulse. Perusal
of seismograms shows evidence that many of the large shallow earth-
quakes (e.g. the Chilean earthquake of 1960, the Alaskan earthquake of
1964, and the Aleutian earthquake of February, 1965) consist of not one
but a series of shocks separated in space (of the order of tens of
kilometers) and in time (of the order of a few seconds). As a
consequence, the magnitude is underestimated, if body waves are used, as

only one of the many shocks in the series is measured. And due to



the fact that quite a large portion of the energy would go into long
period oscillations, surface waves as well as '"free vibrations,"
instead of being contained in the individual P or S wave, a large
portion of the energy would be neglected.

Now that we have made advances in other fields of geophysics,
e.g., the knowledge of heat flow, we wish to correlate earthquake
energy with other energies, and we have a need to refine the energy
estimation. With the establishment of world-wide standardized
seismometers and availability of efficient computers, we have the
means to put the energy estimation procedure on a physical basis.

In the present work, attempts were made to employ as much as
possible the present knowledge regarding the velocity-density structure
in the Earth, the attenuation of seismic waves, the radiation pattern
of the source and the influence of crustal structure at the receiver,
so that each single determination of the earthquake energy would be
significant, and that we can have a closer estimate of the total
energy involved.

The velocity-density structure determines the path of the body
waves and the displacement-depth function for the surface waves. Data
reduction under the assumption of a homogeneous mantle or a heterogeneous
mantle yields noticeably different results; however, if we disregard
data near the travel time cusps, the current earth models give results
well within the experimental error. For convenience we have

used Jeffereys' model for the body waves and



CIT11l model for surface waves.

Attenuation of seismic waves can account for a factor of 3 to
10 in amplitudes for P waves in the period range considered, and
considerably more for S waves. For surface waves, the amplitude
attenuation can be very severe if we consider waves that have
travelled around the earth several times. Attenuation coefficients
for surface waves are better known than that for body waves. Surface
wave Q, the dimensionless loss factor, has been given by Ben--Menahem
(1965) for periods between 50 and 300 seconds, and by Alsop et al
(1961) at free oscillation periods. Anderson and Archambeau (1964)
formulated a theory for inversion of Q data and obtained Q as a
function of depth, which was subsequently employed by Anderson and
Julian (1965) and Teng (1965) to compute the body wave attenuation
as function of epicentral distance and frequency.

Unequal azimuthal radiation of the source was noticed by many
earlier workers (Gutenberg, 1955; Bath, 1959), but the lack of uniform
instruments prevented a thorough investigation. We have experimentally
obtained the surface wave radiation patterns of a shallow shock and
the body wave radiation patterns of an intermediate shock and included
this factor in the spatial integration for energy. It is now quite
well established (see also Teng and Ben-Menahem, 1965) that the
theoretical radiation pattern (Ben-Menahem et al, 1965) calculated
by using the fault elements derived from 'fault-plane solutions"

fits quite closely the observed radiation pattern at least for



surface waves (additional evidence can be found in Chander and Brune,
1965) and body waves from intermediate or deep earthquakes. It is
possible to calculate the energy of an earthquake by integrating the
P and S waves on three-component seismograms from one station, when
the "fault-plane solution" of the earthquake is given.

The crust at the receiver acts like a band-pass filter. Although
the long-period responses are not very much different for crustal models
having different layerings, the short-period responses are quite
distinctive from one another. Therefore when considering the energy
in short period waves, the choice of the correct crustal model is very
critical.

Any disturbance in a finite body can be represented as the
superposition of the free modes of the body. As a consequence we
have two possible interpretations of a seismic record: as a sum of
free oscillations of the Earth or as waves travelling outward from a
localized source with their ensuing reflections at boundaries and
interfaces. It is a matter of practicality, insofar as the estimation
of energy is concerned, which interpretation we use. Extraction of
low frequency signals requires the recording of information long
after the initiation of the disturbance; a time interval in which the
waves have travelled a few times around the Earth and therefore "know"
that they are in a finite body. Body waves and surface waves for
relatively high frequency (corresponds to periods shorter than 300

seconds, say) are more easily processed as travelling waves. Under



the assumption of linear elasticity we can obtain the total seismic
energy by adding up the energy content in different frequency bands,
since no energy transfer among different frequencies is possible.

There are certain intrinsic difficulties involved in energy
measurement, arising mainly from our inability to record the complete
seismic signal. Several factors prevent us from doing so. First,
the instrument response is inevitably band-limited; in order to
recover a wider spectrum we have to use a.series of instruments with
different frequency characteristics: for example, a strain seismometer,
and pendulum seismometer with different pendulum-galvanometer
combinations. In the present work we use mainly WWNSS long-period
instruments supplemented by strain seismometers and ultra-long period
pendulums for free oscillation energy measurement. Secondly, scattering
of high frequency seismic waves, when the wavelength becomes comparable
to the dimensions of the inhomogeneities in the crust, increases as
the fourth power of frequency; this effect tends to reduce high
frequency waves to the noise level before they reach the seismometer.
Since the energy content of the high frequency part of the spectrum
is relatively high compared to that of low frequency waves, we are
prone to underestimate the total seismic energy if the source does
generate considerable high frequency energy. Thus, our estimate is
at most a lower limit of the total elastic energy generated by the

source.



Basic Formulae

Consider a region R, occupied by the elastic solid, and bounded
by a 'geometric surface" (not a boundary or any "physical surface'")
S. Both R and S are fixed in space and time. The energy E contained
in the region S consists of the kinetic energy of particle motion

and the elastic potential energy

e ||| [ @2 45 101w
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v

where s is the displacement field, p the density, z the stress
dyadic and CS the strain dyadic. Then the flow of energy out of the

surface is
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(Morse and Feshbach, 1953).

This formula can be integrated with respect to time from t, to tf

to obtain the total energy, if at to’ all the energy we are



interested in is contained in the volume and at te the energy has been
transported across S. However, to use this formula we need to have
both strain measurement and displacement measurement at points on

the closed surface S.

If we have the displacement fields only, we can consider an

alternative expression for kinetic energy

3-8)2—* =
~—— =k O(‘;) v + dA

which is a direct consequence of conservation of energy. Using this
formula we can obtain the total kinetic energy in the volume and with
the knowledge that potential energy equals kinetic energy in the
average we can multiply the time integral by 2 and obtain the total

energy, i.e.,

The significance of this formula is that if we are given the time
behavior of the displacement on a closed surface in the vicinity of

the source, which is bounded also in time, we can integrate with respect
to space coordinates and the time to obtain the total energy. In
practice we observe seismic waves at a distance from the source; we

have to equalize the waves back to the source before we can perform



the integration. In what follows, we will discuss the body wave energy
integration and surface wave energy integration separately since the
method of equalization and the surface of integration are slightly
different. Implied in this treatment is the assumption that we are
dealing with waves at large distances compared with the wave length,

so that the waves are separated into different phases, and can be
deemed as signals bounded in time. The equalization process, of
course, recovers only the elastic field of the source. The energy

that is dissipated around the source as heat is not our concern here.

Body Wave energy
For body waves P and S we use a spherical surface to enclose
the source, and spherical coordinates are chosen for convenience.

The kinetic energy density at time t is

38
P
wp = Lov2 = Lo (r,) (5? (6s ¢, t))z

where p(rs) = density of material at the source, and SP(O , o,t) =
particle displacement, then the total kinetic energy in the P wave
->
vp(rs) 9s

P (6, ¢,t) .
R - S 2 & ) > 2
Ep = 5 T p(rs) (at ) sinf d6 do¢ dt



oA G

where

vp(rs) = velocity of P wave at the source.

Similar expressions can be written for S waves.

Let

~iot 38 (8, ¢, t)

5t dt

we have, by Parseval's theorem,

o]
{ee]

33 T ’
(Si_(e, by t))z dt = %;— [V (6, ¢, wj dw

-0 -—00

V(0, ¢, w) is the velocity spectrum density. This can be derived

from displacement spectrum density:

VB, $, 6) = dw 208, ¢, ®)

s(8, ¢, w) = displacement spectrum density.
The spatial dependence can be separated from the frequency
dependent part, assuming a frequency independent radiation pattern

(Ben-Menahem EE.EE) 1965) :
s(8, ¢, w) =s(0_, ¢_, w) R(8, $)/R(O_, ¢ )
;(60, ¢O, w) is the cource spectrum observed at (60, ¢O), a point on

the focal sphere. R(8, ¢) is the radiation pattern of the source; it

is discussed in detail in a paper by Ben-Menahem et al, (1965).
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There are several ways of obtaining it. 1) With sufficient stations
around the source an actual radiation pattern can be worked out,
2) a theoretical pattern from a double couple or single couple source
(Ben-Menahem et al, 1965), can be fit to the available data points,
3) the surface wave radiation pattern (Wu and Ben-Menahem, 1965) or
first motion method can be used to deduce the parameters and calculate
the radiation pattern.

Since we invariably observe seismic waves at a distance from
the source, these waves must be equalized back to the focal sphere*
by compensating for the effect of geometrical spreading and absorption.

Let F(w) be the observed spectrum at some station then

sind cos ig

dA I% | |% o jY(w,A)dA

dig

(0, 6, W) =1 F@) [T I @] |

sSin 1g

i = take-off angle at the source.
iy = angle of incidence at the station

A = epicentral distance

ro = radius of the earth
y(w) = attenuation coefficients
T(w) = crustal transfer function

It

I(w)

instrumental response

* The operation here only recovers the far field part of the elastic

displacement.
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The crustal transfer function was discussed by Haskell (1960,
1962), Phinney (1964), Hannon (1964) and Ben-Menahem et al (1965).
It is sensitive to the layer parameters of crust under the instrument
and the incidence angle; hence it has to be separately computed for
each station. The attenuation factor y(w) has been investigated by
Anderson and Julian (1965) and Teng (1965). (See Appeﬁdix 1)

One complication arises in practice. In the discussion above
we assumed that the P or S waves we observed are uncontaminated by
other arrivals, which is more or less true for a P wave from earth-
quakes at a depth of 150 km or more, but for large shallower shocks
the P pulses that usually persists for a duration of more than
20 seconds become entangled with the reflection from the crust above
the source. The S wave, with its longer dominant period, is isolated
for earthquakes at depth 300 km or more at suitable distances. In order
to extract the energy for the primary signal, when P and pP or S and
sS are superposed, we have to divide the observed spectrum by the
transfer function of the system consisting of the crust above the
source in addition to the operations discussed above. We will discuss
the isolation for P for a shallow earthquake in a later section.

The total kinetic energy can therefore be obtained by combining

the expressions above



Es" TplEy) #lngy [#T [T ,
Ep = o R“(6, ¢) sinb d6 d¢
0 0
2542 sinA cosig
F A
‘ WF(w) [T(w) I(w)] =2 [g___ I__________ ef 2y (w,A)dA do
_ i sin ig

2
R2(0_,6,)

where r has been taken to be unity.

Surface Wave Energy
For surface waves we use a semi-infinite cylindrical surface.

Since no energy flows upward or downward only radial transport is

involved.
o 2m
dE
Frt y(b, z , t) r v de dz
o o
Vo in case of Rayleigh wave
v, =
rL in case of Love wave

For a dispersive medium s is the group velocity, the velocity
at which energy is being transported. As the frequency content of
the wave is a function of time vr(w) is a function of time through
frequency. This implies that we have to know the source time function,

but this is unknown. To circumvent this difficulty we sum up energies
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contained in narrow frequency band over which the group velocity is

nearly constant:

27 o

°%n (o, z,

T D)o@ v

rde | dz -

where S is the displacement and R the group velocity for the

frequency band n * Aw > (n + 1) * Aw, Aw being the bandwidth. The

total kinetic energy is

2T foe) o3}
© ds
- - D (6, =z, t) 2
E = Z rdo dz p(2) Voo (at ) dt
n=o
) o s
Again, using Parseval's theoren
= (nt+1) *Aw
9s
0 ®, z, t)y e s o
(Bt ) dt = o s, (6, z, w) dw
—o n-Aw
where -
9s
= _ n (6, z, t) -iwt
sn(e, zZ, w) = T e dt
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sn(e, z, w) being the displacement spectrum density at the vicinity
of the source. To equalize the observed spectrum Gn(w) at some
azimuthal angle 60 and a distance A away from the epicenter and on the

surface we do the following operation

5.0, 2, w) = r_%C_(u) g—g—g—c’)—g (1@ )7 [stnal® " @0 ues,u)

R(Go,m) is the radiation pattern which can be derived from observed
spectrum around the source (Wu and Ben-Menahem, 1965). H(z,w) is the
normalized (to surface displacement) displacement - depth function.
This can be determined by using Haskell's matrix method once the layer
constants are given. The integral

J(w) = Luw? 0(z) H2(z,w) dz

Ny

is numerically computed and plotted in figures 1 - 3 separately for
Rayleigh wave, vertical and horizontal components, and Love wave, for
the CIT II structure (Anderson and Toksgz, 1963). The expression

for the energy can, therefore, be written as

- (nt+l) - Aw
ro n= R(e ) __2
B, = ==— dse 2 ]\Y, W) 2
T nzo Ven Gn (w) [R(eo,w) } (I(w)]
: n°Aw
. eZY(w)A J(w) dw
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The plots of J(w) all demonstrate the fact that as period
decreases J(w) increases. We can show here that for Rayleigh wave
in a half space J(w) indeed approaches ® as w - «, and approaches

0 as w > 0. In a half-space H(z) of Rayleigh wave can be written as

J—
exp( ~ 1 - ¢, 2/8% z)
or
S —
exp( - 1 - crz/oc2 z)
where z > 0. We then have
Ttw) = %wzp e—anz - %gg e_anz = wp.
n n
o
o
where
f 2 2 ‘/ 2 2
n = l/cr 1 = e:"/B or 1/cr 1 - c. /o

Therefore J(w) + © as w + », and J(w) -~ 0 as @ - O.
Thus energy would become quite large if the source spectrum does
have finite amplitude at very high frequency. Since we do not expect
nature to yield unreasonably large amounts of energy in earthquakes,
a source frequency spectrum should not contain very high frequency
components. Further discussion of spectral energy density J(w) can

be found in a paper by Harkrider and Anderson (1966).
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Discussion

in the formulation above, we assumed we can integrate over the
whole frequency band from O to «, but in practice, using the 30-100
WWNSS seismogram, for example, we are able to observe a band-limited
seismic signal only. At the low frequency end of the spectrum it is
possible to use auxiliary instruments such as strain seismometers,
tiltmeters or the like to record fundamental and higher modes of
free-oscillation (Kovach and Anderson, 1966). We will discuss this
in a later chapter, and use Isabella strain data and Berkeley Pendulum
seismometer data to estimate the long period energy for Alaska earth-
quake. At the high frequency end of the spectrum the attenuation
is severe and the effect of the crust - scattering and diffracting -
render it difficult to recover the signal accurately. As we have
just shown that J(w) + « as w + «, the amount of energy we neglect
by using a band-limited instrument or measuring energy at distances
such that the high frequency waves are already reduced to noise level,
can be quite significant. In this sense, we are at best only measuring
the lower limit of the total elastic wave energy released during the
earthquake. 1In order to make clear the meaning of the numbers - energy
in ergs in this case - it is always desirable to specify the band
over which we integrate.

In some applications, for example, to relate magnitude to energy,
it may be advisable to bypass the frequency integration and look at,

say, surface wave spectrum density instead. A perusal of the
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seismograms from earthquakes of various magnitudes reveals that longer
waves are observed only for large earthquakes. It is perhaps possible
to reduce the energy spectrum densities to a one parameter family
and use the parameter to specify the magnitude.

The differences between the methods used by other authors to
obtain the energy of earthquakes and the method presented here will
be discussed in a later chapter, after we obtain some experimental

values of the energy.
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Integration for Energy in Practice

Spatial Integrations

It would be desirable to integrate over the spatial coordinates
experimentally, so that the final energy obtained will be free from
assumptions as to the nature of the source. However, the distribution
of stations does not warrant such a procedure; a much higher density
of seismometers around the world is required for the purpose.

Insofar as it has been demonstrated that the seismic source can
be approximated by a double couple source (see e.q., Hodgeson and
Stevens, 1964; Stauder, 1964; Wu and Ben-Menahem, 1965; Teng and
Ben-Menahem, 1965) we shall use the theoretical radiation pattern for
our spatial integration.

1. Body Waves

Ben-Menahem et al (1965) gave the body wave radiation
patterns for both shear and tensile faults in an infinite
medium. We have listed the P, SV and SH radiation patterns
for shear faults in Table I . These radiation patterns
will be used in a later section to obtain the sourcé
mechanism of an "intermediate" earthquake.

The integration

2m(m

I= J J RZ(p, ¢) sine deo d¢
o ‘o

is carried out in Appendix 1II.
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From the physics of the situation, we can see
immediately that the P integral will be independent of
the attitude of the motion vector, therefore, independent
of § and A. In other words, the integral is a constant.
But it is not so in the case of SH or SV wave, because SH
and SV is defined only when a surface or a preferred
orientation is involved in the problem (in an infinite
medium the surface is a geometrical one), and the attitude
of motion vector - specified by § and A - will determine
how much energy will go into each type.

The results are

_ 4
Ip T
I = é—n (a 2 4+ 4 g 2) + g‘ﬂ (B 2 +3 2)
SH 3 1 2 3 1 2
I.o=To (19 o2 + 16 ap2) + 320 (82 + 8,2)
sv 15 1 2 15 A 2
where

a; = % sin A sin 26

a, = % sin § cos A

B = sin A cos 26

B, = cos A cos &
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Surface Waves

The spatial integration of the surface wave energy can
be separated into the © and z integrations. We have already
performed the z integration when we calculated the kinetic
energy density curves for Rayleigh and Love waves in the
previous section; they are independent of the source. The
© dependence is the radiation pattern of the source. It
was shown by Haskell (1963) that the radiation pattern of
Rayleigh wave 1in a homogeneous, isotropic half-space is
a function of the depth of source and the attitude of the
motion vector and the frequency of the wave. Ben-Menahem
and Harkrider (1964) extended his result to Rayleigh and
Love wave radiation from dipolar sources with arbitrary
elements in a multilayered elastic medium; in which case
the radiation pattern is a function of the same variables
as in Haskell's results, although in a much more complicated
way.

According to Ben-Menahem and Harkrider, the radiation
pattern from a dipolar source, at some frequency w, can

be expressed as

x(¢) =d_ + 1i(d; sin ¢ + dj cos ¢) + d3 sin 2¢

+ d, cos 2%



=D D

where di's are functions of w, §, X and h. (See Harkrider
and Ben-Menahem for definitions of di‘s). Evidently, this
function includes both the amplitudes and the phase; in
calculating the spatial integral, only the amplitude part
is needed.

The amplitude of x(8) is

|x(9) |

/kdo + d3 sin 2¢ + dy cos 2¢)2 + (d; sing + dy cos¢>)2

and the integral we have to calculate is

27
|x(¢) |2 d¢

o

2T
[ (dO + d3 sin 26 + d, cos 26)2 +(d; sing + d, cosg)? dg
0

2y 4.2 2 2 2
mo(2d %+ 3"+ 4% + 47 + d,%)

This has been incorporated in the computer program for
calculating the radiation pattern of Rayleigh and Love waves
in a multilayered medium.

The integral depends on frequency as well as the
attitude of the motion vector. The frequency dependence
can be obtained in the process of fitting the observed
radiation pattern at various frequencies by interpolating

between the discrete frequencies values.
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Frequency Integration

The general form of the frequency integral is

1l 2 2 2
7 | ¥ R®) @) dv

where $2 (w) is the spectrum density, R(yw) is the frequency dependence
of the radiation pattern.
For body waves, it is assumed that R(w) = A, the. integration

therefore is reduced to

1 1.9 .2
on we §°(w) dw

In case of surface waves, however, R(w) # constant, and the
functional dependence can be obtained in the process of fitting the
surface radiation pattern. A frequency dependent spatial integration

2T
X% (6, w) do

can be performed numerically when calculating theoretical radiation
patterns. This is then used as a weighting function in the frequency
integral.

Theoretically, the spectrum from one station would suffice for

the frequency integration after the radiation pattern has been determined.
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The actual spectral densities at various stations from one single
earthquake are invariably different from each other. Many factors
could contribute toward this diversification, for example the
finiteness of the source, effects of a propagating rupture, effects
of different propagation paths as well as the choice of velocity
window, and numerical processing.

In practice, we can choose several spectra, preferably at the
maxima of the radiation pattern, perform the integration on these

spectra, and obtain thereby an error estimate.
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The Partitioning of Seismic Energy from a Surface Fault

The problem of partitioning of the seismic wave energy among
different phases at large distances from the source can be experimentally
solved as we have demonstrated in the previous section. It is obvious
that partitioning of energy in general would depend on the type of
source that generates the elastic waves. For example, we would not
expect to observe much S wave from an explosion if no release of
tectonic strain is involved in the event, while for most earthquakes,

S wave is much stronger than P wave. When surface waves are concerned
we would expect the partitioning to depend also on the layering or the
inhomogeneities of the media in which the source is located and the
proximity of the source to the channel or the free surface (Harkrider
and Anderson, 1966). Although the exact mechanism of earthquake
generation is yet to be expounded, it has been verified experimentally
that as far as the first motion of the body waves and the radiation
pattern of the bodily waves as well as the surface waves are concerned,
the source can be represented as a double couple, which is an equivalent
force system only, saying nothing about the actual mechanism, be it a
slip on a'plane or a result of phase change, (For a summary on first-
motion studies see Scheidegger, 1957; for radiation pattern of bodily
waves see Teng and Ben-Menahem; for surface wave studies see Wu and

Ben-Menahem, 1965 and Chander and Brune, 1965).
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In this section we will investigate the partitioning of energy
from double couple sources which arise from equivalent force
representations of faulting in a homogeneous half-space, and in a
later section we shall compare the results we obtain here to thoée for
the Iran Earthquake of September 1, 1962. The method we use here is
based on a paper by Burridge et al, (1964) in which the representation
theor}gs of Burridge and Knopoff (1964) was used to set up equivalent
double couple sources for dip-slip and strike-slip on an arbitrarily
dipping plane, which is shrunk to zero area. 1In the treatment it was
proved that an arbitrary fault (with zero surface area) can be reduced
to a linear combination of three elementary displacement-dislocations
namely (a) Slip on a horizontal plane, (b) Strike slip on a wvertical
plane and (c) Dip-slip on a plane dipping at 45°,

In order to avoid repetition we shall start our discussion from
the integrals given by Burridge et al,(1964) and use their numberings

of the equations

u oo o © E;
N dw de dn En2l | o1 (wt-gx-ny-z2)
(2ﬂ)3 L 5@ . ’

¢ e o e (7.4)
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In these expressions & and n are the horizontal wave numbers in
the direction of x and y respectively, z2 + £2 + n? = w?/a? and
12 2 2 w2ipgd o L I
' + £ + n%= w4/B% with a = (A + 2u/p)° and B = (u/p) °. ﬁe is the

half space Rayleigh factor:

R = (w?/28% - €2 - n?) + rz' (82 + n?),

A glance at these integrals will show that in the integrand for
P and SV waves the denominators all have the factor ﬁz , which when
equated to zero is the homogeneous half-space Rayleigh equation; as
expected, the SH integral does not have such a factor. Since the
presence of singularities (the solutions of Rayleigh ecuation) implies
the interference of waves and conversion of a wave to Rayleigh wave
in the far field solution, the P and SV will contribute to the Rayleigh
wave while the SH wave will not. Of course, if there is any inhomogeneity,
for example, layering, there will be Love waves. One advantage of
separately treating P and SV integrals is that we can isolate the
contribution to Rayleigh waves from these primary waves.

The method of integration used is very similar to the one used
in the paper by Burridge et al, (1964); strictly speaking their
approximation neglected the contribution from the singularity which
lies along the contour, and is therefore not complete. Insofar as
the body waves are the main objective of their paper, the results

are still correct. We adopted an integration procedure given in
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Brekhovskikh (1960) with slight modifications. In Appendix III, we
have treated the integrals (7.4) in some detail to show the location
of singularities, the branch cuts and the deformation of the contour.
The other integrals can be treated in the same way.

The results of the integration are tabulated in Table II. Since
the method of integration used is valid for kR >> 1, we are therefore
neglecting a part of the signal for finite distances. However, since
in practice we are recording at large distance (compared to wave lengths
of interest) from the source and looking at a band-passed signal the
condition kR >> 1 may easily be satisfied. To obtain the kinetic
energy we can apply the same type of formulas as in the previous section

on Basic Formulae,

a|2 ds dw

=1
I

Ne

L)

where 4 = 0 (w, X, y, 2z) and S is a closed surface surrounding the
source. To find the partitioning of energy among the different phases,
we need not carry out the w integration. This is so because all the
velocity spectra are of the same degree in w; for Rayleigh waveé it is
true after integrating on z. Thus it is clear that in a homogeneous
half-space the total energy will be dependent on the source time
function, but the partitioning of energy among different waves will

not be. A word may be said here about the source spectrum. In order
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to keep the total energy finite it is necessary that

S (w) > 2 as w > o n <1
) n
W
and
S (w) gaks as w > o n »1
o o2 ¢

Take Ep as 1 for source (b) and (c) we have calculated Esv/Ep’
Esh/Ep (Er/Ep)p and (Er/Ep)Sv and Ep/Esh + ESV and ER/EB’ where the

subscript B denotes body waves. They are tabulated in Table III.

Haskell (1964) used de Hoop's representation theorem (de Hoop,

1958) to calculate the partitioning of energy between P and S waves
for a finite propagating fault in an infinite space. The final
stage of his faulting is represented by a discontinuity of shear stress
across a strip of length L and width W, the thickness of the fault
region is small compared to the wavelength in question. The rupture
starts at one end of the strip and moves to the other end with a
velocity of V. The medium is wunstressed prior to the rupture. The
results he obtained for shear faults are:

Longitudinal shear fault

ER .03294 oT/L > a+ 1 and BT/L > b + 1
Es .01829 oT/L < a -1 and BT/L < b -1
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Transverse shear fault

E .03652 aT/L > a + 1 and BT/L. > b + 1
fE' =
E .02557  aT/L <a -1 and BT/L <b -1
where
EE. _  LONGITUDINAL WAVE ENERGY
Es SHEAR WAVE ENERGY
a = P wave velocity
T = rise time of the ramp source time function
a = a/v
b = B/V.

The dislocation source models adopted in Burridge and
Knopoff's (1964) and Haskell's (1964) works are equivalent sources
that are not realized in earthquakes. The introduction of a
dislocation in a medium requires a very large amount of energy
to be put into the medium. This energy is not generally available
in natural circumstances. Archambeau (1964) proposed a relaxation
model which incorporated a finite non-linear zone, the propagating
rupture and release of tectonic strain. Such a source model
provides more parameters to fit an actual radiation field. His
preliminary results show that ES/Ep values depend on source
parameters, but in general are of the same order as the values we

arrived at for dislocation model.
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Data and Data Analysis

Instruments Used

To ensure that the quality of the data be uniform it is
desirable to use only data from those instruments that have very
similar frequency characteristics. Therefore, wherever it is
possible, we will use the WWNSS seismograms. Even the responses
of these standardized seismometers exhibit a certain amount'of
deviation from the published curves; this can be seen from the
difference in the shape of the calibration pulses on the seismograms
(figure 4 ). However, in most cases, the calibration pulses are
quite similar and the response of the instrument obtained by
Fourier analyzing these traces is very close to the ones published
in the handbook: World-Wide Standard Seismograph Network.

The amplitude response of a critically damped and zero-

coupling galvanometer-seismometer system can be expressed as

3
A(w) = =
w?2w 240 2 w2+ g 2 2 4 Wt
0 g % g
as w > ®, Alw) » 1/w
and as w - 0, Alw) - w3/w02 wgz.

That is to say, at short periods the instrument reacts like an

integrating circuit and at long periods, a differentiating circuit.
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And at intermediate periods we would expect the instrument to
respond in a rather complicated way. Thus a direct use of the
amplitude of a trace is not desirable in that equalization ox
other frequency-dependent operations cannot be carried out without
ambiguity. Amplitude of ground displacement, acceleration, and
velocity could be obtained by deconvolving with the instrument
response in the time domain or multiply by the proper instrument
response in the frequency domain.

The frequency response of a velocity transducer is given as

Alw) = Q3(x%w) + \(2(w))_1/2 (Amplitude)
$(w) = tan™!(x(w)/y(w)) (Phase)
where
w = frequency (radians/sec)

X = wt - P [~n12 + n22 + 4 kiky(1 - g2) ] + n;%n,2

n; = natural frequency of the pendulum
ny = natural frequency of the galvanometer

k;/n; = h; damping factor for the pendulum with the galvanometer

clamped (h1 = 1 for critical damping)
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ko/ny = hp damping factor for the galvanometer with the
pendulum clamped (hy, = 1) for critical damping
0 = coupling factor
Q = constant determined by parameters of the electrical

and mechanical system (see Hagiwara, 1958)

This formula was programmed and was used to reduce the trace
spectrum to ground displacement spectrum. For our purpose, the
calculated response is close enough to the actual response of the
instrument obtained by Fourier analyzing the calibration pulse

( figure 5 ).

Analysis of Body Waves

Body waves P and S are usually present on a seismogram as a
pulse at suitable distances from the source. Great care must be
taken to choose waves that are not contaminated by later or
earlier phases. For example, PcP often follows P and gradually
merges into P.

In most cases, the signal-noise ratio is very high and pre-
processing of data is not necessary. However, one difficulty
arrises owing to the finite time window we take for P and S waves.
The response of the instrument is such that after an impulsive
ground displacement it takes a long time for the trace to return
to its zero-line; the next phase invariably comes in before the

previous phase dies down completely (see, for example, Berckheimer
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and Schneider, 1964). Thus, when we wich to isolate a P wave
or an S wave by applying a finite velocity window, we will cut
off a part of the signal. From the expression for instrument
frequency-response, the zero frequency will not be sensed by the
instrument. As a result of the velocity filtering, a part of
the signal is discarded; the areas enclosed by the trace above
and below the zero-line are not equal, i.e. a dc component is
introduced into the spectrum. When we divide the spectrum by
A(w), the error is drastically magnified. In the process of
numerical Fourier analysis, this component will contaminate the
values at other frequencies, unless we either detrend the trace

or use

1 1
2T 2 x record length

as frequency increment, in the interval

1

20t~ 2 x digital interval

Another technique which is useful in rendering the spectrum smooth
is tapering the trace at both ends, so that the trace has a value
of zero and a slope of zero at these points. Since the Fourier
transform operation is assuming the trace is zero outside the

data range the tapering will eliminate possible jumps at the ends.
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Surface Waves

The analysis of surface waves is done in much the same way

as in previous studies of surface wave phase velocities (see, for

example, Toksoz and Ben-Menahem, 1963). Instead of using phase

spectrum, as was in the work on phase velocity, we are concerned

here mainly with the amplitude spectrum. We will outline the

procedure we used.

a.

Identification of Waves

A Fortran program was written to calculate the
arrival time of the surface waves G; through Gs and R,
through Rg, given the epicenter and origin time. As
the group velocity would vary for waves that propagate
by different great circle paths, we cannot set a rigid
velocity window for all the seismograms; instead,
judgement has to be used as to when to start and when to
stop. This is especially crucial when we employ G; or
R;. The orbital motion of the wave will help in identifi-
cation, when distinguishing between G and R waves.
Digitization

After the group velocity window for each wave is
determined, the traces are then digitized at intervals
controlled by the highest frequency we wish to look at.
In the present work, we used 3 second intervals. As

we shall see later, we will not look at waves below
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15 seconds; 20 points per minute is therefore quite
sufficient. Tapering of data at both ends of the trace

can be performed before digitizing.

Detrending

The digitized data are then put through a detrending
process on the computer to remove the mean and the tilt
of the trace (remove trend of degree 1). This will
eliminate the dc component as well as the very low
frequency content which comes inteo the data through some

instability of the seismometer system.

Filtering

Not infrequently the wave traces are mixed with
short-period or long-period '"noises": microseisms,
multiply reflected body waves, instrumental noise, etc.
The presence of these noises render the spectrum rugged
and sometimes cause a significant modification of the
amplitude at periods that we are interested in. Digital
filtering can be used to remove these interferences.

The response H(w) of the low-pass filter we employed

is such that

Il
—

H(w) o | € W,

C\)+U)r
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wr + w
= —— w £ w<uw
w - w ¢ = r
i c
=0 [wl > W
¥

i

where . cut-off frequency

w
i

roll-off frequency
The center of the filter may be shifted to w3

thereby we may generate a band-pass filter. A detailed

treatment can be found in a work by Ormsby (1961).



~41~

Total Energy and Partitioning of Energy for a

Shallow Earthquake

Intreduction

The classification of earthquakes into shallow, intermediate and
deep has an element of arbitrariness in it since there is hardly
a discontinuity involved in the depth distribution of hypocenters.

It is nevertheless convenient to employ such terms for general
descriptive purposes. In the present context a '"shallow'" earthquake

is one that generates a relatively large amount of fundamental surface
waves, while in an "intermediate" or "deep" earthquake the fundamental
surface wave will either be absent or higher mode suzface waves become
dominant among the later arrivals.

The procedures involved in either case would be the determination
of radiation pattern or equivalently in our method, the source
mechanism, of an earthquake and then integration of the individual phases
on the seismogram. The method is summarized in the flow diagram in
figure 6 . For shallow shocks we are going to take into account the
surface waves. As we have found out that even for a shallow shock
the surface wave energy in the frequency band considered is about two
to three orders of magnitude smaller than that of body waves P and S;
we have neglected the surface wave energy for deep earthquakes
completely, although the higher mode surface wave energy can be of

considerable theoretical interest.
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In this section we will give an example of integration of energy
for the shallow Iranian shock of 1 September 1962. We will first
determine the radiation pattern of the source and obtain thereby
the source mechanism; based on these radiation patterns we will on
the one hand integrate the surface wave energy.and on the other hand
calculate the corresponding body wave radiation patterns. These
body wave radiation patterns are used later in body wave integration,
after the body waves, which are a mixture of P and pP, and, S and sS,
are unscrambled. Extraction of P and S from mixed pulses is done
by assuming crustal structure above the source and the radiation
pattern of the source. Considerable error could be introduced in
this procedure; however, by using a large number of P + pP and

S + sS waves, the error will be reduced.
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Radiation Pattern of Surface Waves and Source

Mechanism of 1 September 1962, Iran Earthquake

Introduction

For an earthquake source that is not spherically symmetric,
the azimuthal dependence of wave amplitude and initial phase, or
radiation pattern, is involved. Since the radiation pattern
is controlied by the characteristics of the source, a study of
the radiation pattern will provide a better understanding of the
source mechanism and improvement in energy measurements.
Gutenberg (1936) discussed the different azimuthal distributions
of surface wave energy for two shocks that occurred in the
neighborhood of each other and inferred the different mechanisms,
and later (1955) he plotted the azimuthal dependence of amplitude
of surface waves and magnitude derived therefrom. Brune (1961)
determined the Rayleigh wave radiation pattern for the 1958
Alaska earthquake using time domain measurements. He found the
lobe structure of the pattern to conform to the fault motion
determined by first motion method. Ben-Menahem and Harkrider
(1964) formulated the problem of radiation pattern for Rayleigh
and Love waves from Dipolar point sources in multilayered media.
They showed the dependence of the radiation pattern on type and
depth of source, orientation of the motion vector and frequency.

We will now find the actual radiation pattern of Rayleigh and Love
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waves generated by the Iran shock of September 1, 1562 at
different frequencies and derive therefrom, by comparing with
Ben-Menahem and Harkrider's result, the fault parameters, namely,

strike, dip, slip angle and depth.

Data Analysis
Three component long-period seismograms from USCGS WWNSS,
Columbia stations in Canada, Japan and Honolulu and some
other individual stations were collected (Table IV). Azimuthal
coverage is sufficiently dense in the second and fourth quadrants
and is relatively scanty in the other two quadrants (figure 7).
With few exceptions R; or Gj through R3 or G3 could be traced.
On a number of seismograms the magnifications were high enough
for Ry or G, and R5 or Gs to be distinguished. Thus each station
might provide one or more points on the radiation pattern. The
determination of the time window was done in much the same way
as in previous surface wave phase velocity works (see, for example,
Toksoz and Ben-Menahem, 1963). Owing to the fact that the observed
seismic signals traveled over different paths, it was necessary
to use a slightly different group velocity window for each case.
The traces were digitized at three seconds interval and
subjected to Fourier analysis. Preprocessing consisted of
removing trend of degree 1 and passing through a 61 coefficient
low-pass filter, with cut-off at 50 seconds and rcll-off at 40

seconds. Shorter periods were not included because of the lack



45~

of power for waves of period less than 40 seconds and of the
sensitivity of these waves to the crustal structure and diffraction
effects at the crustal margin; a more refined technique wculd be
required to extract information from this shorter period range.
Moreover, the fault length, as deduced from geological observations,
is 100 km; the finiteness of source causes the presence of sharp
minima in spectra  for periods shorter than 100 seconds.

The spectra so obtained were corrected for instrumental
response and converted to ground displacement spectruﬁs. They
were then equalized to a fixed distance from the epicenter by
removing the effects of dissipation and geometrical spreading

on a sphere. The operations involved can be summed up as

follows:
f(t) = seismogram trace T0 <t < Ty
=0 t < TO s & > Ty
T
F(w) = £(t) e 2t g
A%
: - O
Alw) = Flw) . Iw™ e . sinp
where
To = arrival time of the wave

T; - T = time window
o

o
N
(53
g
]

trace spectrum

[
]

distance of station from epicenter
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Y(w) = absorption coefficient

Ro = the radius of the Earth

I(w) = instrumental response

A(w) = equalized displacement spectrum

The instrument response we used was the theoretical formula
derived by Hagiwara (1958) for electromagnetic seismographs.
The response could be calculated quite easily provided the coupling
and damping factors are given. In the case of WWNSS seismograms
it was found that the formula yielded a response quite close to
the curve obtained analyzing the calibration pulse (figure 5).
Absorption coefficients used were those obtained by Ben-Menahem
(1965) (figure 8). This factor is extremely important when
equalizing waves that have traveled over a long distance due to
the factor eY(w)A.
The resulting displacement spectra were then plotted as a
function of azimuthal angle around the source. For Rayleigh
waves we used the vertical component; the equalized spectra
were plotted directly. For Love waves it was necessary to add
the two horizontal components vectorially or correct for the
angle of incidence before plotting. The angles between north and
the geodesic connecting the epicenter and the station at the source
(azimuth) and at the station (back azimuth) were computed and

listed in Table 1IV.
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A separate program calculated and plotted the theoretical
radiation pattern as formulated by Ben-Menahem and Harkrider by
assuming a singlet, a couple or double couple ferce system for
various spatial orientations of the motion vector and depth.
These theoretical patterns were compared with the result obtained
from data analysis to find a pattern that fitted the data best.
The set of parameters that generated the best-fitting patterns
were taken to be the possible fault parameters of the earthquake.
This method is essentially a trial and error one but the
variations of the theoretical pattern is a continuous function of
the parameters; once the trend is found the range of variations
of the parameters could be narrowed down quickly.

Time domain analysis was also attempted; however, the scatter
of the data was found to be too severe to yield any significant

result.

Discussion of Results

The Iran shock of September 1, 1962 was investigated by
Ambrasey (1963), Mohjer and Pierce (1963) and Petrescu and Purcaru
(1964). Ambrasey and Mohjer and Pierce concentrated their
attention on surface features énd damages caused by the earthquake
while Petrescu and Purcaru did a first motion study.

Results of the first motion study and the present work are

listed in Table V. The observed and theoretical radiations are



sl Be

plotted in figure 9. In figure 10 we show the calculated
radiation patterns for a 100 second wave at several depth with
different orientations of the motion vector.

The present study reveals that the source is a double couple
equivalent to a shear dislocation on a sinistral reverse fault
with strike oriented N 80° W, dip 780, toward southwest, slip
angle 63° and at a depth of 11 km. This result as we can see
from Table V is very close to the conclusion reached by Petrescu
and Purcaru. The depth, however, is different from the depth
given by USCGS (20 km) or BCIS (27 # 9). This may be explained
by the fact that what we see in the surface waves is an average
feature. Geological observations show (Ambrasey, 1963) that
the fault surface reaches up to the surface; it is very difficult
to define the '"depth" of this earthquake.

Apparent on the data plot is the fact that data scatter to
the west of the source is greater than in the opposite direction.
This phenomenon is not so obvious for 200 second wave while for
shorter period waves both the Rayleigh and Love wave data show
some asymmetry. Part of this fact can be explained by moving
source theory (Ben-Menahem, 1961). Plotted in figure 12 are
frequencies at which the maximums in the spectrum ratio occurs

for several stations and the solution of the directivity function
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where
C = C(w) phase velocity
V = rupture velocity
o =
o
direction
b = fault length
T = period.

C . C
D = fv + coseo) SIH%T- v coseo]
(%’- coseo) sin%% ~%'+ cosGO)

counter-clockwise azimuthal angle measure from strike

By fitting the phase velocity with an analytical function and

then solve D =

the maximums in spectrum-ratio as a function of § .
o

0 for frequency we can find the displacement of

In the

present case, some of the data points are consistent with the

theoretical calculations for a fault length of 100 km and rupture

velocity 1.5 km/sec moving toward west.

that cannot be explained this way.

But there are maximums

This fault is probably more

complicated than a simple horizontal rupture model can explain.
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Reduction of Body Waves

Consider two signals f;(t) = £(t) and f,(t) = Bf(t) and let g(t)

be the sum of these two signals after f,(t) has gone through a "black

box" with impulse response h(t):

then,

where

g(t),

where

$1(w)

has passed through the "black box".

o

g(t) = f(t) + 8 f(t) h(t-t) dr

in the frequency domain we have
G(w) = Flw) [1 + B H(w)]

G(w), F(w) and H(w) are the complex Fourier transforms of

f(t) and h(t) respectively. Or, more explicitly, we can write

ei¢o (w)

G(w) = IF((D) i‘bl(w)]

e

[1 4 BIH(m)

the amplitude and phase factors are separated. Note that

includes the time delay between f,(t) and f;(t) after f,(t)

" It is evident that the expression

in the parenthesis will add a phase shift to¢0(m) and will impose an

amplitude modulation on the original spectrum IF(w)[. In order to

visualize the kind of modulation we encounter, a simpler case will

be considered first. Let B|{H(w)| = a and ¢(w) = wt

o» the expression

can be written as

Alw) =1+ a elwto
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The behavior of the amplitude and the phase is plotted in figure 11
for various a's. We see that if F(w) is a slowly varying function of
w, from the shape of G(w) we may obtain t,, and conversely, if we
know t,, we may recover F(w) from G(w).

Now to be more specific, we refer to f3(t) as P and fo(t) as
pP. Then h(t) is the impulse reflection response of the crust above
the source, and B is the amplitude ratio at the source between P and
the wave that later becomes pP. Owing to the complicated nature of
H(w) in this case the dips will not be regularly spaced as in the
case when we let B|H(w)|= a, neither will the phase variations be as

simple. We have calculated
1+ BlE@)] <19

for the Central U.S. Crust (McEvilly, 1964) and for several B's
(figure 13).

We have neglected the attenuation, geometric dispersion and the
crustal effects at the receiver. But since we assume we are dealing
with a linear system we can remove these factors beforehand using the
equalization procedures described in the section on Basic Formulae.

A practical procedure to obtain the source amplitude spectrum
of the P wave when P and pP are superposed is outlined as follows:

(1) Obtain the spectrum G(w) for the P + pP wave.

(2) Remove from G(w) the effects of attenuation, geometric

spreading, instruments, and the crustal influence at the
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receiver, to obtain G(w), namely

G(w) = G(w)/(I(w) * S(w) * T(w)

where
I(w) = Instrument frequency response
T(w) = Crustal transmission response at the receiver
and
sin i di
S(w) = 1ol e /YW, 4) el I i
o sinA cos i, dA

The integral e_fy(w,A) HE

in this work was given by Teng
(1965), and is described in Appendix T.
Notice that we have treated P and pP as though they
di,
have the same 1, ip, !EZ_l , and same propation path.
This is not strictly true, but for shallow shocks it is a

good approximation.

(3 Determine the crustal structure above the source, and compute

AW) = 1+ glH(w)| X0

For various 8's, and also adjust the thickness of the crust
such that the relative minima of G(w) coincides with those

of Alw).
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(4) Finally, divide ]G(w)| by |A(w)| to obtain IF(w)|

: _lay!
|F(w)| = oY

In figure 14 we have presented two examples of reduced spectra.
The equalized spectra are the Fourier spectra of the P waves recorded
at STU and BAG by long-period WWNSS systems compensated for absorption
and geometric spreading. The transfer functions were calculated by
using Tedzhan structure (Godin et al, 1961) at the source and the
Southern Germany and the Oceanic structure (Steinhart and Myer, 1961)
for STU and BAG respectively. We have also processed the P wave at
ALQ in the same way. Efforts were made to make the shapes of the
"source spectra" to be similar. The same technique was applied to
the S wave. The resultant spectra were less satisfactory than
those for the P waves.

The procedure described here is only an approximate way to
eliminate a possible factor of 2 in the average amplitude. The total
energy computed after this will be improved by less than an order of

magnitude.
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Integration for Energy

3
Based on 8 spectrums for surface waves (Rayleigh and Love waves),

3 for P waves and 2 for S waves the results listed in Table VI
were obtained. Also listed in the table are the source parameters
and the energy calculated by using Gutenberg-Richter's formula.

The following observations were evident from the Table:

1) The sum of P and S energies is an order of magnitude higher
than that predicted by Gutenberg and Richter's formula for
the total energy of the earthquake.

2) The surface wave energy in the band specified is 3 orders
of magnitude smaller than body wave energy.

3) P wave energy is approximately 1/30 of the S wave energy.

The body wave to surface wave energy ratio is much higher than

that obtained by other authors e.g., (Bath, 1958); the magnitude

of the surface wave energies itself is comparable, but their body
wave energy estimates were much lower (see the discussion in a later
section). The ratio we obtained is quite close to that predicted

by our simple half-space theory.

The partitioning of energy between P and S is of special interest
to us because it is pertinent to our discussion of the cause of
earthquakes whether phase change or material failure or whether
tectonic strain release is involved. The partitioning seems to conform
to our theoretical calculations. This correspondence could be, however,

fortuitous; our source model may not be the correct one.
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Energy Content of P and S Waves for an

Intermediate and a Deep Earthquake

Introduction

In this section we shall estimate the energy content of the P
and S waves from an intermediate and a deep earthquake. It
is evident from the seismograms from earthquakes at depth that the
source excites both fundamental and higher modes surface waves, but,
based on experimental data and theoretical calculations (Harkrider
and Anderson, 1966) that we mentioned in the last section, we can expect
the energy involved to be not very significant. Besides, the
identification of higher modes 1is not beyond doubt.

It will be shown in the following section that for an intermediate
earthquake the radiation pattern of the P wave obtained by frequency-
domain analyses of the P pulse on the records conforms quite well to
the theoretical pattern calculated from theory (Ben-Menahem et al,

1965 using the fault elements derived from the first motion study as
the input parameters. The same conclusion was reached by Teng and
Ben-Menahem (1965). It is our contention that when the source
mechanisms of earthquakes are determined by first motion studies, we
can calculate the energy in P and S for these earthquakes from
seismogram records at one station.

In the present section we shall work out in detail the first

motion and the radiation pattern of P wave and derive therefrom
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the source mechanism of an intermediate earthquake in the Tonga region.
We will integrate the seismogram, after proper equalization, to get
the energy content of P and S waves. We will also obtain the energy
content of an earthquake in Banda Sea, the radiation pattern and
source mechanism of which have been published by Teng and Ben-Menahem

(1965).

First Motion Study of July 4th, 1963, Tonga Earthquake

The principles regarding the first motion studies of earthquakes
have been propounded and summarized by many authors (see, for example,
Honda, 1956; Scheidegger, 1957; Hodgson and Stevens, 1964). 1In general,
the physics involved is the same among the different schools, the

main differences are the projections they used to plot the data and

the drawing of fault-planes. Here we shall follow a procedure summarized

by Ritzema (1957):
1. Determine the initial motion data of P and S at stations
distributed throughout the world.

2. Determine the azimuths and the distances of the stations from

the source, and the azimuth of the source from the station. They

can be calculated by using Rudoe's formula (Bomford, 1952).
3. Determine the angle ip at which the wave left the source.
A set of (ip, 8) curves for various depths by Ritzema

(Ritzema, 1957) can be used for the purpose.
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4. Plot the compressions and dilatations of P in a polar diagram
in the appropriate azimuth and at a distance of tan(ih/Z)
from the center.

5. Separate the compressions and dilatations by two nodal lines
that are perpendicular to each other and follow the course of
meridional lines of the Wulff net.

6. Plot the S wave vector.

7. Determine the elements of displacement vectors using the
Wulff net.

The advantage of this method is that the fault plane, auxiliary
plane and the displacement vector can easily be visualized on a
stereographic projection. There is some difficulty in choosing between
the two orthogonal planes for the fault plane. If the S pattern
follows that of a single couple pattern, this problem can be solved;
in our case the S vector pattern seems to result from a double couple
source, hence such resolution was impossible. We have to rely on the
information as to the prevailing force system in the region concerned,
and make thg final decision from amplitude data.

The Tonga earthquake of July 4, 1963 had a magnitude of 6% and
a depth of 158 km. The records we used are the matched three component
long-pericd records from the WWNSS stations. The stations we used,
the first motions (+ or — ) of P the direction of S vector, as well as
other data pertinent to the earthquake is presented in Table VII. A
few first motion readings were taken from station reports (for non-

WWNSS stations), these are marked with asteriks in the table.
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The first motions of P are plotted in figure 15 . We can easily
draw one meridional line separating the dilatations from the compressions,
the other meridional line was fixed by mnoticing (1) it has to be
perdicular to the other one, (2) the amplitude of P at SPA is vanishingly
small, (3) the amplitude at the New Zealand stations are all small.

(2) and (3) suggest the proximity of those stations to one of the
nodal lines of P. With this information we draw the other nodal line,
which was found to be the fault-plane.

We have plotted the S wave vectors in the same figure. The
pattern of S wave suggests a double couple source.

0f the two nodal planes we cobtained one is parallel to the trend
of the Tonga island arc, the other perpendicular to it. Based on
the amplitude data of the next section we have chosen the former to

be the fault plane. It strikes at N26E, with & = 68° and A = 212°.
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Radiation Pattern of P Wave

1)

2)

3)

Introduction

The method of obtaining the body wave radiation pattern has
been discussed by Ben-Menahem et al (1965) and applied to a study
of a deep earthquake in the Banda Sea by Teng and Ben-Menahem

(1965). Here we shall proceed to describe our data analysis.

Data and Data Analysis

The data we used in this investigation were exclusively
long-period records from the WWNSS stations. The station
abbreviations, epicentral distances, azimuths, and back azimuths
are listed in Table VII.

Each P wave trace was digitized from the paper record at
irregular intervals, with the intention that linear interpolation
will later be used to obtain values at 1 second intervals. The
interference of PcP on some traces requires tapering at the end
to minimize the effect. The traces were plotted and checked and
detrended (degree 1) before we subjected them to Fourier analysis
within the frequency window O. -~ 0.2. The Fourier spectra are

punched on cards for further processing.

Equalization of the Spectrum to the "Focal Sphere"
The equalization process can be separated into three steps:
a) Remove the effects of the crust and the free

surface at the receiver. This is done by using
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the Haskell matrix method (Haskell, 1962) to
calculate the transmission coefficients of a stack
of solid layers at the spectral frequencies of our
data, and divide the spectrum by the coefficients
(for the amplitudes only). The choice of a crustal
structure under the receiver presents some problem
since we very seldom have the information right
under the station. As an approximation we have
used published crustal structures in regions
adjacent to the place in question. It was pointed
out by Ben-Menahem et al (1965) that for periods
longer than 10 seconds the influence of the crustal
structure is not significantly different from one
model to another. We used several continental
structures published in a work by Steinhart and
Meyer (1961) for continental stations and an average

oceanic structure (Raitt, 1963) for oceanic stations.

Remove the effect of geometric spreading along a
curved ray.
This is done by multiplying the spectrum by the

frequency independent factor
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published by Ritzema (1958) for a depth of 0.03

As before 5 is are obtained from curves

Radius of the Earth.

4) Compensate for the anelastic loss of energy.
This is a frequency dependent compensation: the spectrum

is multiplied by

o J y(w, A) dA

_ ds
" C Qlr) Vie

where r is the distance from the center of the Earth to the point
on the ray, Q is the intrinsic loss factor of the materxial, V the
velocity and ¢ is the ray path. (Appendix 1I)

The above three operations convert the observed spectrum

at a station to a point on the focal sphere, namely

sinA cosiO

N

§Co_, 65 w) = r F) T T ~ %f—s

L

| = sin 1
5

eJy(w, A) da
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as prescribed in the section on Basic Formulae.

Determination of Source Mechanism

The equalized spectrums are then plotted as a two dimensional
curve with amplitudes as ordinates and along the abscissa
stations are arranged in the order of increasing azimuthal angle
(figure 16). The actual radiation pattern is a three dimensional
one; we have suppressed in dimension.

We then calculated the theoretical P wave radiation pattern
using the §, A and strike direction obtained from the first
motion study as trial values, the §, A and strike direction are
then varied to find a best fit to the observed pattern (figure 16).

2y o 2080 and strikes at

The answers we arrived at are § = 63
N24°E. This is indeed very close to the result of first motion

study. We have also shown the corresponding P traces at those

stations we used in the radiation pattern plot. (Figure 16).
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Integration for Energy

As in the case of a shallow shock, once the radiation pattern
has been determined the integration for energy is relatively easy.
Theoretically, we should be able to obtain the energy in P or S using
one three-component set of seismograms. However, owing to the noise
problem, there will be some fluctuations in the spectrum that could
cause the frequency integral to vary from one station to another
even after the correction for radiation pattern is made. A better
approach to this problem is to choose as many spectra as we can,
preferably with stations. located at the maxima of the radiation
pattern as we have done in the case of surface waves in the previous
section.

The results of integration for the P wave based on 7 stations
and S wave based on 2 stations are listed in Table VIII.

It is seen again that the energy we obtained is considerably
higher than that predicted by applying Gutenberg and Richter's
formula. The P to S ratio in this case, however, is small compared
either to the theoretical results we obtained or to that of Haskell's.

We shall discuss this fact in a later section.

Banda Sea Deep Earthquake of 21 March 1964
The first motion study and the radiation pattern of this
earthquake had been published by Teng and Ben-Menahem (1965). They

had shown also that the fault elements derived from the first motion
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study can be used as input parameters to the theoretical radiation
pattern given by Ben-Menahem et al (1965) to predict the spatial
variation of the P wave amplitudes. The techniques used in Teng
and Ben-Menahem's work are essentially the same as those we employed
to investigate the Tonga Earthquake.

For the energy integration we have used the P spectra from
SEO, BAG, HKC, MUN, TAV, RAB and COL and the S wave spectra from
SEO and AFI. The results of integration together with other pertinent

data are presented in Table IX.
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Calculation of Energy for Earthquakes with Known

Fault Mechanisms

In the previous section we have shown that at least for
intermediate and deep earthquakes the amplitude radiation pattern
can be predicted by theoretical formulation (Ben-Menahem et al, 1965)
with fault elements obtained from first motion studies. We will now
use seismograms from one single station (Pasadena 30-90 records)
to calculate P and/or S energies from several intermediate and deep
earthquakes for which the source mechanisms have been derived from
first motion studies by Hodgson and Metzger (1961) and Hodgson and
Wicken