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Abstract

The distribution of U and Th between crystals and quenched silicate melt has been
measured in experimentally crystallized natural and synthetic starting compositions.
Clinopyroxene was crystallized from two natural basalts and a synthetic composition on the
diopside-anorthite join, olivine from one of the natural basalts, and garnet from a synthetic
andesite. Clinopyroxene and olivine were crystallized at atmospheric pressure under
controlled oxygen fugacity and U and Th distributions were determined by particle track
radiography. Garnet crystals were grown at 27 Kbars and actinide distributions were
determined by secondary ion mass spectrometry. Crystals were grown by slow cooling in
an effort to maintain chemical equilibrium at the crystal-melt interface.

Clinopyroxene- and olivine-melt partition coefficients (DF/14 = C¥/Cl9) were
calculated from track distributions by correcting for chemical zoning in the crystals (a result

of fractional crystallization) and particle range differences between the crystals and glass.
Over the range of fO2s and compositions studied, chx/liq =0.0021 - 0.0093, Dc.gxl{liq =

0.0047 - 0.021, and D14 < 0.00005. Gamet-melt partition coefficients are D/'d =

0.0013 and D%.”;lliq =0.0122. In order to study the effect of the U valence state distribution

on U-Th fractionation, clinopyroxene crystallization experiments were run at oxygen
fugacities corresponding to the Ni-NiO (NNO), Fa-Mt-Qz (FMQ) and 1 log unit more

oxidizing than Fe-FeO (IW+1) oxygen buffers. All compositions show an increase in

D%”‘mq with decreasing fO», presumably from the increasing proportion of U4+ in the
melt. DC.}”"]ﬂiq displays little variation with fO», consistent with the fact that Th is solely

tetravalent. Dc_lq;/liq does show an apparent small decrease with decreasing fO» in one

composition, and this is interpreted to be due to compositional changes stemming from
variable amounts Na-loss with fO7. A limited compositional analysis indicates that

actinides may be incorporated into clinopyroxene by means of a (U,Th)*+ + 2Na* <
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3Ca2* coupled substitution in the M2 site. This mechanism predicts a positive dependence
of the actinide partition coefficients on (Df:p:mq)-”/(D‘;fI”;mq)z.

While there is evidence for deviations from interfacial equilibrium during crystal
growth, D}V and DSV are affected similarly. This results in DX}"9/DXV14, which
gives a measure of the degree of U-Th fractionation possible by crystal-melt partitioning,
being insensitive to these deviations. DC.IQ’;{“Q/D%”WQ is well behaved, approximately
independent of composition, and decreases by a factor of 2 - 3 as the fO; decreases from
NNO to IW+1. This indicates that U-Th fractionation by crystal-melt partitioning is fOp
dependent.

These results indicate that U-Th fractionation by clinopyroxene-melt partitioning
during partial melting will result in a melt with Th/U less than the clinopyroxene, U-Th
fractionation by olivine will be insignificant for physically realistic melt fractions, and U-Th
fractionation by garnet will result in a melt with Th/U greater than the gamet. The observed
pattern of 238U-230Th disequilibrium in oceanic basalts (MORB and OIB) requires a net U-
Th fractionation that is large, ubiquitous, and results in (238U/230Th) < 1. With these
constraints, fractionation by partial melting of spinel lherzolite is ruled out. The sense of
U-Th fractionation by garnet is consistent with oceanic basalts, but the magnitude of
fractionation is much smaller than the entire range in observed fractionations. Since partial
melts of neither spinel nor garnet lherzolite can match the sense and magnitude of 238U-
230Th disequilibrium in MORB and OIB, partial melting is considered unimportant in
generating 238U-230Th disequilibrium in oceanic basalts. 238U-230Th disequilibrium in
MORB and OIB must therefore result from some process other than partial melting, and

possible alternative mechanisms are presented.



Contents

Acknowledgements
Abstract
List of Figures and Tables
1. Introduction
1.1 Background: Th/U and U-Th fractionation

1.1.1 U-Th fractionation in Terrestrial Volcanism Revealed by
238y-230Th Disequilibrium

1.1.2 Long Term Evolution of Terrestrial Th/U From Pb Isotopes
1.1.3 Th/U in Meteorites and Lunar Samples
1.2 Thesis Approach and Scope
2. Experimental and Analytical Techniques
2.1 Overall Experimental Plan
2.1.1 Bulk Compositions
2.1.2 Run Conditions
2.1.3 Trace Element Spikes
2.1.3.1 Clinopyroxene and Olivine Experiments
2.1.3.2 Garnet Experiments
2.2 Preparation of Starting Materials
2.2.1 Clinopyroxene and Olivine Experiments
2.2.2 Garnet Experiments
2.3 Crystallization Runs
2.3.1 Clinopyroxene and Olivine Experiments
2.3.2 Garnet Experiments
2.4 Analytical Techniques

2.4.1 Fission Track Measurements



vi

2.4.2 Alpha Track Measurements

2.4.3 Microprobe Measurements

2.4.4 Secondary Ion Mass Spectrometry Measmjements
Appendix 2.1: Fe-Presaturation of Pt Containers
Appendix 2.2: Preliminary Experiments
Appendix 2.3: Removal of Gold Coats From Micas
Appendix 2.4: SEM/Optical Correction Factor for Fission Track Counts
Appendix 2.5: Test for Alpha Track Fading
Appendix 2.6: Track Counting Reproducibility

3. Experimental Results

3.1 Clinopyroxene

3.1.1 General Description

3.1.2 Calculation of Partition Coefficients From Particle Track
Maps

3.1.2.1 Range Correction
3.1.2.2 Zoning Correction
3.1.2.3 Partition Coefficients and Errors
3.1.3 Approach to Interfacial Equilibrium
3.1.4 Glass Homogeneity
3.1.5 Crystal Compositions
3.1.6 U and Th Partitioning
3.1.6.1 TUBAS Runs
Thorium
Uranium
Slow Cooling Rate Run

Adopted Partition Coefficient Values
cpx/liq myepx/lig
D Th /D U

30
35
36
38
39
42

45
47
47
47

52
52
56
58
59
60
67
70
70
74
79
90

92
96



vii
3.1.6.2 YULO Runs
3.2 Compositional Dependence of Actinide Partitioning in Clinopyroxene
3.2.1 Clinopyroxene Subs_titution Mechanisms for the Actinides

3.2.2 Relationships Between Actinide Partitioning and Major
Element Composition

3.3 Olivine

3.4 Garnet

Appendix 3.1: Fission and Alpha Particle Range Correction Factors
Appendix 3.2: Derivation of Zoning Correction

Appendix 3.3: Calculation of Pyroxene End-Members

Appendix 3.4: Derivation of Activity-Composition Relationships for
Clinopyroxenes

4. Discussion and Application of Results
4.1 Summary of Results

4.2 Comparison With Previously Published Data
4.3 Relative Magnitudes of Df‘rﬂ'{“q and D’l‘}wq: Clues From the

Lanthanides?
4.4 U-Th Fractionation
4.4.1 238y-230Th Disequilibrium in Young MORB and OIB
4.4.2 Evolution of Th/U in the Earth
4.4.3 Th/U in the Solar System
5. References
6. Appendices
Appendix I:  Uranium and minor element partitioning in Fe-Ti oxides
and zircon from partially melted granodiorite, Crater Lake,
Oregon, by T. Z. LaTourrette, D. S. Burnett and C. R.
Bacon (1991) Geochim. Cosmochim. Acta 55, 457-469.

101
107
107

117
122
125
139
140
142

147
150
150
151

156
166
166
187
189
193

205



viii
Appendix II: Experimental determination of U and Th partitioning
between clinopyroxene and natural and synthetic basaltic
liquid, by T. Z. LaTourrette and D. S. Burnett (1992)
Earth Planet. Sci. Lett. 110, 227-244. 218



2:3
2.2
2.3
2.4
2.5
3.1
3.2
3.3

3.4
3.5

3.6
37
3.8
3.9
3.10
3.11
3.12
313
3.14
315
3.16
3.17
4.1
4.2

4.3

ix

List of Figures

Sample preparation flow chart

1 atm furnace and charge assembly
Time-temperature schematic

High pressure run assembly

Fission track maps of experiments
Photo of sample

TUBAS pyroxene compositions
MgO vs. Alp03 for TUBAS glasses
Minor element zoning profiles in TUBAS crystals
DC.IQ’;{UQ vs. fO2

DBV vs. [Nalepx

chx/liq vs. fO2

D%)X/liq vs. Ud+/US+
ch’f]mq/chxmq vs. fO2

YULO D vs. 0y

YULO [Al203]cpx vs. O

D%’xmq and DC.IE’;lmq vs. equation [23]
D%xﬂiq and Dc'%/liq vs. equation [24]
D$/M4 and DY vs. O,
G14-SMUT garnet compositions
Dgl‘fliq and Dgrvlll‘q vs. fO2
DAY vs. 10,

chx/ MBMK e Dc{i"l{mamx from literature

Daué"éa”i" vs. ionic radius from literature

k vs. Th for MORB and OIB

14
19
23
26
31
48
53

68
75

80

82

88

97

102
105
113
118
123
128
135
137
154
158

168



4.4
4.5

2.1
2.2
3.1

3.2
3.3
3.4
3.5
3.6

3.7
3.8

3.9
3.10

4.1

X
Calculated k vs. Th for partial melt from spinel lherzolite

Calculated k vs. Th for partial melt from garnet lherzolite
List of Tables

Starting compositions
Experimental run conditions

Major element compositions of crystals and quenched melt from
clinopyroxene and olivine crystallization experiments

Raw fission and alpha track data

Clinopyroxene-melt partition coefficients for U and Th: Di7jAnpg
Clinopyroxene-melt partition coefficients for U and Th: Juan de Fuca
Clinopyroxene-melt partition coefficients for U and Th: Takashima

Summary of 1.7°C/hr clinopyroxene-melt partition coefficients for
U and Th

Adopted clinopyroxene-melt partition coefficients for U and Th

Compositions of crystals and quenched melt from gamet crystallization
experiments

SIMS analyses of garnet crystallization experiments

Comparison of D%'{]lliq determined by SIMS and electron microprobe
analysis

U and Th partition coefficients used for melting calculations

175
179

18
29

50
62
71
72
73

94
95

126
130

132
173



Chapter One

Introduction

Measurements of U and Th in igneous rocks indicate that U and Th exhibit fairly
similar geochemical behavior and are highly incompatible in the major rock forming
minerals. Thus, little U-Th fractionation is expected in planetary igneous processes. In
accordance with this expectation, there is a relatively strong coherence for U and Th in
lunar rocks and meteorites (e.g., Taylor 1982), and during planetary differentiation actinide
elements become highly concentrated in the crust. However, despite their geochemical
similarity and highly magmaphile nature, significant fractionation of U and Th can occur.
There are well documented deviations from the solar system Th/U value of = 3.5 -4 in
virtually all types of terrestrial volcanic rocks, chondrites, CAls, and Apollo 17 mare
basalts (Gill et al. 1992; Hagee et al. 1990; Murrell and Burnett 1987; Laul and Fruchter
1976). Our present understanding of the geochemical behavior of U and Th during
igneous processes is derived mainly from measurements in natural rocks, where the
temperature, pressure, phases involved, compositions, oxidation state, etc. of the system
are often not well constrained. Consequently the origins of these fractionations are poorly
understood. I undertook this study to provide the beginnings of an experimental

framework with which to interpret U-Th fractionations in nature.
1.1 Background: Th/U and U-Th Fractionation

1.1.1 U-Th Fractionation in Terrestrial Volcanism as Revealed by 238U-230Th
Disequilibrium
Th/U in terrestrial rocks varies considerably in both space and time (Gill et al. 1992;
Tatsumoto 1978). One of the best illustrations of this variation is the existence of 238U-
230Th disequilibrium in young volcanic rocks. Because of the relatively short half-life of

230Th (75.4 Ka), this disequilibrium requires that fractionations of U and Th be recent, and
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thus gives a measure of the present rate of Th/U evolution in the mantle. Secular
disequilibrium between 238U and its radiogenic daughter, 230Th, results when either U or
Th is preferentially extracted from or added to a system. Subsequent to this change,
radioactive decay brings the system back into secular equilibrium in 3 - 5 half-lives, or 225
- 375 Ka. The existence of 238U-230Th disequilibrium in volcanic rocks therefore provides
unequivocal evidence for U-Th fractionation within the last = 0.3 Ma. Because the half-life
of 230Th is relatively short, 238U and 230Th in the source regions for volcanic rocks are
often assumed to be in secular equilibrium, and thus their activities equal. This means that
the initial conditions are much better constrained than for other radioactive decay systems.
Thus, this system has the unique advantage that the degree of 238U-230Th disequilibrium
provides a quantitative measure of the amount of U-Th fractionation. Immediately
following a fractionation event the degree of radioactive disequilibrium is equal to the
degree of U-Th fractionation produced during the event (i.e., (238U/230Th) ey =
[U/Th]mel/[U/Th]sources Where parentheses indicate activity ratios and brackets indicate
elemental ratios). Therefore we know that a young volcanic rock with (238U/230Th) =
0.85, for example, has U/Th 15% lower than that of its source.

238-230Th disequilibrium and Th isotope measurements are extremely powerful
tools for understanding a variety of petrologic problems. In many cases, however, the
interpretation of these measurements is limited by a lack of accurate knowledge of U-Th
fractionation mechanisms. These limitations can be illustrated in four important
applications of U-series disequilibrium: 1) Determining the degree of partial melting in the
source (McKenzie 1985; Williams and Gill 1989). Perhaps the most profound aspect of
238U-230Th disequilibrium is that the degree of disequilibrium can potentially provide a
quantitative measure of the degree of melting. This application depends on the assumption
that the disequilibrium arises from partial melting and requires detailed knowledge of the
crystal-melt partitioning behavior of U and Th. 2) Discerning Th/U variations in a

magmatic source region (e.g., Ben Othman and Allegre 1990). The Th/U of a magmatic
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source can be inferred from (230Th/232Th) of erupted lavas, provided that the fractionation
event was more or less instantaneous and little time has passed since segregation from the
source. For regions undergoing roughly continuous volcanism, such as mid-ocean ridges,
melting is probably more of a continuous process and any disequilibrium in the erupted
lavas will reflect time-integrated fractionations. Only with adequate knowledge of the
extent and variation of U-Th fractionation with melting, transport, and crystallization can
meaningful [Th/U]source values be extracted from (230Th/232Th). 3) Providing constraints
on magmatic evolution (Condomines et al. 1982). Variations in (230Th/232Th) through the
eruptive history of a single volcano can be used to distinguish open or closed system
magmatic evolution and identify episodes of magmatic reinjection or contamination. A
quantitative understanding of U-Th fractionation would help determine origin and amounts
of such added components. 4) Dating young volcanic rocks. 238U-230Th disequilibrium
can be used to date a U-Th fractionation event in one of two ways. An internal isochron
can be constructed with measurements of individual phases separated from a sample; this
method presumably dates U-Th fractionation accompanying crystallization (e.g.,
Condomines et al. 1982). In general, the details of U-Th fractionation are unimportant for
interpreting ages determined with this method. As long as the isochron is defined by at
least three phases, the individual mineral fractionations are constrained to be coeval and
must have occurred after melting and before eruption. Whole rock 238U-230Th
disequilibrium ages, however, are subject to more uncertainty (e.g., Goldstein et al. 1992).
The U-Th fractionation being exploited with this technique is that of the erupted lava
relative to the source and it is not constrained to have occurred in the magma chamber.
While whole rock 238U-230Th disequilibrium is thought to occur during partial melting,
there is often no way to rule out fractionation of the source prior to melting, or fractionation
after eruption by alteration. This represents a significant temporal uncertainty. It may be
possible to distinguish these alternative fractionations with detailed knowledge of the

partitioning behavior of U and Th.
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As has been seen for various other isotopic and trace element systems, it is quite
likely that the applications and our interpretations of 238U-230Th disequilibrium will evolve

with our understanding of the geochemistry of U and Th.

1.12 Long Term Evolution of Terrestrial Th/U From Pb Isotopes

In contrast to 238U-230Th disequilibrium, Pb isotopes are sensitive to long term
variations in Th/U, and, combined with recent Th/U measurements, indicate that Th/U has
varied on a billion year time scale (e.g., Tatsumoto 1978). A time-integrated Th/U for the
upper mantle, <Th/U>, can be estimated from Pb isotopes in MORB by measuring 208Pb
and 206Pb, which are the stable radiogenic daughters of 232Th and 238U, respectively.
<Th/U> is calculated from [208Pb/206Pb)] after correcting for the primordial [208Pb/206Pb]
(estimated from meteorites) and the decay of 232Th and 238U over the age of the Earth.
From measurements of young MORB, <Th/U> = 3.75. This calculated value for <Th/U>
integrates changes over the history of the Earth and represents an average value. The
present Th/U of the upper mantle can be estimated from (230Th/232Th) of MORB lavas.
Assuming that the source region is in secular equilibrium and the time between partial
melting and eruption is short, (230Th)sample = (2330Th)source = (238U)source- [Th/Ulsource
and (230Th/232Th)gample are then inversely related by the decay constants of 232Th and
238U. This type of estimate for the present Th/U gives 2 - 2.5, significantly lower than
<Th/U> (Galer and O'Nions 1985). This discrepancy is enigmatic, as the modern Th/U is
too low to support the long term radiogenic growth of 208Pb, but is broadly consistent with
(238U/230Th) < 1 in MORB lavas, which indicates that repeated extraction of MORB will
progressively decrease Th/U of the source (Oversby and Gast 1968). An understanding of

U-Th fractionation mechanisms can add constraints to Pb isotope evolution models.

1.1.3 Th!U in Meteorites and Lunar Samples
As previously mentioned, Th/U in meteorites and lunar rocks shows much less

variation than in terrestrial samples. Most lunar mare basalts have Th/U between 3.4 and
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4.2 (Taylor 1982) and most chondrites do not vary significantly from a range of Th/U =
3.5 - 4.0 (Hagee et al. 1990; Chen et al. 1992a,b). There are, however, marked exceptions
to these values. Most notably, the Apollo 17 mare basalts have very low Th/U =2 - 3.5
(Laul and Fruchter 1976), and the Harleton and Glattén L6 chondrites have very high Th/U
> 6 (Unruh 1982; Chen et al. 1992a). While not as common, U-Th fractionations in lunar
and meteoritic samples are important to understand because they arise under very different
petrogenetic conditions (e.g., very reducing, absence of appreciable water) from terrestrial
fractionations. In addition to helping illuminate petrogenetic processes, understanding U-
Th partitioning is necessary for determining whole planet U and Th abundances. These
values are required for accurate cosmochemical and heat flow modelling, and often must be
calculated from measurements of only a small portion (i.e., the crust) of a planet due to

sampling limitations.

1.2 Thesis Approach and Scope

This thesis was motivated by the problem of understanding U-Th fractionations in
igneous processes. Trace elements can be fractionated during virtually every step of the
geochemical cycle. Some common processes known to fractionate trace elements are
partial melting, separation of immiscible liquids, crystallization, assimilation of xenolithic
material, degassing, oxidation, hydrothermal alteration, and weathering. Each trace
element conforms to a specific set of rules, and thus responds uniquely to a given process.
Consequently, one of the most useful features of trace element fractionations is their ability
to betray the petrologic history of a sample. However, in order to properly interpret the
trace element signature of a sample, the rules for a given element must be known. One way
to determine these rules is by experimentally measuring behavior of trace elements in
response to known parameters. Results from such experimental studies, when used with

appropriate caution, can be extremely useful in interpreting data collected from the Earth.



6

In this study I specifically addressed the extent to which crystal-melt partitioning can
fractionate U and Th. Of the several igneous processes mentioned above that may
fractionate trace elements, partial melting, buoyant rise of magma, and subsequent
crystallization are thought té be the primary differentiation processes in the terrestrial
planets, and therefore have been regarded as the most fundamental trace element
fractionation mechanisms. As yet, there is a dearth of such basic crystal-melt partitioning
data for the actinides. This is perhaps surprising considering the fairly large amount of data
for some other trace elements, for example the rare earths. Two possible reasons for this
deficiency are that (1) U and Th are extremely magmaphile, and thus their crystal-melt
partition coefficients are very difficult to measure and (2) the potential implications of 238U-
230Th disequilibrium are only recently being recognized and utilized (e.g., McKenzie
1985).

High temperature crystal growth experiments were run with natural and synthetic
silicate starting compositions. The U and Th distribution between the resulting crystal and
glass (quenched melt) run products were then used to determine the equilibrium crystal-
melt partition coefficients. While the data were acquired from crystallization experiments,
their main applicability is in partial melting. Actual partial melting experiments (e.g.,
Harrison 1981) were not performed because the successful execution and interpretation of
such experiments is much more difficult than crystallization experiments. The phase
equilibria is much more complicated (4-6 solid phases + melt as compared to 1 solid phase
+ melt in crystallization experiments), making it very difficult to assign crystal-melt
partition coefficients to individual phases. In addition, complete trace and major element
equilibration between a partial melt and coexisting solid phases is a very slow process,
limited by solid-state diffusion. Finally, large (> 100 pm) crystals are needed to measure
the very low actinide partition coefficients with particle track radiography, the technique

used in this study.
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Of the major mineral phases thought to comprise upper mantle, clinopyroxene, with
its large, 8-fold, M2 site, is typically regarded as the primary host for large ion lithophile
elements such as U and Th. Evidence for this assumption is discussed in chapter 3.
Ac@rﬁngly, most of my work was on clinopyroxene-melt partitioning experiments.
While the trace element content of olivine is typically quite small, its large modal abundance
enhances the significance of olivine in terms of bulk partition coefficients, so I have
determined limits on olivine-melt partition coefficients. Garnet is an important residual
phase in the petrogenesis of ocean island alkali basalts (e.g., Frey et al. 1991), and
possibly some MORBs (Salters and Hart 1989; Johnson et al. 1990; Bender et al. 1984),
so garnet-melt partition coefficients were determined.

The basalt compositions I studied are representative of two of the more common
basalt types on Earth, a MORB and an alkali basalt, and between them span a moderate
range in composition. In addition to the data being applicable to basalts with similar
compositions, the data put some constraints on the compositional dependence of U-Th
partitioning.

Some earlier measurements of the U and minor element distribution between Fe-Ti
oxides, zircon, and glass in partially melted granodiorites from Crater Lake, Oregon are
included as Appendix I (LaTourrette et al. 1991). This work was done in collaboration
with Charles Bacon of the U. S. Geological Survey in Menlo Park, California and it was
initiated while he was a visiting professor at Caltech. The measurements were prompted by
the frequent use of "magnetic mineral separates” to define internal isochrons in 238U-230Th
disequilibrium dating studies (e.g., Condomines et al. 1982). These measurements are not
discussed in the body of the thesis, and the important conclusions of that study were: Fe-
Ti oxide crystallization cannot significantly fractionate U from Th in the residual melt (nor
can retention of Fe-Ti oxides in the source during partial melting) under the shallow crustal
conditions studied, and the 238U-230Th disequilibrium measured in magnetic mineral

separates is probably due to contaminants such as apatite; due to their slow dissolution
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rates and isolation in large plagioclase crystals, accessory phases such as zircon and apatite
may be retained in the source region during crustal fusion well beyond the point that they
should be consumed according to equilibrium considerations; the granodiorite blocks,
interpreted to be fragments of the walls of the Crater Lake magma chamber (Bacon 1992),
may have been partially molten for 800-8000 years. Partitioning measurements on natural
samples are important for determining the extent of possible non-equilibrium partitioning in
nature and the effects of conditions impossible to reproduce in the laboratory (e.g., very

long time scales, equilibration in silica-rich systems, both of which apply to this study).



CHAPTER TWO

Experimental and Analytical Techniques
2.1 Overall Experimental Plan

2.1.1 Bulk Compositions

I used five bulk starting compositions in this study (Table 2.1): two modified natural
basalts and one synthetic composition for the clinopyroxene experiments, the unmodified
form of one of the basalts for the olivine experiments, and a second synthetic composition
for the garnet experiments.

Of the three clinopyroxene-bearing compositions, the first is an aphyric basalt from
the extreme southern end of the Juan de Fuca ridge (TT152-37). This sample was
recovered from a dredge haul on cruise 152 of the R/V T. Thompson (University of
Washington) and was provided by D. Stakes. Itis an Fe- and Ti-rich MORB and is briefly
described in Eaby et al. (1984) and Liias (1986). The second composition is an alkali
basalt from Takashima, Japan (Kuno 1965) provided by H. Nagasawa. Ichose this
sample for compositional variation and because Nagasawa and Wakita (1968) measured U
and Th partition coefficients between large augite crystals and groundmass in the original
rock. The analytical work of Nagasawa and Wakita appeared to be carefully done, thus
this sample offered an interesting opportunity to compare experimental and phenocryst-
matrix partition coefficients. The third is a synthetic Diopside + Anorthite glass (Di71Angg
by mole), which I included to a) serve as a chemically simple and stable composition (I
expected some alkali- and Fe-loss from the basalts), b) increase the compositional variation
among the samples and ¢) to compare to the results for DisgpAnysAbas of Benjamin et al.
(1980). The major compositional differences among the three are the FeO and alkali

contents.
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Because clinopyroxene experiments were run at atmospheric pressure, I added 10
wt% CaSiO3 to the two basalts in order to saturate them with clinopyroxene at 1 atm (the
Takashima and Juan de Fuca basalts have olivine and plagioclase, respectively, as liquidus
phases at 1 atm). For the Takashima basalt, I found that adding wollastonite was the
quickest route to clinopyroxene saturation, and 10 wt% is the minimum amount necessary.
For simplicity, I did the same thing with the Juan de Fuca basalt and was successful.
Additional wollastonite raises the CaO content, but the SiO2 content is virtually unchanged,
as wollastonite has about the same amount of SiO3 as the basalts. Olivine crystals were
grown from the unmodified Takashima basalt

The synthetic garnet-bearing composition is andesitic ("Andesite" from Green and
Ringwood 1968). I chose it because it has gamet as the sole solid phase on the liquidus.
This insured that I would encounter no complications from actinide partitioning into
multiple crystallizing phases. A potential drawback is that the data may not be directly

applicable to mantle melting.

2.1.2 Run Conditions

I ran most experiments (clinopyroxene and olivine runs) at 1 atm total pressure in
order to utilize the advantages of fO; control by gas mixing. Th is solely tetravalent, while
U has multiple valence states and has been shown to be multivalent in systems of similar
composition and fO; (Calas 1979; Schreiber 1983). It is therefore likely that U partitioning
is sensitive to fO2. To investigate this, I crystallized each composition at oxygen fugacities
corresponding to 3 different oxygen buffers: Ni-NiO (NNO), Fa-Mt-Qz (FMQ) and 1 log
unit more oxidizing than Fe-FeO (IW+1). In addition to affecting the valence state
distribution of U, changing the fO5 can alter the phase compositions and possibly the
crystal and melt structures in Fe-bearing systems, and in doing so may have additional

effects on trace element partitioning.
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Because garnet is not stable at 1 atm, the gamet crystallization experiments were run
at high pressure in a piston-cylinder press. The fO3 in these experiments is fixed near Ni-
NiO by the capsule assembly (Taylor and Green 1986) and was not varied in these runs.

I grew crystals by slowly cooling the sample from the liquidus. I used this method,
as opposed to isothermal runs, for two reasons. First, I was not convinced that the crystals
could equilibrate with the melt isothermally in any practical time period. When an
experimental charge is brought directly to a sub-liquidus temperature the crystals grow
extremely rapidly and are often radically out of chemical equilibrium with the melt because
movement of components is limited by diffusion. Subsequent re-equilibration of crystal
and melt is limited by diffusion in the crystal, which is extremely slow for trace elements
(Seitz 1973a; Sneeringer et al. 1984), or by crystal dissolution and reprecipitation, which
can only equilibrate the crystal rims. Second, I need large (= 100 pm), inclusion free
crystals for particle track analysis. Isothermally grown crystals are typically skeletal or
acicular.

The cooling rate appears to have been slow enough to allow diffusive homogeneity of
major and trace elements in the melt during crystal growth (see section 3.1.4 ), but
diffusion in the crystals is too slow to allow continual re-equilibration with the melt.
Crystal growth by slow cooling should therefore approach fractional crystallization with
equilibrium maintained at the crystal-melt interface. It is important to note that in this type
of experiment the bulk crystal is not in equilibrium with the final melt composition, but
with the assumption that local equilibrium was maintained at the crystal-melt interface
during growth, crystal liquid partition coefficients can be calculated with a fractional

crystallization (zoning) correction.
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2.1.3 Trace Element Spikes

2.1.3.1 Clinopyroxene and Olivine Experiments

235U and 230Th were added to the starting compositions for particle track analysis.
In addition, I added higher concentrations of 233U and 232Th for ion probe analysis. In an
effort to study potential sources of Ra-Th fractionation, I also added Ba as a chemical
homolog of Ra in some of the mixtures. Lastly, I added Sm to the starting compositions.
The partitioning behavior of Sm in clinopyroxene is well documented and Sm is compatible
enough to be measured with an electron microprobe, allowing me to monitor trace element

distribution with higher spatial resolution than is possible with particle tracks.

2.1.3.2 Garnet Experiments

Because of the low modal abundance of garnet observed in mantle xenoliths, garnet
must significantly fractionate U and Th to significantly affect U/Th of a partial melt. For
8% modal gamet and 5% melting, a gamnet-melt partition coefficient below about 0.05 will
have little effect. Consequently, to simplify the analyses, I designed the gamet
crystallization experiments with spike levels such that U or Th concentrations in garnet
corresponding to D&Vli4 > 0,05 could be determined from electron microprobe analyses.
This minimum partition coefficient value, coupled with an electron microprobe detection
limit of = 500 ppm, required 238U and 232Th spike levels of 1 wt%. In addition to U and
Th, I added 3000 ppm Sm. As for clinopyroxene, Dgs'{lr:q was also determined with the
electron microprobe in order to compare to previous experimental studies.

As it turned out, electron microprobe analyses of the garnet crystallization
experiments indicated that U and Th concentrations in the garnets were below the limits for
quantitative analysis, but it appeared that Dg{!}/liq > DgT‘/}lliq. The magnitudes of the partition
coefficients are small, but because D/Dy appeared to be the opposite sense of that found
for clinopyroxene, I obtained secondary ion mass spectrometry (SIMS) analyses of these

experiments.
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2.2 Preparation of Starting Materials

2.2.1 Clinopyroxene and Olivine Experiments

Preparation of the starting materials is presented in flow chart foﬁn inFig2.1. I
sawed a single = 100 g chunk of the Takashima basalt into = 1 x 2 x 5 cm pieces with a
diamond saw, ground the saw marks off with SiC, and boiled the pieces in distilled water.
I then broke these pieces into cm3-sized pieces in plastic bags with a steel hammer, crushed
them to fine gravel size in a mini jaw crusher and ground them to powder in a tungsten-
carbide shatter box. The Juan de Fuca ridge basalt was received in sub-cm3-sized pieces,
100 g of which I washed in distilled water and ground in a tungsten-carbide shatter box.

To make the wollastonite component, I mixed SiO; and CaCO3 (Johnson-Matthey
Puratronic) together and decarbonated it in an alumina crucible by slowly heating to 900°C
in air and holding for 10 hours, and then grinding the mixture in an alumina mortar and
pestle for 20 minutes. In this and all following steps, I did all grinding under ethanol, and
all decarbonations and fusions in the Deltech furnace in 214 N. Mudd.

For each basalt composition I made a 5 g mixture of basalt + 10 wt% wollastonite
(4.5 g basalt + 0.5 g wo) and ground it in an automatic agate mortar and pestle for 4 - 5
hours. I then fused this mixture at 1300°C at FMQ for 2 hours in an open, Fe-presaturated
Pt crucible (see Appendix 2.1). An aliquot of wo-free Takashima basalt was also fused for
the olivine crystallization experiments. I found that the easiest way to extract the glass from
the crucible that also minimized crucible wear and tear was to gently squeeze the crucible in
a teflon-jawed vice until the glass cracked. I then placed a short teflon cylinder with a
diameter smaller than the crucible vertically in a large tray, and holding the crucible upside-

down, banged the glass onto the cylinder. After removal from the crucible I re-ground the
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Figure 2.1 Flow chart describing the preparation of the starting materials. Natural basalts
(Juan de Fuca and Takashima basalts) went through steps 1b - 12. Di7;Angg
composition went through steps 1s - 12, and G14 went through 1s-3s,7 - 9,
and then was reground/mixed. Grind/mix steps were done in an automatic

agate mortar and pestle under ethanol.
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glass in agate for 2 - 3 hours and dried at 110°C overnight. These glasses are labelled "T*
(Takashima + wollastonite), "J" (Juan de Fuca + wollastonite), and "TO" (Takashima).

1 prepared 4.2 g of the Diopside-Anorthite (Di7;An2g9 by mole) composition by
ﬁﬁxing Johnson-Matthey Puratronic SiO2, MgO, Al2O3, and CaCO3 together in an agate
mortar and pestle for 1.5 hours, decarbonating in air in an alumina crucible overnight at
980°C, and then re-grinding in agate for 3 hours. Ithen fused 1 g of this mixture in air in
an open 0.25" i.d. Pt tube at 1330°C for 2 hours and then coarsely crushed the resulting
glass in agate. This glass is labelled D2.

Trace element spikes were added as acid solutions to the starting glass powders. 1
used Johnson-Matthey Specpure ICP/DCP standard solutions for 232Th, Ba, and Sm
(10,000 pg/ml as nitrates in 5% HNO3 solution), and made a similar 10,000 pg/ml 238U
solution by dissolving UO3 in 5% HNO3. I used pre-existing 235U (376 pig/ml in HCI)
and 230Th (74.3 pg/ml in HNO3) solutions for the radioisotope spikes. Procedures that
involved radioactive materials were performed in a lexan glove box whenever possible, and
I wore a respirator whenever material was removed from the box.

I weighed out approximately 400 mg of starting glass and then quantitatively pipetted
the spike solutions into a single teflon beaker in the amounts to result in concentrations of
3000 ppm each of Ba and Sm + 1000 ppm each of U and Th + 50 ppm each of 235U and
230Th. I then dried this down to about 100 pl and pipetted in one or two drops into a
capsule made from 0.25" i.d. Pt tubing. Note that this procedure insures U and Th
isotopic equilibration and guarantees constant relative amounts of trace elements within a
single starting composition. All Pt tubing was annealed at = 1000°C and boiled in 6N HCl
prior to welding and loading, and Pt tubing used for the basalts was Fe-presaturated
(Appendix 2.1). In some cases I loaded the glass into the Pt capsule first, and added the
spike solution directly onto the glass. In other cases spikes were added to empty Pt
capsules and dried before the glass was loaded. Both techniques appear to result in

complete homogenization after fusing and ball milling.
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The Pt capsule containing the glass + spike was dried at 110°C overnight, then
crimped and slowly heated under N3 to 600°C (the trace element nitrates from the spikes all
break down to oxides at or below S00°C) for 2 - 3 hours. I then removed the capsules
from the furnace and quickly welded them shut. I fused the spiked glasses for 3 - 5 hours
70 — 100°C above their liquidi to homogenize and drop quenched them in water. After
removal from the Pt capsule the glass was ball-milled in agate for = 10 minutes. The
spiked glasses are labelled according to their bulk composition and spike (Th + U + Ba +
Sm =TUBAS): T-TUBAS, TO-TUBAS, J-TUBAS, D2-TUBAS. Bulk compositions
were determined from microprobe analyses of 2 hour super-liquidus runs at FMQ (Table
2.1).

Experimental charges for TUBAS runs were made 2 to 4 at a time by mixing the
spiked glass with polyvinyl alcohol and drying on Fe-unsaturated Pt wire loops (Fig. 2.2).
I made all charges from the same initial batch of starting material. I used 0.004" Pt wire for
the basalts to minimize Fe-loss during the runs, however Fe-loss was significant in some
runs. Ir wire, which results in less Fe-loss, was not used because it is incompatible with

neutron irradiations. For the Di7jAnpg runs I used 0.01" Pt wire.

2.2.2 Garnet Experiments

I prepared the garnet-bearing andesitic composition by mixing Johnson-Matthey
Puratronic SiOp, Al203, CaCO3, MgO, FexO3, NapCO3, K2CO3, and TiO7 together in an
agate mortar and pestle, decarbonating in air in an alumina crucible overnight at 1000°C,
and then re-grinding in agate for 2 hours. This composition is labelled G14. I added 1
wt% 238U and 232Th and 3000 ppm Sm as nitrate solutions to = 600 mg of G14 + ethanol
in an Al2O3 mortar and pestle and then ground the mixture for one hour. After drying
overnight at room temperature the mixture was heated to 500°C in air for 3 hours to

decompose the nitrates. The spiked composition is labelled G14-SMUT (Sm + U + Th =
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TABLE 2.1

Starting compositions(2)

Name Takashima(®  Juan de Fuca(®) Di71Angg Andesite Takashima(®)
Label T-TUBAS J-TUBAS D2-TUBAS G14-SMUT TO-TUBAS
Liquidus phase CPX CpX cpx pgamet olivine
Si0y (Wi%)  49.9+.8(d) S1.5R 50.2+.7 60.7+.5 49.6+.4
TiO2 1.64+.03 1.71£.01 1.05+.03 1.78+.12
AlLO3 14.09+.09 12.43+.04 12.25+.01 16.8+.2 16.1+.4
FeO™(©) 8.3+.2 10.49+.16 5.82+.09 9.7+.9
MnO .151+£.003 .197+.004 nd®
MgO 7.214.11 6.19+.06 11.83+.04 2.39+.01 8.3+.4
Ca0 12.58+.18 14.68+.06 24.2+.06 4.95+.08 8.5+.3
NaO 2.41+.05 1.88+.03 3.16+.08 4.3+.4
K20 1.41+.05 .087+.011 2.00+.04 1.86+.16
U (ppm) 1020320 730490 1000150 7900+510 (1000)@)
Th 7904250 700+100 7804180 8200410 (1000)
Sm 3260+190 29104200 2930+140 3260360 (3000)
Ba 3230430 2850+100 2610130 (3000)
Total 98.6 99.7 99.3 99.0 100.1

(a) Analyses of super-liquidus quench glasses (average of 34 points in a single sample)

(b) With 10 wt% wollastonite added

(¢) No wollastonite added, EDS analysis

(d) One counting statistics standard deviation
(e) FeO* = total Fe as FeO
(f) nd = not determined

(g) Values in parnethesis are nominal pipetted-in concentrations and were not determined
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Figure 2.2 (a) 1 atm furnace head assembly showing sample holder, thermocouple, and
oxygen sensor. A: Pt-PtggRhj( thermocouple, supported by bored Al,O3
rod. B: Al2O3 sample holder rod with Pt sample hanging wires. C: fO;
sensor assembly: 0.01" Pt wires connect to reference and sample sides of
doped zirconia electrolyte, D, welded to the end of an AlpO3 support tube.
fO2 =1 on reference side by means of a continuous flow of O3 through inlet
E in inner, bored Al203 rod. fO7 on sample side is maintained by continuous
flow of CO + CO3 through inlet F. G: O-ring gas seals. H: Brass furnace
head. I: AlO3 muffle tube. (b) Sample assembly. Powdered glass sample,
A, bound with polyvinyl alcohol on thin (0.004" - 0.01") Pt wire loop, B,
hangs from 4-bore Al2O3 disk, C. Sample is drop quenched by applying 15v
across heavy gauge (0.02") Pt hanging wires, D, fusing thin (0.004") Pt

suspension wire, E.
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Figure 2.2b
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SMUT). The bulk composition was determined from electron microprobe analyses of a

super-liquidus run (Table 2.1).
2.3 Crystallization Runs

2.3.1 Clinopyroxene and Olivine Experiments

I ran experiments at 1 atm pressure in a vertical quench furnace (Deltech; Fig. 2.2).
The fO7 in the TUBAS runs was controlled with CO-CO; gas mixtures and monitored with
a yttria-doped zirconia electrolyte calibrated to the Fe-FeO transition (Huebner 1987). The
precision and accuracy of the fO2 are believed to be £0.07 and £0.12 log units,
respectively. Temperature was measured with a Pt-PtggRhj( thermocouple calibrated to the
melting points of gold and palladium. The precision and accuracy of the temperature are
believed to be +2 and £5°C, respectively. I calibrated the thermocouple and O sensors
about every four runs.

I grew crystals by slowly cooling the sample according to the following recipe: melt

at 6 - 16°C above the liquidus (T;) for 1 - 2 hours (t;), drop to 0 - 2°C below the liquidus
(T} and hold for 24 hours (t;), slowly cool, typically at 1.7°C/hr, to 20 - 35°C below the
liquidus (Ty), and hold for 1 - 24 hours at this temperature (). A schematic time-
temperature diagram is shown in Fig. 2.3. The general shape of this cooling path is
derived from past lore in this laboratory, as well as my own investigations. For this
technique to work well the liquidus temperature must be known precisely. Consequently, I
made several preliminary runs with the unspiked and spiked glasses to determine the
liquidus and plagioclase-in temperatures (Appendix 2.2). In theory, the initial period at T;
melts most of the charge, leaving only a few nuclei. The period at T; is needed to allow a
few small seed crystals to nucleate and to allow the U valence state distribution to
equilibrate with the fO (Schreiber 1980).

Runs were initiated by putting the complete furnace head assembly, which includes

the sample, thermocouple, and O3 sensor (Fig. 2.2), directly into the hot spot of the
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Figure 2.3  Schematic time-temperature path of 1 atm crystallization experiments. Initial,

liquidus, and final times and temperatures are indicated.
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furnace, previously stabilized at T;, under N; flow. I then sealed the furnace shut, shut off
the N2, and admitted a preset mixture of CO-CO; gas flow to the furnace before the sample
reached 800°C. The sample reached T; after about 10 minutes. I ended all 1 atm runs by
drop quenching the charge in distilled water. Time-temperature histories are listed in Table
2.2. This technique successfully generated a few (1 - 5) large euhedral crystals and
occasional smaller crystals in each experiment. Individual runs are given an alphabetical
index (e.g., J-TUBAS-E) and individual crystals are given a numerical index (e.g.,
J-TUBAS-E2).

2.3.2 Garnet Experiments

Garnet crystallization were run in a piston-cylinder press and temperature was
monitored with a WosRes-W74Reag thermocouple. I used the piston-in method and
applied a 3.7% (1 Kbar) pressure correction. I ran all experiments at 27 Kbar and made no
correction for the effect of pressure on the thermocouple emf. A schematic diagram of a
run assembly is shown in Fig 2.4. The sample is loaded into a graphite capsule, which is
then sealed in platinum. Under conditions of fluid saturation, the fO; of this capsule
assembly will be buffered by the C-CO-CO; oxygen buffer. Under fluid-absent conditions
(the likely case in these experiments), however, this capsule assembly can reduce the
oxidation state of the charge, but not oxidize it. In this case the C-CO-CO; oxygen buffer
will be an upper limit for the fO; of the experiment. Determining the exact fO7 requires
knowledge of the Fe valence state distribution and CO; concentration in the melt (Holloway
et al. 1992). Ido not have this information, and thus can only be sure that the the fO7 of
these experiments was below C-CO-CO; buffer. I added Fe as Fe;O3 and performed
decarbonations and denitrations in air, however, so the initial starting material was very
oxidized. The fO; of these experiments may thus be near the C-CO-CO; buffer. The fO;
of the C-CO-CO; buffer is pressure and temperature dependent and for these conditions

logfO7 = - 6.66 (Taylor and Green 1986), which is just below the NNO oxygen buffer.
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Figure 2.4 Schematic cross section of piston-cylinder sample assembly used for garnet

crystallization experiments. Assembly is cylindrical.
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Thus, the fO of the garnet experiments is at least as low as the most oxidizing 1 bar
clinopyroxene runs.

Crystals were grown by slow cooling from the liquidus. After pressurizing, the
sample was brought to the run temperature in aboﬁt 5 minutes, held for a half hour, and
cooled 42 - 48°C at 4 - 6°C/hr. Samples were quenched by shutting off the power to the
furnace. Time-temperature histories are listed in Table 2.2. Individual runs are given an
numerical index (e.g., G14-SMUT-6) and individual crystals are given a numerical index
preceded by an x (e.g., G14-SMUT-6x1)

2.4 Analytical Techniques

2.4.1 Fission Track Measurements

U microdistributions were determined from a 235U fission particle track map in a
muscovite detector (Benjamin et al. 1980; Burnett and Woolum 1983). I potted the
samples, either whole or partially crushed, in Epoxylite epoxy (R-86 resin + C-304
hardener) and ground them until one or more suitable (> 100 pm) crystals were exposed.
After polishing to 0.25 pm, freshly cleaved muscovite detectors (Hughes Liberty) were
then tightly clamped onto the samples, and the assemblies irradiated with thermal neutrons
for 25 minutes for a total fluence of 1.8 x 1015 n/cm2. I also included a U standard glass
(National Bureau of Standards Standard Reference Material 961; contains 461 ppm
depleted U, 1.10 ppm 235U) in the top and bottom of each sample tube. Although not
strictly necessary for partition coefficient measurements, I included these standards to
monitor the vertical gradient of the neutron flux and to calculate absolute U concentrations.
The details of the physical assembly are similar to those used by Benjamin (1980).
Irradiations were performed in the lazy susan of the TRIGA reactor at U. C. Irvine, Irvine,
CA. Four irradiations were done throughout the course of the study; the irradiation number

for each sample is listed in Table 3.2.
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Experimental Run Conditions
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Experiment P fO2 T; (°C) t;(hr) Ty t; Ramp (°Chr) Tr tr
D2-TUBAS-G 1bar NNO 1312 1.5 1306 24 1.7 1273 175
D2-TUBAS-E 1lbar FMQ 1312 L5 1306 12 13 1274 3
D2-TUBAS-F 1bar FMQ 1312 1.5 1306 24 1.9 1273 27
D2-TUBAS-N 1bar FMQ 1313 1.5 1306 24 0.1 1279 1.7
D2-TUBAS-H 1bar TIW+l 1312 2.2 1306 24 1.7 1273 26
D2-TUBAS-L  1bar IW+l 1313 L3 1307 24 1.7 1275 24
J-TUBAS-G lbar NNO 1209 1.5 1200 27 474 1179 27
J-TUBAS-E lbar FMQ 1210 L5 1200 24 L7 1178 12,5
J-TUBAS-F lbar FMQ 1210 1.5 1200 24 1.7 1179 17
J-TUBAS-H Tbar  IW+l 1210 15 1200 24.5 L7 1182 14
J-TUBAS-L l1bar TW+1 1214 1.5 1201 24 1.7 1185 215
T-TUBAS-C lbar NNO 1210 1.5 1192 24 1.7 1159 4
T-TUBAS-I lbar NNO 1210 1.5 1195 24 1.7 1163 0
T-TUBAS-B lbar FMQ 1210 1.5 1195 24 1.7 1159 1
T-TUBAS-D Ibar IW+1 1209 1.5 1193 24 | 857 1163 34
T-TUBAS-H Ibar IW+1 1214 2 1194 24 1.7 1164 24
TO-TUBAS-D 1bar FMQ 1236 1.8 1227 24 L. 1186  25.5
G14-SMUT-6  27Kb FMQ+0.3 1355 0.5 6 1313 25
G14-SMUT-8 27Kb FMQ+0.3 1355 0.5 4.2 1307 0
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I etched the detectors in 50% HF in two steps. After an initial 3 minute etch, I gold
coated the mica and measured the high track density in the glass (= 108 trx/cm2) at 17-18K
power magnification with a scanning electron microscope (Camscan; backscattered electron
imagé; resolution = 5; working distance = 31 mm). The magnification is checked twice
yearly with a calibrated grid. Etching for longer times at these densities causes the tracks to
overlap, complicating counting. I then removed the gold coat (Appendix 2.3) and re-etched
the detectors for 3 minutes and counted the track densities in the crystals at 1000 power
magnification with an optical microscope. The additional etching minimized losses of
tracks at the lower magnification. Tests indicate that SEM counts are 10% higher than
optical (Appendix 2.4), and I therefore included a 10% increase in all my crystal densities
to compare with SEM data on the glass. I determined the track density in the glass by
counting = 400 tracks from photographs at each of three or four points in the sample. Each
"point" was composed of 8 adjacent photographs of 30 um? fields of view, an area
equivalent to an 18 um diameter circle, and each photograph typically contained 40 - 60
clearly resolved and easily countable tracks (Fig 2.5). I measured the track densities in the
crystals by counting tracks under transmitted light with a calibrated reticle grid. A single
fission fragment has a 10 im average range in these samples, so the outer 20 pm of the

crystals adjacent to the glass were not counted to avoid any tracks contributed by the glass.

2.4.2 Alpha Track Measurements

Th was measured in a manner analogous to U. A map of 230Th alpha particle tracks
was made by exposing the sample to a cellulose nitrate (Kodak-Pathé CN 85) detector
(Benjamin et al. 1980). However, because the plastic detectors have a much wider range in
track widths and lengths than the micas, large errors can result in comparing counts in
plastics with highly differing track densities (Benjamin et al. 1980). Thus, I made two
exposures for each sample: one for the glass (1 - 2 days) and one for the crystals (30

days). The exposure times were such that the densities for the glass and crystals were
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Figure 2.5 Scanning electron micrographs of 235U fission track map in muscovite mica
detector after irradiating with 1.8 x 1015 n/cm? and etching in 50% HF for 3
minutes. (a) Secondary electron micrograph of entire sample. Bright area
results from high fission track density in region corresponding to glass,
which has high 235U concentration. Areas corresponding to crystal and Pt
wire have much lower 235U concentration, and thus lower fission track
densities, and appear dark. (b) Close-up of crystal from (a). (c) Typical high
power backscattered electron micrograph of glass region used for fission track

counting. Note distinctive diamond shape.
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similar. To avoid any etching variations, I etched both detectors simultaneously. This
way, all alpha tracks were counted at about the same density, so any errors in the glass and
crystal counts tended to cancel in the ratio of the crystal and glass track densities. A check
showed no evidence for track fading during the month long exposure (Appendix 2.5).
Detectors were etched in 6 N NaOH for 50 - 60 minutes at 40°C (Benjamin et al. 1980) and
all tracks were counted at 1000 power magnification with an optical microscope using
transmitted light. As with the fission tracks, the outer 20 pm of the crystal was not
counted, as 230Th alpha particles have fixed 15 pum range in these samples.

For both U and Th, I did all the counting under nearly the same conditions. Counts
on a selected sample were closely reproduced by another person (DSB), indicating little
counter bias occurs. Occasional checks of older samples suggested a small drift in optical
counting efficiency with time. This will affect only the U partition coefficients, as they are
determined from an optical count and an SEM count. The Th partition coefficients are
insensitive to drift because they are determined from optical counts made within a week of
each other (Appendix 2.6). These reproducibility errors are usually significantly less than
the counting statistics errors for the crystal densities (6 - 27%, averaging about 11%), and,
while they are included, do not contribute significantly to the reported partition coefficient

CITOrS.

2.4.3 Microprobe Measurements

Crystals and glasses from the experiments were analyzed with the JEOL 733 electron
microprobe at Caltech and raw data were reduced with the CITZAF correction procedure
(Armstrong 1988). Analyses of clinopyroxene and olivine experiments were made at 50
nA with a 10 um diameter beam. Na was always measured first, but some alkali -loss
from the glass probably occurred during analysis, as evidenced by the low totals for the
glasses relative to the crystals and the lower totals for the more alkali-rich Takashima

basalt. Glass compositions were measured at 3 or 4 points in the sample, and crystals were
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measured at a point approximately half-way between the center and the edge. Standard
minerals were used as standards for the major elements. UO7 and ThO; were used for the
U and Th standards, benitoite for Ba, and the Drake and Weill glass REE2 was used for
Sm (Drake and Weill 1972).

For the garnet experiments, the beam current and diameter were 35 nA and 10 pm for
the glass and 100 nA and 1 pm for the crystals. Special care was taken in setting the
background position for the U measurements: since the background rises abruptly on the
low wavelength side of the U peak, the background was measured only on the high
wavelength side. Because of the curvature of the background, this technique has the
potential to record U when there is none, but checks on garnets from unspiked experiments
show no U when measured with this arrangement. As previously mentioned, U and Th
concentrations in the garnet crystals are too low to obtain reliable analyses, but the presence
of U was suggested by a convex upward zoning profile across a crystal. Th was

completely below background levels.

244 Secondary lon Mass Spectrometry Measurements

Garnet crystallization experiments were analyzed for U, Th, and Sm with
PANURGE, a modified Cameca ims-3f secondary ion mass spectrometer (SIMS or ion
probe) at Caltech. Analyses were conducted by Allen Kennedy. A primary beam of O-
ions was accelerated from the source at 12.5 KeV, and the primary beam current was 1 nA,
giving a beam spot size of approximately 10 um. This beam bombarded the sample,
sputtering off secondary ions. The positively-charged secondary ions were then
accelerated at 4.5 KeV into a mass spectrometer. Secondary ion intensities were measured
with an electron multiplier, and all count rates were normalized to 30Si. Undesirable
molecular ion interferences were eliminated by energy filtering (Zinner and Crozaz 1986).
An offset voltage applied to the the secondary ion beam suppresses molecular ions due to

their lower average kinetic energy relative to atomic ions. An offset voltage of -45 V was



37

used in this study. Ion intensities were not systematically measured as a function of offset
voltage, but for the heavy elements measured, molecular interferences are expected to be
small. No correction was made for dead time.

26Mg, 30Si, 149Sm, 232ThO (mass = 248), and 238UQ (mass = 254), intensities were
measured and normalized to the intensity of 30Si. The magnetic field is adjusted to change
masses, and each analysis cycle consisted a scan of masses 25.9, 26.0, 30.0, 148.9,
149.0, 247.9, 248, 253.9, and 254.0. The time required for the magnetic field to stabilize
after each step increases with the size of the step, so the magnetic field was briefly set one-
tenth of a mass unit below each mass of interest in order to minimize magnetic field
instabilities. At each whole number mass the magnetic field was stepped from the low
energy side of the peak, to the centroid, and high energy side of the peak. The centroid
counting times for masses 149.0, 248.0, and 254.0 were 10 seconds, and all other
centroids and peak side counting times were 1 second. The peak positions for 149.0,
248.0, and 254.0 were determined on glass spots with no offset voltage at the beginning of
an analysis session, and these positions were used throughout the course of the session. A
complete analysis consisted of 5 blocks of 6 cycles, and took about 35 minutes to
complete. Because of the relatively high spike levels, ion count rates were quite high
(lowest value was > 2500 counts for Th in garnet). The resulting counting statistics errors
are less than the standard deviation of the 30Si normalized intensities of the 30 cycles, so I
used the latter as a measure of the analytical error. Variation in ion intensity from cycle to
cycle results from variable transmission rates, which in turn result from sample charging.
After the primary beam has initially burned through the gold coat and allowed to stabilize
on the sample, this variation is not systematic.

A proper standard for U and Th in garnet was not available, so partition coefficients
were calculated directly from the 39Si normalized ion intensities, after correcting for the

difference in Si concentration between garnet and glass.
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Appendix 2.1: Fe-Presaturation of Pt Containers

Fe alloys with Pt, especially at low fO7. In order to minimize loss of Fe from my
samples to the Pt containers, I presaturated the Pt crucible and Pt tubing used to melt the
basalts with Fe. The method I chose was to fill the container with the appropriate basalt
powder and melt it, letting the Fe soak into the Pt. In principal the Pt becomes saturated
with Fe for the specific composition, temperature, and fO; of the actual sample fusion. I
then discard the glass used to saturate the container and load the sample that will be used
for the experiments.

In the case of the 10 ml Pt crucible used for the initial fusions I repeated the saturation
step a second time with fresh glass before fusing the sample. Each saturation was for 2
hours at 1300°C at FMQ and following the second time I removed the glass mechanically
and washed the crucible in 50% HF. I saturated the Pt tubing used to glass the spiked
basalts by welding one end, packing it with basalt and melting it at 1300°C at FMQ
overnight. Iremoved the basalt mechanically and by soaking the capsule in 50% HF. The
Fe-Pt alloy is quite brittle and care must be taken not to crack or tear it during handling. It
is also much more difficult to weld than pure Pt.

It is unclear how well this technique works, but it is not that crucial for this study
because the Fe-presaturation was done only to prevent progressive Fe-loss during the
repeated glassings required to prepare the starting materials. To hold the sample during
crystallization I used Pt wire loops that were not Fe-saturated but were made from very thin
wire (0.004") in order to minimize Fe-loss. In retrospect, I probably should have
presaturated these with Fe as well, as there was 10 - 15% Fe-loss in most runs and more in

some reducing runs (Table 3.1).
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Appendix 2.2: Preliminary Runs Used to Determine Phase Equilibria and
Crystal Growth Recipes(2)

Run(®) Temp (°C) time (hrs) phases present(€)
TB-9 1194 2.5 L +ol
TB-11 1207 19 L + ol
TB-12 1230 12 L +ol
TB-13 1258 4.8 L
TB-14 1245 3.3 L
TB-16 1248 8.5
1248—1179 5.6°C/hr
1179 3.5 L +ol
TB-17 1247 1.5
1241 23
124151160 2.8°C/hr L+ol
TB-22 1247 2
1245 8
124551122 2.8°C/hr
1122 19.6 L + ol + plag
TB-24 1238 14.2 L
TB-25 1240 2
1230 20
1230-1175 1.7°C/hr
1175 2 L+ol
TO-TUBAS-A 1235 24 L
TO-TUBAS-B 1231 4 I
TO-TUBAS-C 1223 5 L + ol
TB10di-1 1220 6.5 L + ol
TB20di-1 1220 53 L+ol
TB20di-2 1242 3
1220 15 L + ol
TB16wo-1 1240 1.3
1190 3 L + cpx
TB16wo-2 1240 2
1166 9.5 L+ cpx
TB5Swo-1 1240 1
1190 2.5 L
TB5wo-2 1200 1.5
1125 3.6 L+ ol
TBSwo-3 1200 5
1128 T L +ol
TB10wo-4 1200 2
1096 4 L +cpx + ol
TB10wo-5 1200 1.5
1117 2.7 L + cpx + ol?
TB10wo-6 1200 1.5
1125 36 L + cpx + ol?
TB10wo-7 1200 5
1128 7 L + cpx
TB10wo-9 1200 3
1160 6.5 L + cpx
TB10wo-10 1200 12 L +cpx (tr)
TB10wo-11 1241 16.5
TB10wo-12 1222 3 L



TB10wo-13
TB10wo-14
TB10wo-15

TB10wo-16

TB10wo-17
TB10wo-18
TB10wo-19

TB10wo-20'

TB10wo-22
TT-1
TT-2
T4

TT10wo-1
TT10wo-3

TT10wo-4
TT10wo-6
TT10wo-7
TT10wo-8

J-TUBAS-A

J-TUBAS-B

TT10wo-9

J-TUBAS-C

J-TUBAS-D
TT10wo-10
TT10wo-11
TT10wo-12

TT10wo-13

1212
1205
1206
1206—1170
1170
1242
1201
1160
1204
1199
1201
120151169
1169
1210
1199
119951165
1194

1249
1219
1258
1180
1240
1132
1295
1240
1077
1240
1130
1240
1185
1240
1177
1240
1181
1197
1182
1182—1146
1146
1194
1182
1182—1146
1146
1192
1160
1198
1184
1182—1166
1196
1176
1196
1166
1196
1184
1204
1188
1204
1189

40

7.5

= hinn

O-—;.—-[\J——lh——-

W n

L
L +cpx

L +cpx

L +cpx
L + cpx (tr)
L +cpx

L +cpx

L +cpx
L + cpx
L
E

L + plag
L

L + cpx + plag
L + cpx +plag
L

L +cpx

L +cpx
L + cpx + plag

L + cpx + plag

L + cpx + plag

L + cpx + plag

L +cpx

L + cpx + plag (tr)
L +cpx

L+ cpx
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1194 3.5
TT10wo-14 1194 93
TT10wo-15 1205 2.2
TT10wo-16 1200 3
TT10wo-17 1210 1.5
1200 24
1200—-1180 1.7°C/hr
1180 16
D2-1 1301 17.5
D2-2 1301 0.8
1293 2
D2-TUBAS-A 1301 1.8
1293 24
1293—1260 1.7°C/r
1260 22
D2-TUBAS-B 1301 1.5
1292 22
D2-TUBAS-C 1301 LS
D2-TUBAS-D 1312 4

(a) All runs made at FMQ

(b) TB = unspiked Takashima basalt
TO-TUBAS = spiked Takashima basalt + 10 wt% wo
##di = ## wi% diopside added
##wo = ## wi% wollastonite added
TT = unspiked Juan de Fuca basalt (TT-152-37)
J-TUBAS = spiked Juan de Fuca basalt + 10 wt% wo
D2 = unspiked Di71Anjg
D2-TUBAS = spiked Di71Angg

L + cpx (tr)
L + cpx

L

L + cpx (tr)

L +cpx
I

L +cpx (tr)

L+ cpx

L +cpx
L +cpx (tr)
L

() L =liquid, cpx = clinopyroxene, plag = plagioclase, ol = olivine, (tr) = trace
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Appendix 2.3: Removal of Gold Coats From Micas

In order to re-etch the mica fission track detectors after SEM counting, the gold coats
must be removed. This can be easily done by swirling the mica in a slightly acidic bromine
water solution. The recipe, developed by G. Rossman, is: 10 ml H2O + 2 g NaBr + 2 ml
fresh liquid bleach + 2 - 3 drops dilute HCI. After about a minute most of the gold will
flake off, but small (= 1 pm) specs may remain for a bit longer. All of the gold is usually

removed in 5 minutes, with no damage to the mica. This must be done in a fume hood.
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Appendix 2.4: SEM/Optical Correction Factor for Fission Track Counts

Because of the very different fission track densities in the crystals and glass, the
crystals were counted with an optical microscope and the glass counted with the SEM. It is
therefore important to calibrate the SEM measurements to the optical measurements, as
different types of images and magnifications are used. The NBS standard glasses, which
were included in the irradiations to determine U concentrations, were used for the
calibration because they have a track density which can be counted on both instruments,
and are homogeneous, minimizing complications from track densities that vary with
location (such as a zoned crystal). To best simulate an actual sample measurement, I
counted the mica detector on the SEM, then re-etched it and counted the same point
optically. This calibration thus preserved the order: etch — SEM — etch — optical that
was used for partition coefficient measurements. The results, shown in Table A2.4.1,
indicate that the SEM counts are 10% higher than the optical counts, though there is some
spread. Because of this uncertainty, some error is introduced in making this correction,
and the correct representation is the standard error of the mean (o/Vn). Thus, the

SEM/optical correction factor I use is 1.10 £ .04.

Table A2.4.1
Sample NsgM/105(@) Noptical/108 Nsem/Noptical
961-B1 264 £ .12 242 + 08 1.09
961-D1 282+ .12 277+ .10 1.02
961-A2 3.09 £ .15 292 + .11 1.06
961-C2 3.13 £ .16 258 + .12 121
Average 1.10 £ .04

() N = track density (tracks/cm?)
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Appendix 2.5: Test for Alpha Track Fading

During the month long exposure necessary to record 230Th alpha tracks from the
crystals, it is important to be sure that tracks in the cellulose nitrate detector do not anneal.
As a check for this, a sample was exposed for 24 hours, the detector removed and stored
next to the sample for a month, and then the sample re-exposed for 24 hours with a new
detector. The two detectors were then etched simultaneously and counted. The results,
listed in Table A2.5.1, show that the track densities in the two detectors cannot be

distinguished and that there is no evidence for fading.

Table A2.5.1
Exposure N/106(2)
1 3.31 .16
2 345+ .16

(a) N = track density (tracks/cm?)
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Appendix 2.6: Track Counting Reproducibility

Track counting requires practice and can vary with time, especially after periodic
hiatuses. For Th, all tracks were counted optically and I measured crystal and glass
densities within one week of each other. Thus, Th partition coefficients are insensitive to
systematic drifts in counting efficiency. For U, the glass and crystal track densities were
counted with separate techniques, and thus a drift in partition coefficients with time is
possible. Ichecked long term track counting reproducibility by periodically recounting
sample detectors over the course of the study. Because of the high resolution of the SEM
photographs, there is essentially no difference in repeat counts of U glass densities.

Variations in the repeat measurements of the glass densities result from uncertainty as
to what is or isn't a track, and are subject to counting statistics errors because exact
relocation is impossible. In the case of crystal densities, variations in repeat measurements
can result from both ambiguous tracks and crystal zoning. As track densities increase
towards the crystal rim, the measured density will depend on the choice of the outer limit of
the crystal section to count. Variations in the repeat measurements of the crystal densities
should not, in principal, be subject to counting statistics errors because essentially the same
tracks are counted each time. As shown in Table A2.6.1, there do appear to be small
differences in repeat track density measurements. Given the limited amount of data I am
uncertain whether these variations are systematic or random, but the data appear to suggest
that density measurements systematically decrease with time. The U crystal data give an
average decrease of 5%, and a £5% reproducibility standard deviation is included in all U
crystal track densities. As previously mentioned, D’%l}{“q is insensitive to a purely
systematic drift, and no reproducibility error is be assigned for Th.

A second possible source of reproducibility error is short term random variations in
track counting consistency, which would apply to both U and Th. The absence of

significant random counting fluctuations is supported by the fact that glass track densities



between different spots in a given sample (all counted within 1 - 2 days) statistically agree

(Table 3.2).

1 did all of the track counting for this study, so personal counting bias should not
affect the results. As a matter of course, one Th detector was also counted by DSB to

determine the effect of personal bias. As shown in Table A2.6.1, there is no significant

difference for different coun

ters.
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Table A2.6.1

Element Sample Counter Date # tracks N/106(2)
Th D2-TUBAS-E1 TLaT 5-24-91 298 0.77
" " " 12-19-91 253 0.73
" " DSB 7-191 0.74
" J-TUBAS-E-gl TLaT 3-12-91 623 4.9+0.2
& . 4 4-18-91 626 4.9+0.2

" " 12-19-91 587 4.6:0.2
U D2-TUBAS-L1 " 6-19-91 355 1.53
" " " 12-19-91 429 1.51
= T-TUBAS-Al " 12-7-90 60 0.91
. : . 3691 49 0.82

(a) N = track density (lracks/cmz)
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CHAPTER 3
Experimental Results
3.1 Clinopyroxene

3.1.1 General Description

The run products from the clinopyroxene crystallization experiments consist of large,
euhedral, inclusion free diopsidic clinopyroxene and quenched melt. One run, J-TUBAS-
E, also crystallized = 1% plagioclase. No quench crystals are visible in any of the runs.
All runs yielded at least one, though typically 2 - 4, large (> 75 pm in shortest dimension)
crystals. Several of the runs with the natural basalts also produced a few small crystals,
which may have either nucleated late in the experiment or nucleated along with the rest and
grew at a much slower rate. Most crystals appear to have nucleated on the surface of the
charge or the Pt hanging wire, The size of the crystals increased and the number of crystals
per run decreased in the order Takashima basalt, Juan de Fuca basalt, Di7jAnpg. This is
the general order in which the experiments were run, and the improvement probably
reflects a combination of my improved crystal growing skill and increased diffusion rates
and lower viscosity (Bottinga and Weill 1976) for bulk compositions with lower alkali
contents. A representative photomicrograph of a run product is shown in Fig. 3.1.
Samples underwent 5 - 25% crystallization in the different compositions (Table 3.1; the
method for calculating of the amount of crystallization is given in section 3./.2.2). The
lowest degree of crystallization is in the Juan de Fuca basalt and is limited by the onset of
plagioclase crystallization.

A few runs have bubbles in the glass. When present, there are usually very few (1 -
5) relatively large (20 - 400 pm) bubbles, that are typically adhering to the platinum wire or
acrystal. In at least one case it appears that a crystal nucleated on a bubble, indicating that

the bubbles were present throughout the experiment rather than being formed by exsolution
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Figure 3.1 Backscattered electron micrograph of sectioned charge from a clinopyroxene
crystallization experiment. The very bright regions (upper left and along top)
are the Pt wire loop. The glass is intermediate brightness, and the crystals are

darker, due to their lower atomic number.
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of volatiles during the quench. The presence of these bubbles, which probably contain
predominantly nitrogen, is not significant for this study, as the particle track maps show
that no measurable amounts of U or Th partitioned into them. Even if U and Th did
| partition into this vapor, it would probably equilibrate with the melt very rapidly, and as
long as the bubbles were present throughout the run, partitioning into the vapor will not
affect the crystal-melt partitioning.

In terms of major element compositions, the pyroxenes are quite homogeneous, with
the enstatite and ferrosilite contents changing less than 1% from core to rim. The crystal
compositions are plotted on the standard pyroxene quadrilateral in Fig. 3.2 (calculation of
end-member mole fractions follows the procedure of Lindsley and Andersen 1983; see
Appendix 3.3 for details), and average compositions are listed in Table 3.1. There is a
small change in pyroxene composition with fO; in the natural basalts, with the more
reducing runs having slightly less ferrosilite component. This change is most likely due to
greater amounts of Fe-loss to the Pt hanging wire at low fO;. In addition to the
quadrilateral components, all pyroxenes contain significant amounts of Al,O3, and
pyroxenes from the natural basalts also contain measurable quantities of TiOp, Cr20s3,

MnO, and NajO.

3.12 Calculation of Partition Coefficients From Particle Track Maps

3.1.2.1 Range Correction

Fission track densities are related to 235U concentration by the equation:

Ner = (2350(1)235[_]2351-‘)235“)/2’
where Np = fission track density (tracks/cm2), 235¢ = thermal neutron fission cross
section for 235U (cm?2), @ = total thermal neutron fluence during irradiation
(neutrons/cm?2), 235U = concentration of 235U (atoms/g), 233r = average range of a single
235U fission fragment (cm), p = density of matrix (g/cm2), 2351 = etching efficiency (the

fraction of tracks entering the detector that are revealed by etching), and the factor 1/2 is
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Figure 3.2 Major element compositions of experimentally grown clinopyroxene crystals
plotted on diopside (CaMgSiyOg)-hedenburgite (CaFeSiaOg)-enstatite
(Mg2SiOg)-ferrosilite (Fe2SiOg) pyroxene quadrilateral. Concentrations are

' in atomic proportions and were calculated by the scheme of Lindsley and
Andersen (1983; see Appendix 3.3). The positions of the clinopyroxenes
from the basalts are typical for mafic igneous rocks. All crystals contain
AlO3, and the basaltic clinopyroxenes also contain measurable quantities of

TiO3, Cr203, MnO, and NasO.
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needed because only half of the fission fragments are registered in the external mica
detector (Fleischer et al. 1975). The atomic ratio of 235U between the clinopyroxene and
glass is then:
235Ucm
505 ™ (No ke (5o (o)

where 2356, @, and 2357 for the clinopyroxene and glass are equal and cancel. Upon

converting the concentrations to mass fractions and the fission fragment ranges to g/cm?

(R), this reduces to:
rBSU]cnx Rgl
P5Ulg | Ny » Rq,x

which is the crystal-melt partition coefficient. Thus, the fission track ratio is related to the

partition coefficient by the inverse of the fission fragment range ratio.

A similar relationship between N and 230Th concentration holds for alpha particle
tracks:
where NaT = alpha track density (tracks/cm?), t = exposure time, 230) = alpha decay
constant for 230Th, and the other terms are analogous to the terms in the expression for
235U. The corresponding 230Th partition coefficient is thus:

[230Th]cpx _ (Nepx (REI ) (_tgj_)

[20Thlgr  ( Ngi Jar \Repx Jar \lopx J 1

Since two separate exposures are made for each sample (see section 2.4.2), the alpha track

ratios require both a range and an exposure time correction.

Particle ranges are a function of the atomic number of the matrix; equations are given
in Benjamin (1980). In these samples, the fission fragment and 230Th alpha particle ranges
are about 10 um and 16 pum, respectively, which sets a lower limit on the spatial resolution
of particle track mapping. The atomic numbers of the clinopyroxene and glass in my

experiments are very similar, and so the range corrections required are small (1 - 4%). A
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fission fragment and alpha particle range correction was calculated for each experiment, and
is listed in Appendix 3.1.

3.1.2.2 Zoning Correction

The clinopyroxene crystals iﬁ these experiments were grown by slowly cooling the
sample from the liquidus. Because diffusion in clinopyroxene is extremely slow, crystal-
melt partitioning should be governed by Rayleigh fractionation. The concentration of
elements rejected by the clinopyroxene will increase in the melt as the crystal fraction
increases, so that the crystals will develop a zoning profile for incompatible elements that
increases from core to rim. Such zoning is observed for the minor elements, as seen with
the electron microprobe traverses (see section 3./.5). The crystal track density is too low
to see track density gradients in the crystals, but the existence of minor element zoning
indicates that U and Th are similarly zoned. It is necessary to correct for this zoning when
determining partition coefficients from the track densities, because only the rim of the
crystal is in equilibrium with the final quenched melt, while the crystal track density must
be determined from the crystal interior. Since the actinide concentrations increase from
core to rim, the zoning correction will always increase the apparent partition coefficient
determined from the ratio of crystal and glass track densities.

In calculating the zoning correction, I assume that the crystals grew from the melt by
perfect fractional crystallization. Clinopyroxene and melt are the only phases present in all
but one experiment (a minor amount of plagioclase crystallized in J-TUBAS-E, but its
effect is negligible), so I assume that the zoning profiles are not modified by the onset of
crystallization of an additional phase and that Dcip’“’liq = D?nlk/liq_ For the purposes of this
correction, I also assume that the partition coefficients are constant over the temperature and
compositional range of crystallization. Ideally, the track density I measure in a crystal
would reflect the actinide concentration in the melt integrated over the entire range of
crystallization, but in practice my measurements are biased towards the core of the crystal

because I cannot count the outer 20 um of the crystal. Therefore, the correction must
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account for the zoning present only in fraction of crystallization represented by the area
fraction of the crystal I analyze. The correction then takes the form (see Appendix 3.2):

vF
Dz =DoE = ina - vE)

where D, is the zoning corrected partition coefficient, Dy, is the measured partition
coefficient (the ratio of crystal and glass track densities), F is the total fraction of
crystallization in the experiment, and v is the fraction of total crystallization measured for U
and Th. Fis determined from the composition of the starting material and crystals and
glass from the experiment using a least squares mass balancing routine (M. B. Baker, priv.
comm.). Oxides present in concentrations of < 1% in either phase and FeO, Na0, and
K20, which are subject to loss during the experiments, are excluded from the mass
balance. The remaining oxides used are CaO, MgO, Al203, SiO2, and TiO2. When using
MgO alone, I obtain nearly identical F values. v is defined as (Am/Ap)!-, where Ap, = the
area of the crystal section counted and A, is the total area of the crystal section, measured
from a SEM photograph. The exponent of 1.5 is needed to convert the area ratio to a
volume ratio. Inherent in this correction factor is the additional assumption that the fraction
of crystallization analyzed goes from zero to vF; in other words, that the crystal nucleated
on the liquidus and that the analyzed crystal section includes the crystal nucleus. In reality,
this assumption does not always hold. However, as long as the analyzed section is near
center of the crystal, failure of this assumption will result in only a slight over correction
because compositions vary little near the crystal cores. In any case, it is important to note
that the magnitude of the zoning correction is controlled by the fraction of crystallization,
which is relatively small (Table 2.2); in no case can the correction be greater than 1/(1 - F),
or 8 - 32% for the three compositions. Since the 20 pm unanalyzed rim is a constant, the
volume fraction analyzed increases, and hence the magnitude of the correction decreases,

with increasing crystal size.
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3.1.2.3 Partition Coefficients and Errors
The U and Th partition coefficients for clinopyroxene and olivine are calculated from
the track densities by means of a particle range, exposure time, and zoning correction. The

complete expression is then:
D= Nepx\ 7 Ral \  ta1 vF
Ngi x ) \tepx )\ (F - DIn(1 - vF) )”

where tg] = tepx for the fission tracks. This equation is used to calculate all the partition

coefficients presented below.

The quoted errors in Tables 3.3 - 3.5 include contributions from counting statistics
for the crystal and glass track densities, and errors for the SEM/optical correction
(Appendix 2.3) and reproducibility (Appendix 2.5) for the U crystal track densities. I
calculated an additional error to account for the variation in the required zoning correction.
In making this correction I assume that the crystal nucleated at the liquidus and grew
uniformly throughout the cooling interval. In fact, it is possible that different crystals may
nucleate at different times during the slow cooling, resulting in variably higher core
concentrations. It is also likely that some of the analyzed crystal sections do not contain the
cores of crystals, again resulting in variably higher measured concentrations. Since the
actual correction required can vary from the calculated correction (crystal nucleated on
liquidus and section through core) down to 1.0 (no correction; section through rim) the
maximum error possible is (D,/Dp, - 1). I assigned this range an error of 20, and included
the 1o error of (D,/Dp, - 1)/2 in all zoning corrections. The magnitude of this error
depends on F, and is approximately 11%, 5%, and 7% for the Di7jAnpg, Juan de Fuca,
and Takashima compositions, respectively. The cumulative errors for individual crystals
range from 9% to 29%, average about 14%, and are dominated by the counting statistics

€ITOrS.



59

3.1.3 Approach to Interfacial Equilibrium

For reasons discussed in the previous chapter, the crystals in these experiments were
grown by slowly cooling the charge from the liquidus temperature. Diffusion rates of large
ion lithophile cations in clinopyroxene are extremely slow (Seitz 1973a; Sneeringer 1984)
and can be considered insignificant on the time scale of my experiments (3 - 4 days).
Hence, the trace element concentration of the crystal interior will not re-equilibrate with the
increasing melt concentration as crystallization proceeds. The time-temperature path of the
experiments (Table 2.2, Fig. 2.3) was chosen to optimize the possibility of maintaining
equilibrium at the crystal-melt interface during crystal growth (interfacial equilibrium), and
thus incorporation of trace elements should be governed by Rayleigh fractionation.
However, as reversal of this type of experiment is impossible, it is difficult to definitively
establish that interfacial equilibrium was maintained. In addition to defect partitioning,
sector zoning, and any other surface disequilibrium processes, I consider boundary layer
formation (the melt compositional near the crystal-melt interface differing from the bulk
melt composition) a non-equilibrium partitioning effect.

Based on the results of Lindstrom (1983), large deviations from interfacial
equilibrium should not be expected during crystal growth because of a compensating effect:
as a boundary layer of excess of incompatible elements builds up around a growing crystal,
so will a deficiency of compatible major elements. This deficiency causes crystal growth to
slow down, allowing the boundary layer to diffuse away. I have addressed the question of
interfacial equilibrium by (1) using theoretical considerations to check the possibility of
maintaining diffusional homogeneity in the melt during crystal growth, (2) evaluating the
homogeneity of the melt from the chemical analyses of the glass, (3) comparing measured
crystal zoning profiles to those predicted for ideal Rayleigh fractionation, (4) evaluating the
reproducibility of the results, and (5) running a test experiment at an order of magnitude

lower cooling rate. These topics are addressed in turn in the following sections. Lastly,
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based on their geochemical similarity and general coupled behavior in many geologic
processes, U and Th should be similarly affected during non-equilibrium partitioning,
making Dc.g’;{uq/D%’xmq less sensitive to deviations from interfacial equilibrium than chx/liq
or DC_IQJB/HQ alone. This expectation is born out in my experiments, proving that deviations

from interfacial equilibrium are filtered out in the ratio Dc{f’;lmq/DCS"mq, as discussed below

in section 3.1.6.1.

3.14 Glass Homogeneity

For interfacial equilibrium to be maintained, the melt must remain homogeneous
during crystallization. As crystallization proceeds, elements that are concentrated in the
melt relative to the crystal (low crystal-melt partition coefficient) are rejected by the growing
crystal and must move away from the interface by diffusion. Conversely, elements
enriched in the crystal must move towards the interface. Thus, to maintain interfacial
equilibrium, the melt must undergo continual mixing. This is presumably accomplished
predominantly by diffusion, with possible contributions from mechanical mixing resulting
from crystal sinking and convection.

One way to evaluate whether the melt was homogeneous during crystallization is to
compare the crystal growth rate with the characteristic diffusional velocity of the trace
elements of interest in the melt. The characteristic diffusional velocity can be estimated two
ways; both give similar results. The first is to use the crystallization time to calculate the
characteristic length for diffusion in a semi-infinite medium from | = 2+/Dt (Crank 1975),
where t is duration of the slow cooling interval of the experiment and D is the diffusion
coefficient. The velocity is then the ratio of length and time, or 2VD/t. The second method
is to calculate the characteristic time scale for diffusion in a semi-infinite medium from t =
12/4D, where 1 is approximated from the distance between crystals, which is on the order of
0.05 cm. In this case the velocity that emerges is 4D/1. U and Th diffusion in basaltic

melts have never been measured, so I have made an approximation based on data for U+
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in a super-cooled borosilicate melt (60% SiO3) at 560 - 800°C (Dunn 1987). Extrapolation
of this data up to 1200°C gives D = 6.9 x 10-%, which gives diffusional velocities from 5 -
8 x 10-7 cmy/sec for the two methods. The average crystal growth rate can be calculated
from the crystal size and cooling duration (Table 2.2) and is approximately 1.5 x 107
cmy/sec. Thus, it appears that the characteristic diffusional velocity is the same order of
magnitude as the crystal growth rate. Therefore, on the basis of diffusion, it appears that it
is possible for equilibrium to be maintained at the crystal-melt interface under these
experimental conditions. It is important to note, however, that allowing for local super-
cooling and variations in the actual crystal growth rate, some chemical boundary layers may
still exist.

The homogeneity of the melt during crystallization can also be estimated from the
homogeneity of the glass (quenched melt) from the crystallization experiments. The
glasses were analyzed for major and minor elements by electron microprobe and for U and
Th by particle track radiography. The analytical techniques are discussed in chapter 2. The
results are listed in Tables 3.1 and 3.2. Microprobe and particle track analyses were made
on approximately the same points in most cases, and I typically made 3 - 4 measurements
per run. As discussed below, the electron microprobe and fission track measurements of
the glasses show that any concentration gradients present during crystal growth were not
measurable in most samples, further supporting a satisfactory approach to interfacial
equilibrium.

The major element concentrations in the Di7j Anpg and Juan de Fuca basalt
compositions are homogeneous to within 3%. The degree of homogeneity appears to be
independent of the duration that the charge was held at the final temperature (Table 2.2).
The Takashima basalt shows slightly more variability: the major element concentrations are
homogeneous to within 4% in all but one run. In run T-TUBAS-D, K»0, Na0, and MgO
vary by 6 - 7%. To illustrate the degree of major element homogeneity, I have plotted MgO

vs. AlpO3 for all of the glass analyses in Fig. 3.3. The starting compositions plot to the
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TABLE 3.2
Raw Fission and Alpha Track Data

Sample Irad.  # Fission  py/10° # Alpha  pTR/10% tAlpha (@
trx (U) (trx/em?)  wx(Th)  (irx/cm?2) (hr)
D2-TUBAS-G-glass 3 1195 169.5 1302 3.399 31.2
D2-TUBAS-G1(®) 3 399 0.4713 654 0.8003 715 67
D2-TUBAS-G2 3 292 0.4173 396 0.6801 715 52
D2-TUBAS-E-glass 3 1377 195.3 1280 3.341 31.2
D2-TUBAS-E1 3 258 0.7268 298 0.7728 715 57
D2-TUBAS-E2 3 287 0.7542 299 0.7410 715 37
D2-TUBAS-E3 3 329 0.7299 306 0.6566 715 48
D2-TUBAS-F-glass 3 1313 186.2 1280 3.341 31.2
D2-TUBAS-F1 3 241 0.9297 159 0.7325 715 A7
D2-TUBAS-F2 3 255 0.8053 331 0.9291 715 .60
D2-TUBAS-H-glass 3 1307 1854 1294 3.378 31.2
D2-TUBAS-H1 3 488 1.225 312 0.7831 715 36
D2-TUBAS-H2 3 356 1.102 148 0.5766 715 62
D2-TUBAS-H3 3 1071 1.279 565 0.9123 715 35
D2-TUBAS-L-glass 3 1277 181.1 1058 2.762 31.8
D2-TUBAS-L1 3 355 1.528 156 0.6713 743.5 37
D2-TUBAS-N-glass 4 1439 182.0 522 4.088 43.5
D2-TUBAS-N1 4 368 4626 280 3874 795.7 82
D2-TUBAS-N2 4 163 4327 179 4784 795.7 67
D2-TUBAS-N3 4 324 4444 68
J-TUBAS-G-glass 2 1330 168.2 1888 4929 48.5
J-TUBAS-G1 2 134 0.6031 179 0.7831 746 30
J-TUBAS-G2 2 38 0.4960 68 1.044 746 05
J-TUBAS-G3 2 32 0.5967 43 1.086 746 18
J-TUBAS-E-glass 2 1835 195.2 1924 5.023 48.5
J-TUBAS-E1 2 123 0.7896 260 1.249 746 18
J-TUBAS-E2 2 46 1.001 746 26
J-TUBAS-E4 2 27 0.7552 39 0.8038 746 .08
J-TUBAS-ES 2 81 0.6821 82 0.7298 746 23
J-TUBAS-F-glass 2 1838 177.4 1879 4.905 48.5
J-TUBAS-F1 2 97 0.6783 113 0.8762 746 37
J-TUBAS-F3 2 42 0.8656 34 0.9510 746 27
J-TUBAS-F4 2 24 0.6713 19 0.6764 746 14
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Sample

Imad.  # Fission  py/10° # Alpha P'I‘hl'lo6 tAlpha v

x(U)  (rxem?)  ux(Th)  (rx/em?) (hr)
J-TUBAS-H-glass 2 1761 184.4 1864 4.866 4715
J-TUBAS-H1 2 153 0.9821 96 0.6112 648 14
J-TUBAS-H2 2 114 1.145 129 0.8862 648 13
J-TUBAS-L-glass 4 1424 180.1 1227 3.203 31.8
J-TUBAS-L1 4 62 0.8230 14 0.3537 743.5 14
J-TUBAS-L2 4 181 1.074 100 0.6637 743.5 44
T-TUBAS-C-glass 2 1449 175.0 2061 5416 475
T-TUBAS-C1 2 53 1.092 44 1723 648 21
T-TUBAS-C2 2 14 1.566 06
T-TUBAS-I-glass 543 4252 435
T-TUBAS-I1 78 1.175 795.5 34
T-TUBAS-14 94 1.067 795.5 14
T-TUBAS-B-glass 1 1151 14322 1768 4615 48.5
T-TUBAS-B1 1 54 1458 13
T-TUBAS-B2 1 36 1.512 55 1873 746 18
T-TUBAS-B3 1 58 1.253 169 2816 746 18
T-TUBAS-B4 1 36 19%7 34 2421 746 18
T-TUBAS-BS 1 150 3.091 746 .10
T-TUBAS-D-glass 2 1259 159.3 1793 4681 475
T-TUBAS-D1 2 367 1.661 648 15
T-TUBAS-D2 2 202 2.985 17
T-TUBAS-D3 2 109 3.557 83 2.955 648 .08
T-TUBAS-H-glass 3 1412 200.3 1300 3.394 31.8
T-TUBAS-H1 3 114 2,626 45 1.175 743.5 17
T-TUBAS-H2 3 274 2.283 135 1.244 743.5 31
T-TUBAS-H3 3 180 2.043 89 0.9419 743.5 21
T-TUBAS-H4 3 259 3.121 76 1.653 743.5 22
T-TUBAS-H5 3 116 2.163 26
TO-TUBAS-D-glass 4 471 178.7 301 2357 29.6
TO-TUBAS-D4 4 1 0052 1 0052 1576 35

(a) v =fraction of crystal section analyzed for U and Th

(b) Each run has an alphabetical index, each crystal has a numerical index



Figure 3.3 MgO vs. Al2O3 (wt%) for glasses from clinopyroxene crystallization
experiments and super-liquidus quench runs. Quench glasses plot to the
upper left and are circled for clarity. Clinopyroxene crystallization moves
melt compositions downward and to the right. Glasses from Di71Anpg and
Juan de Fuca basalt crystallization experiments plot in relatively tight clusters,
indicating uniform compositions. Glasses from Takashima basalt
crystallization experiments show more spread, but thin lines connecting
analyses from individual experiments show that most of the scatter is from
run to run variations. T-TUBAS-D (TTD on figure) shows more scatter,
which is consistent with the greater heterogeneity found for all elements in

this run.
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upper left on this graph, and crystallization moves the melt composition towards the lower
right. The Di71Angg and Juan de Fuca compositions plot as tight clusters, while the

Takashima data is more spread out along the crystallization trend. As can be seen by the
| grouping of separate experiments, most of this spread can be attributed to run to run
variation. This suggests that the individual runs were homogeneous, with the variation
resulting from minor heterogeneities in the starting material. However, different points
from T-TUBAS-D, the run noted above to be more heterogeneous, show a large spread.
This may be important, as a crystal from this run has anomalously high partition
coefficients.

Although small in absolute terms, most of these spatial chemical variations are greater
than expected from counting statistics and thus may reflect incomplete homogenization of
the melt. I checked this by a making line profile in the glass moving away from crystals in
one sample of each composition. In the basalt samples there are no discernable
concentration gradients, but there are small (= 1.2% per 100 pm) MgO and Al,O3 gradients
in D2-TUBAS-L. While the U and Th partition coefficients for this sample are not
atypical, this sample underwent an anomalously low degree of crystallization (Table 3.1),
which, combined with the observed concentration gradients, suggests some super-cooling
in this sample. In itself this is not a serious problem because the effect that the observed
degree of heterogeneity can have on the measured U and Th partition coefficients is
negligible, but it does suggest the formation of boundary layers.

The counting statistics errors on the particle track analyses for glass points are 4 -
5%, which sets a lower limit on the degree of heterogeneity I can document. Within this
error, U and Th are homogeneous in the glass. The standard deviation among the track
densities at the different points in the glass divided by the average counting statistics error
is less than 1.7 for all samples, and measurements made near the crystals are
indistinguishable from those far from crystals. In a further attempt to observe U or Th

concentration gradients, I made a linear track density measurement profile in
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D2-TUBAS-L, the sample that showed mild major element gradients. I detected no
gradient for either U or Th. The observation that U and Th are homogeneous supports the
assumption of interfacial equilibrium. The glass track densities listed in Table 3.2 are
calculated using the sum of all tracks counted in the sample.

All charges for each composition were made from the same 400 - 600 mg batch of
starting material that had been through at least two cycles of glassing and grinding in order
to minimize compositional variation from run to run. The calculated degree of
crystallization (see section 3./.2.2) varies somewhat from run to run, which may indicate
inhomogeneities in the starting material, or that some samples were super-cooled. Using
the calculated degree of crystallization and the BaO content of the glass, I have determined
the total BaO content in each charge, assuming that Ba is totally incompatible in
clinopyroxene (Shimizu 1974). Within the = 5% counting statistics error the BaO contents
are the same in all experiments of a single composition, indicating that the starting material

is relatively homogeneous.

3.15 Crystal Compositions

For crystals grown by perfect fractional crystallization, incorporation of trace
elements should be governed by Rayleigh fractionation. Gradual enrichment or depletion
of trace elements in the residual melt as crystallization proceeds should generate crystals
that are chemically zoned from core to rim. Zoning profiles of Al203, CrpO3, and TiO
concentrations were taken across several crystals and analyses from one crystal are shown
in Fig. 3.4. Also shown are calculated profiles for ideal Rayleigh fractionation (see caption
for calculation details). The measured profiles for Al20O3 and CrO3 roughly coincide with
the ideal Rayleigh fractionation trends, although from 45 - 80 um the correlations degrade.
The agreement for TiO; is poor for all but the central region of the crystal.

Deviations from the predicted profiles could result from non-uniform crystal growth,

heterogeneities in the melt, or crystal-melt partition coefficients varying during growth.
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Figure 3.4 Measured minor element zoning profiles in experimentally grown
clinopyroxene crystal (T-TUBAS-C1) compared to profiles calculated for
ideal Rayleigh fractionation. Graphs show oxide concentrations in wt% as a
function of distance across crystal for AlpO3 (a), Cr203 (b), and TiO; (c).
The Rayleigh fractionation profile was calculated assuming continuous
homogenization of melt during crystal growth, negligibly slow diffusion in
clinopyroxene, and that the crystal nucleated on the liquidus and grew
uniformly throughout the cooling interval. The Rayleigh profiles were
calculated from the expression: C,?“l = CliigD[l - F(r/R)3IP -1, where F, is
the total amount of crystallization in the run, r is the distance from the crystal
center to the point measured, and R is the total distance from the center to the
edge of the crystal along the measured profile. Cliig 1s taken from
concentration in the starting material, and D is a constant crystal-liquid
partition coefficient defined as the concentration of the crystal core divided by
Clllg AlxO3 is rejected by the growing crystal (D%;ﬂo'g = 0.28) and hence its
concentration increases in the melt as crystal growth proceeds, generating a
concave up zoning profile (a). Cr2O3 is enriched in the crystal relative to the

melt (D%E;‘gg = 12) and depletes the melt, generating a concave down profile

(b).
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The relatively small change in temperature and major element composition from core to rim
argue against large changes in partition coefficients and the glass analyses (see previous
section) give no evidence for melt heterogeneities of the degree required to explain the
deviations in Fig. 3.4. There could have been local super-cooling or boundary layers that
were not detected in the glass analyses, however, and the crystal zoning aberrations thus
suggest that crystal growth was not entirely uniform. Considering all of the crystals
analyzed, the shapes of the measured and predicted zoning profiles qualitatively agree, and
the degree of core to rim zoning is seldom very different from what is expected. However,
the anomalous behavior of the zoning profiles indicate that the zoning profiles are not a

strong argument either for or against interfacial equilibrium.

3.1.6 U and Th Partitioning
3.1.6.1 TUBAS Runs

Range and zoning corrected clinopyroxene-melt partition coefficients are listed in

Tables 3.3 - 3.6 and shown in Figs. 3.5, 3.7, and 3.9. These results show that chx/liq

and DC.IE’I‘lmq are both quite small, illustrating the extremely incompatible nature of the

actinides in clinopyroxene. A great advantage of in-situ analysis is that crystal-melt
partition coefficients for U and Th can be determined on individual crystals, allowing
important checks for internal consistency and interfacial equilibrium. Several of the
experiments were repeated, and in most cases the inter-crystal and inter-run results agree
within statistical precision. There are some exceptions, however, primarily for the
Takashima basalt, and the possible reasons for these are discussed in detail below. The
1.7°C/hr experiments behave in an internally consistent manner, and thus the Di7;Angg run
cooled at 0.1°C/hr is discussed separately. Further, if interfacial equilibrium is not
maintained during growth, incompatible elements will be incorporated into crystals in
excess of their equilibrium amounts and the partition coefficients I report will be too high.

The 0.1°C/hr experiments demonstrate this to some extent.



TABLE 3.3

Clinopyroxene-Melt Partition Coefficients for U and Th: DiyjAnjpg
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Sample 02 Dcﬁxmq 4 DY ’}‘lﬂiq +
D2-TUBAS-G1(@) NNO 0.0039 0.0005(b) 0.0130 0.0015(b)
D2-TUBAS-G2 NNO 0.0035 0.0005 0.0112 0.0014
D2-TUBAS-E1 FMQ 0.0049 0.0006 0.0122 0.0013
D2-TUBAS-E2 FMQ 0.0052 0.0007 0.0120 0.0014
D2-TUBAS-E3 FMQ 0.0050 0.0006 0.0104 0.0012
D2-TUBAS-F1 FMQ 0.0072 0.0011 0.0126 0.0018
D2-TUBAS-F2 FMQ 0.0059 0.0008 0.0151 0.0017
D2-TUBAS-H1 IW+1 0.0096 0.0014 0.0133 0.0018
D2-TUBAS-H2 IW+1 0.0083 0.0011 0.0094 0.0013
D2-TUBAS-H3 IW+1 0.0100 0.0014 0.016 0.002
D2-TUBAS-L1 TW+1 0.0101 0.0013 0.0113 0.0011
D2-TUBAS-N1(©) FMQ 0.0033 0.0003 0.0061 0.0006
D2-TUBAS-N2(¢) FMQ 0.0032 0.0003 0.0077 0.0009
D2-TUBAS-N3(©) FMQ 0.0033 0.0003

(a) Each run has an alphabetical index, each crystal has a numerical index

(b) Errors are 1o and are predominantly from counting statistics (see section 1.5.3)

(c) 0.1°C/hr experiment
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Clinopyroxene-Melt Partition Coefficients for U and Th: Juan de Fuca

Sample 1O, DA - DP}ia +
J-TUBAS-G1(®) NNO 0.0044 0.0005 00115 0.0011
J-TUBAS-G2 NNO 0.0036 0.0007 0.015 0.002
J-TUBAS-G3 NNO 0.0044 0.0008 0.016 0.003
J-TUBAS-E1 FMQ 0.0050 0.0006 0.0182 0.0016
J-TUBAS-E2 FMQ 0.014 0.002
J-TUBAS-E4 FMQ  0.0048 0.0010 0.012 0.002
J-TUBAS-ES FMQ  0.0043 0.0006 0.0106 0.0013
J-TUBAS-F1 FMQ  0.0047 0.0006 0.0128 0.0014
J-TUBAS-F3 FMQ  0.0061 0.0010 0.014 0.003
J-TUBAS-F4 FMQ  0.0047 0.0010 0.010 0.002
J-TUBAS-HI1 IW+1 0.0062 0.0007 0.0098 0.0011
J-TUBAS-H2 W+1 0.0073 0.0009 0.0142 0.0014
J-TUBAS-L1 TW+1 0.0055 0.0008 0.0052 0.0014
J-TUBAS-L2 TW-+1 0.0071 0.0008 0.0096 0.0011

(a) Each run has an alphabetical index, each crystal has a numerical index

(b) Errors are 1o and are predominantly from counting statistics (see section /.5.3)
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TABLE 3.5

Clinopyroxene- and Olivine-Melt Partition Coefficients for U and Th: Takashima

Sample Jiols Dﬁ‘j"’“‘l + D°1?’1‘1ﬂiq +
Clinopyroxene:

T-TUBAS-C1(2) NNO 0.0083 0.0015 0.028 0.005
T-TUBAS-C2 NNO 0.012 0.003

T-TUBAS-I1 NNO 0.017 0.002
T-TUBAS-14 NNO 0.016 0.002
T-TUBAS-B1 FMQ 0.013 0.002

T-TUBAS-B2 FMQ 0.013 0.002 0.030 0.004
T-TUBAS-B3 FMQ 0.0109 0.0017 0.045 0.004
T-TUBAS-B4 FMQ 0.011 0.002 0.039 0.007
T-TUBAS-BS FMQ 0.050 0.005
T-TUBAS-D1 W+1 0.030 0.003
T-TUBAS-D2 W+1 0.024 0.003

T-TUBAS-D3 IW+1 0.028 0.004 0.054 0.007
T-TUBAS-HI TW+1 0.018 0.003 0.018 0.003
T-TUBAS-H2 IW+1 0.0152 0.0019 0.019 0.002
T-TUBAS-H3 TW+1 0.0137 0.0019 0.015 0.002
T-TUBAS-H4 TW+1 0.021 0.003 0.025 0.004
T-TUBAS-H5 TW+1 0.014 0.002

Olivine:

TO-TUBAS-D4 FMQ < 0.00004 < 0.00005

(a) Each run has an alphabetical index, each crystal has a numerical index
(b) Errors are 1o and are predominantly from counting statistics (see section 7.5.3)
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Thorium
Individual clinopyroxene-melt partition coefficients for Th are plotted against -logfO;

in Fig. 3.5. The Di71An29 composition displays the most consistent partitioning for Th
(Fig. 3.52). While D118 i5 not expected to vary, I have treated both U and Th data at

different fO7s independently. Dc.f,’;{ﬁq for all crystals in this composition lie within 2
standard deviations of the weighted mean and thus are statistically equivalent, apparently
showing no change with fO;. By the same criterion, chimq for the Juan de Fuca basalt
(Fig. 3.5b) could also be constant for all but two crystals, although there is significant
dispersion and an apparent decrease at IW+1. When looking at each fO7 separately, these

same two crystals are still significantly different. Dc.fi’}‘{uq for the Takashima basalt (Fig.

3.5¢) is larger but also more variable than in the other two compositions. At the time

Appendix I was published, Dc'[l)g;l/liq appeared to decrease at IW+1 for the Takashima

basalt. Additional data, however, has failed to confirm the decrease, suggesting that there

is no systematic change in DC_?:;IJliq with fO» for this composition. All data are plotted in

Fig. 3.5c. In general, all three compositions appear to display greater variability at IW+1.
As Th is solely tetravalent, any change in DC.IE’;]Aiq cannot be due to valence state
changes and thus the cause for variations in the Th partition coefficients must be related to
some other effects. It is possible that the low fO; Juan de Fuca experiments coincidentally
achieved a closer approach to equilibrium. Alternatively, the apparent decrease in Th
partition coefficient for the Juan de Fuca composition at IW+1 indicates that, while not due
to valence state changes, there still may be some dependence of Dclg’;lﬂiq upon fO7. One
possibility is that Th partitioning may be sensitive to changes in composition that arise from
changes in fO7. Several studies have shown that trace element partition coefficients can
depend on crystal and melt composition (e.g., Watson 1977; Mysen and Virgo 1980;
Lesher 1986; Beckett et al. 1990). There was a significant amount of Na- and Fe-loss
during these experiments (Table 3.1). The amount of loss of these components varied

from run to run, and while there appears to be some correlation with fO», other factors
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Figure 3.5 Individual crystal clinopyroxene-melt partition coefficients for Th as a
function of oxygen fugacity for TUBAS runs. (a) Di7jAnpg, (b) Juan de
Fuca basalt, (c) Takashima basalt. Experiments were run at the Ni-NiQO, Fa-
Mt-Qz, and 1 log unit more oxidizing than the Fe-FeO oxygen buffers.
Offsets in -logfO; between compositions for a given buffer are the result of
temperature differences. Separate experiments at a single buffer are
distinguished by small offsets in -logfO; for clarity. Error bars represent 1o

errors as defined in section 3./.2.3.
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such as the mass of the charge must have played a role as well. Some Fe- and Na-loss was
expected as an inevitable consequence of running experiments on Pt wires in the presence
of a flowing, reduced gas, but it turns out that the Na-loss may shed some light on the
compositional dependence of actinide partitioning. There is a rough positive correlation
between D‘?ﬁ{ﬁq and [Na]cpx (Fig. 3.6), which suggests that the presence of Na may
somehow enhance the incorporation of actinides into the clinopyroxene. This interpretation
is supported by several other observations: (1) The magnitudes of the U and Th partition
coefficients increase from the Na-free Di71Angg composition to the Na-rich Takashima
basalt; (2) The Na-free Di71Anzg composition shows less variability than the basalts. The
amount of Na-loss from the basalts was variable and may contribute to the scatter in these
data; (3) The apparent decrease in DC{’.’;{“q for the Juan de Fuca composition at IW+1 is
consistent with the greater amount of Na-loss at low fO; (4) The relatively minor increase
in D%’xmq with decreasing fO5 for the Juan de Fuca basalt (Fig. 3.7b and discussed below)
may be due to increasing Na-loss approximately cancelling the increase in D%)xﬂiq that
would result from reducing the U valence state in the system; (5) A compositional analysis

based on a 3Ca2* <> (U,Th)** + 2Na+* coupled substitution in the clinopyroxene M2 site

appears to account for the variation in my experimental data (see section 3.2.1).

Uranium
Individual clinopyroxene-melt partition coefficients for U are plotted against -logfO2

in Fig. 3.7. The Di71Anpg composition again displays very consistent partitioning for U

(Fig. 3.7a). Individual crystal values for chxﬂiq at each fO; agree to within 1.2 o of the
weighted mean for that fO5. chx/liq also increases with decreasing fO. chxﬂiq for the
Juan de Fuca basalt is similarly well behaved (Fig. 3.7b), with all crystals at a given fO2
statistically agreeing to within 1.1 6. The data are consistent with being constant as a
function of fO, within 1 ¢ of the weighted mean for all crystals, although there appears to

be a slight increase with decreasing fO7. In terms of the standard error of the weighted
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Figure 3.6 Clinopyroxene-melt partition coefficients for Th plotted against [Na]crystal for
TUBAS runs. Note rough positive correlation, suggesting that the presence
of Na may somehow enhance the incorporation of actinides into the

clinopyroxene.
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Figure 3.7
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Individual crystal clinopyroxene-melt partition coefficients for U as a function
of oxygen fugacity for TUBAS runs. (a) Di71Anpg, (b) Juan de Fuca basalt,
(c) Takashima basalt. In most cases the same crystals were analyzed for U
and Th. Offsets in -logfO> are as in Fig. 3.5. The low values illustrate the
very incompatible nature of U in clinopyroxene. All compositions show an
apparent increase in Dcllj”‘/liq with decreasing fO2, which I interpret as
resulting from an increase in the proportion of U4+ in the melt. Note: The
low fO7 runs for the Juan de Fuca basalt have been reanalyzed since
publication of Appendix II, resulting in a slight modification of this figure

relative to Fig. 1 of that paper.
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means, the IW+1 data is 3.5 & higher than the NNO data. As with Th, D¥ for the
Takashima basalt (Fig. 3.7¢) is consistently larger but also more variable than in the other

two compositions, with the variability increasing at IW+1. Even with the scatter, however,

chx/h'q appears to increase with decreasing fOs.

The results for U for all three compositions are consistent with an increase in chxlliq

with decreasing fO;. Iinterpret this behavior as a consequence of the fact that
clinopyroxene preferentially incorporates U4+ over the higher valence states of U. An
increase in the relative proportion of U4+ with decreasing fO; will then lead to an increase
in chx/liq. A preference for U4+ in clinopyroxene can be understood in terms of
established partition coefficient-ionic radius and partition coefficient-charge systematics
(e.g., Onuma et al. 1968). These systematics show that trace cations prefer to substitute
into crystallographic sites of similar ionic radius and charge as the major cation (e.g., Sr
for Ca in plagioclase). Although it has a higher than optimal charge, U in the tetravalent
state is closest to Ca2* relative to US* and U%+. For a given ionic radius, the magnitudes
of crystal-melt partition coefficients drop off precipitously as the charge difference
between the trace (U) and major (Ca) cation increases. Thus in clinopyroxene, where
D?%’ggliq » Dc.?hxﬂiq, it is inevitable that ch’é/liq » D%’g’)‘.ﬂgﬂ. The relative proportion of U4+
in silicate melts has been shown to increase with decreasing fO; (Schreiber 1983; Calas
1979). Therefore, while I have not measured the U valence state distribution in any of my
experiments, the observed decrease in ch"/liq with decreasing fO; is readily
understandable in terms of a change in the U valence state distribution with fO;, and I am
confident that it is real.

In an attempt to estimate the change in chx/liq as a function of the change in the U
redox state, I have estimated U4+/U>+ in my experiments using published measurements of
the U valence state distribution in similar compositions. By combining expressions for

U4+/U5+ and chxﬁiq as functions of oxygen fugacity, I can estimate the change in chleiq

with UH/U5*. Schreiber (1983) has determined U4+/U5+ as a function of oxygen fugacity
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for quenched melts in the Di-Ab-An system at 1250°C. While I have not made any suitable
partition coefficient measurements in this system, I will compare these results to my
partitioning experiments in the Di71Angg composition. Schreiber's data can be represented
by the expression:

-logfO2 = 12.8 + 5.21(logR), [1]
where R = U4+/U5*. A linear fit to the Di7jAngg data in Fig. 3.7a gives the relation:

-logfO2 = 4.28 + 565(DF1). 2]
Setting these two equations equal to each other and solving for logR results in:

logR = 108(DF9) - 1.64, (3]
which can be used to estimate U4+/U>+ for any given value of chxmq. This expression is
based only on the measured variations of U4+/U>+ and chx/liq with fO7 and involves no
assumptions other than the two data sets being compatible. Dcl‘}xﬂiq is plotted against R in

Fig. 3.8. As expected, the U partition coefficient increases with increasing proportion of

U4+, If the clinopyroxene accepts only U4+, then chx/liq should go to zero as the

proportion of U4+ goes to zero, and the curve in Fig. 3.8 should pass through the origin.

This appears to be approximately true, indicating that the change in D%ij'liq with fO2 is
largely controlled by the change in the relative proportion of U4+. The fact that U4+/U5+ at
chxmq = 0 is slightly greater than zero may arise from the failure of the assumptions that

Schreiber’s data apply here or that the variation of chxﬂiq with -logfO3 is linear. Also, the

increasing presence of hexavalent U under oxidizing conditions (U%+ may be more
abundant than U3+ at logfO; = -2) makes the actual proportion of U4+ (U4+/XU) much
smaller than U4+/U5+,

Note that Schreiber's (1983) data predicts that less than 10% of the U is tetravalent at

FMQ (Fig. 3.8). With the assumption that clinopyroxene accepts only U4+, the U partition
coefficient can also be expressed as chx/liq =(U4+/U 5+)D°8’f/liq and the relationship

shown in Fig. 3.8 indicates that DSJ¥19 = 0.07 at FMQ. This value is high compared to

DC]Q’;‘mq, which may mean that U4/U>* is systematically higher in the Di7jAngg
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Figure 3.8 Calculated change in Dc%"ﬂiq with U4+/U5+ for crystallization experiments in

the Di71Anpg system. Expressions for Dc%"mq as a function of fO; (from

Fig. 3.7a) and U4+/U5+ as a function of fO; (from Schreiber 1983) were
combined to give: log(U4+/U5*) = 108(D°‘[’J"fﬁq) - 1.64. Positive correlation

shows that D%’xﬂiq increases with increasing proportion of U4+, supporting

the interpretation that clinopyroxene preferentially incorporates U4+ over

higher valence states of U. Arrow labelled "FMQ" identifies chxmq from

runs at Fa-Mt-Qz oxygen buffer, and corresponds to U4+/US+ <0.1. Due to

the increasing proportion of U+ under oxidizing conditions, the proportion

of U4+ at the point that the curve passes through Dc%xﬂiq = (0 is actually much

smaller than indicated by U4+/U5+,
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composition than that of Schreiber (1983). Nonetheless, the relatively large change in
D%’"Aiq with £ indicates that a significant amount of U>* is likely to be present under
terrestrial magmatic conditions.

The partition coefficient trends for the Juan de Fuca and Takashima compositions in
Fig. 3.7 differ from that for Di7jAnpg9. This difference should primarily reflect a
sensitivity of the U valence state distribution to compositional differences. Calas (1979)
has demonstrated that in addition to oxygen fugacity, the U valence state distribution in
silicate melts depends strongly on composition. Subsequent studies have shown a
specific dependence on the concentrations of other multivalent elements (Schreiber et al.
1987) and a negative correlation of U4+/U3* with (Na + K)/Al in granitic melts
(Yudintsev et al. 1990). The latter dependence predicts that chxﬂiq should be lowest in
the more alkali-rich Takashima basalt, although this is opposite to what I observe. In
addition to affecting the valence state distribution of U, compositional variation could

affect Dcll}"ﬂiq in other ways as well. For example, the relatively small increase in chx/liq

observed for the Juan de Fuca basalt could also be influenced by the same compositional
effect that apparently suppresses ch;ﬂiq in this composition at low fO2. Such an effect

must compete with the increasing proportion of U4+ with decreasing fO2, which should

increase the partition coefficient. These competing forces would tend to pull the U

partition coefficient in opposite directions, resulting in a relatively small net change in

D%’xﬂiq in the different experiments.

Slow Cooling Rate Run

One Di71Anpg run (D2-TUBAS-N) was cooled at 0.1°C/hr, more than an order of
magnitude more slowly than the rest. No published crystallization experiments have been
run at this low a cooling rate. The U and Th partition coefficients measured in this run are
systematically lower than the runs of the same composition and fO; cooled at 1.7°C/hr,

indicating that there may be some dependence of partition coefficients on cooling rate
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(Table 3.3). The individual crystal values are self-consistent within 1 ¢, and the difference
between this and the higher cooling rate runs appears to be real. The crystals from this run
are no different in appearance from the others, and aside from having slightly less AlO3,
have the same major element composition. Thus, the difference in partition coefficients 7
most likely results from a closer approach to interfacial equilibrium in the slower cooling
rate run. This is especially likely given that the fractional decreases are nearly identical for
both U and Th, resulting in DP¥i4D®¥H that is indistinguishable from the 1.7°C/hr
experiments at the same fO9. This indicates that, despite evidence for melt homogeneity
and major element equilibration in the 1.7°C/hr runs, there were still deviations from
equilibrium for U and Th. A likely cause for such deviations is that U and Th were
enriched in the melt adjacent to the crystal-melt interface as a result of crystal growth
outpacing diffusion of these elements in the melt. An alternative explaination is that U and
Th remained homogeneous in all runs, but their partition coefficients increase with the
Al»O3 content of the crystal. The higher actinide partition coefficients in the 1.7°C/hr runs
would thus result from Al,O3-rich boundary layers leading to increased Al,O3 contents. In
either case, there appears to be no practical alternative to circumvent this problem: because
of the extremely slow diffusion of trace elements in clinopyroxene, isothermal experiments
would require about 9 months to equilibrate a 20 pm crystal, the smallest practical size for
SIMS analysis.

The relatively well behaved partitioning behavior of U and Th in the 1.7°C/hr
experiments indicates that, despite deviations from interfacial equilibrium, a pseudo-steady
state existed and that the response of the partition coefficients to factors such as fO; and
composition can be understood in terms of valence state distributions, substitution

mechanisms, and other equilibrium effects.
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Adopted Partition Coefficient Values

As noted above, in some cases is there is variability in the U and Th partition
coefficients, even within a single run, that is beyond the designated errors. Itis possible
that some of the observed partition coefficient variability is due to changes in the partition
coefficients with temperature during crystallization. In principle all crystals nucleate at the
liquidus and grow over the same temperature range, so such an effect would affect all
crystals equally. In reality, although the majority of crystals are of similar size, crystal size
does vary, and it is possible that crystals nucleate over a range in temperature. However,
the temperature range over which crystals were grown is quite small (Table 2.2), and in
addition, my particle track measurements are only made on the central regions of the larger
crystals, further filtering any temperature effects. Another possible effect of temperature is
to change the U valence state distribution in the melt as crystallization proceeds. This could
conceivably be a fairly large effect (the data of Schreiber (1983) indicate that U4+/US+
could decrease by 40% over the temperature range of my experiments), but while it may
affect the U data, there is no equivalent mechanism for the Th variations. Thus,
temperature variations can only play a minor role in accounting for the partition coefficient
variations.

None of the crystals synthesized in this study are morphologically anomalous, and I
made a conscious effort to only analyze the largest, most euhedral crystals. However, in
light of the systematically lower partition coefficients from the slow cooling rate run, much
of the partition coefficient variation in the 1.7°C/hr runs is likely due to variations in the
approach to interfacial equilibrium, e.g., fluctuations of boundary layers from steady-state
during crystal growth. As previously noted, deviations from interfacial equilibrium will
make the measured U and Th partition coefficients high, and in such a case the lower
values would best approximate the equilibrium values. Thus it is possible that the lower

values of ch’l‘lﬂiq in the Juan de Fuca basalt at IW+1 reflect a closer approach to
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equilibrium, with the higher values at the higher fO;s being caused by relatively greater
non-equilibrium effects. This implies that the low fO; somehow induces a closer approach
to equilibrium, or that a closer approach to equilibrium in the lower fO2 Juan de Fuca runs
was simply fortuitous. While these possibilit:ics cannot be ruled out, I know of no
plausible reason why low fO» should be special in this regard. Thus, to allow for an fO;
dependent compositional control on Dch’;{nq, I treat D"%{ﬁq at each fO, separately.

The results of the 0.1°C/hr experiment represent the closest approach to equilibrium.
Nonetheless, as discussed above, it is very likely that the systematic partition coefficient
variations with composition and especially with fO in the 1.7°C/hr experiments are real.
In order to examine the extent of these variations, I must adopt a single value for each
composition and fO; from the 1.7°C/hr data. The simplest option is to take the average.
However, if there is a very large spread in the data for a given composition and fO2, an
average may not be appropriate because boundary layer fluctuations will increase the
measured partition coefficient. In order to weight the lower end of the distributions, I took
the averages of all crystals of a given composition and fO» that plot within 2 ¢ of the crystal
with the lowest value. These are listed in Table 3.6. Only in the case of the Takashima
basalt at IW+1 are these values significantly different from the straight averages.

Assuming that the average degree of disequilibrium in the 1.7°C/hr experiments is the same
for all three compositions, the differences between these values illustrate compositional
effects. To estimate the equilibrium value for each composition and fO», I have
systematically multiplied the values in Table 3.6 by 0.57, the ratio of the partition
coefficients from the 0.1 and 1.7°C/hr experiments (same for both U and Th). These
values are listed in Table 3.7. They are my best estimates of the equilibrium U and Th
clinopyroxene-melt partition coefficients, and retain all of the compositional and fOp

variation observed in the 1.7°C/hr experiments.
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Summary of Clinopyroxene-Melt U and Th Partition Coefficients From 1.7°C/hr Experiments

Composition  fO3 Dcﬁxmq + D?.”ﬁmq + Dc.g?lﬂiq/DC{J’miq +
Di7jAnzg |
NNO 0.00368 0.00019(® 00121  0.0009 33 0.3(®)
FMQ 0.0057  0.0010 00124  0.0017 2.2 0.5
IW+1 00095  0.0008 0.012  0.003 1.3 0.3
Juan de Fuca
NNO 0.0041  0.0003 0.014  0.002 3.4 0.5
FMQ 0.0050  0.0006 0.0123  0.0018 2.5 0.5
IW+1 0.0065  0.0008 0.008  0.003 1.2 0.5
Takashima
NNO 0.0101  0.0019 0.020  0.007 2.0 0.8
FMQ 0.0119 0.0011 0.037  0.006 3.1 0.6
IW+1 0.016  0.003 0.019  0.004 1.2 0.3

(@) Error is the sample standard deviation
(b) Error of ratio is the propagated error of Dy and D}, from first two columns



TABLE 3.7

95

Adopted Clinopyroxene-Melt Partition Coefficients for U and Th(®)

Dcpxﬂ iq

Composition  fO3 chx,‘liq * Th + D‘?]E’ﬁmq/DCSm a4
DizjAnz9
NNO 0.00210 0.00011(®)  0.0069  0.0005 3.3 0.3(c)
FMQ 0.0032 0.0006 0.0071  0.0010 2.2 0.5
Iw+1 0.0054  0.0005 0.0068  0.0017 1.3 0.3
Juan de Fuca
NNO 0.00234 0.00017 0.0080 0.0011 3.4 0.5
FMQ 0.0029 0.0003 0.0070  0.0010 2.4 0.4
IW+1 0.0037  0.0005 0.0046  0.0017 12 0.5
Takashima
NNO 0.0058  0.0011 0.011 0.004 2.1 0.8
FMQ 0.0068  0.0006 0.021  0.003 3.1 0.6
IW+1 0.0091  0.0017 0.011  0.002 1.2 0.3

(a) Values are derived from Table 3.6 by scaling for results of 0.1°C/hr experiment (see text)
(b) Error is the sample standard deviation
(¢) Error of ratio is the propagated error of Dh and Dy from first two columns
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One very important aspect of these partition coefficient measurements is that both the
inter-crystal and inter-run variations in DC.IQ’I‘Imq and D%’xﬂiq are correlated (i.e., the crystals

with lower Dc{i’;lﬂiq also have lower chx/liq)_ Such a correlation would be expected for any

of the variability mechanisms discussed above, and the result is that much of the variation
in the 1.7°C/hr partition coefficients cancels in their ratio, most noticeably at low fO, (Fig.

3.9). This correlation is even more strongly confirmed by the results of the 0.1°C/hr
experiment, which give DC,IQ’;{Hq/D"'I[J”‘/liq equal to those for the 1.7°C/hr runs, despite a

decrease in both partition coefficients (Fig. 3.9a). This correlation is evidence that

D?’;lﬂiq/D%"ﬂjq, which gives a measure of the degree of U-Th fractionation possible by

clinopyroxene-melt partitioning, is more reliably determined than either partition coefficient
separately. While there is still some residual scatter in the data, the spread is less than for
the individual partition coefficients. All values for ch’l‘]ﬂiq/Dchﬂiq for a given composition
and fO, agree to within 2 ¢ of the weighted mean for that fO5, and for the Di7jAnpg
composition the values agree to within 1 G.

Several other observations in Fig. 3.9 deserve noting. First, over the range of fO2s
studied, Dc%xhﬂiq 5 D‘:S"ﬂiq. This establishes that Th is more compatible than U in
clinopyroxene for the compositions studied, and thus that a coexisting melt must be

enriched in U relative to Th. The second important observation is that as fO; decreases,

Dc%/liq/chxﬂiq decreases by up to a factor of three. This decrease results primarily from
the increase in D%”‘/“q, and demonstrates that the degree of U-Th fractionation generated by
crystal-melt partitioning is fO; dependent. Dcﬁmq/Dngq is also approximately
independent of composition (Fig. 3 in Appendix II). These observations suggest that U4+
and Th4+ may be almost indistinguishable in silicate melt-crystal systems, and that the main

reason chg’;]ﬂiq 2 D%”‘mq is that U exists in three valence states, only one of which enters

the clinopyroxene, while all Th is tetravalent. I cannot make any quantitative arguments
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Figure 3.9 ch);‘ﬂiqm%nﬂliq plotted against oxygen fugacity for crystals shown in Figs.

3.5and 3.7. (a) Di71Anzg, (b) Juan de Fuca basalt, (c) Takashima basalt.
Offsets in -logfO; are as in Fig. 3.5. The error bars represent the formally

propagated 1o errors of the individual Th and U partition coefficients. Much

of the variation in Figs 3.5 and 3.7, especially in the low fO7 runs, is gone

because DC]E’}‘lﬂiq and chmiq are correlated. The decrease with increasing fO
3 ; 3 3 . yepx/lig CPX yCPX :

is due primarily to the increase in D™, Note that D7 /DY > 1in all
cases, showing that U-Th fractionation by clinopyroxene-liquid partitioning
during partial melting will result in a liquid has Th/U less than the

clinopyroxene in its source.
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without actually measuring the U valence state distribution in the experiments, but it
remains as an interesting possibility.

3.1.6.2 YULO Runs

Prior to the TUBAS experiments, a preliminary set of clinoﬁyroxenc crystallization
experiments, initiated by Mary Johnson, were run in order to test the hypothesis that
D%)xﬂiq should be sensitive to fO; within the range of fO7s relevant to solar system
magmatic processes. The starting composition, YULO (yellow uranium-low), was a
synthetic AbysAnasDisg glass spiked with 50 ppm 235U and no Th. The procedure used to
prepare this composition, the crystallization method, and the microprobe and U fission
track analyses were the same as for the D2 composition (T; = 1278°C, T; = 1265°C, Tf=
1200°C, cooling rate = 1.7°C/hr). The fO in most runs was controlled by CO-CO,
mixtures; the lowest fO2 runs were made in graphite capsules in a pure CO atmosphere. All
runs consist of clinopyroxene and quenched melt, and some runs produced anorthitic
plagioclase crystals as well. While all runs extended into the plagioclase stability field,
plagioclase crystallization is normally not observed for AbpsAnpsDisg. However, all runs
show major Na-loss, which may facilitate plagioclase crystallization.

Clinopyroxene-melt partition coefficients for U from the YULO experiments are
plotted against -logfO7 in Fig. 3.10. While the quality of this data is lower than that of the
more comprehensive TUBAS experiments, it is sufficient to study the behavior of U
partitioning over a wide range in fO;. The data display an apparent increase in chleiq with
decreasing fO, although the scatter precludes a firm conclusion about whether chxﬂiq
continues to increase below logfO; = -12. The most obvious interpretation of this increase
is that it results from an increase in the proportion of U4+ in the system with decreasing
JO2.

The fO37s of these experiments span from those of terrestrial basalts down to solar
nebula conditions. By analogy with La (same charge and similar ionic radius; see section

4.3), a partition coefficient of = 0.07 is expected for purely trivalent U. This is such a
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Figure 3.10 Individual crystal clinopyroxene-melt partition coefficients for U from YULO

experiments plotted against oxygen fugacity. fO2s extend to more reducing

conditions than TUBAS runs. Results show an apparent increase in chxﬂiq

with decreasing fO,.
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large increase that even a small amount of trivalent U should cause a significant change in

D%x/liq_ The absence of a large increase in the reducing runs argues that most of the U was

tetravalent, but 10% U3+ at the lowest fO2 cannot be ruled out.

7 To be sure that the apparent increase in chx/liq with decreasing fO; is due to the
change in the U valence state distribution, the experiments should ideally be identical in all
other ways. However, the Al20O3 content of the crystals in these runs appears to increase
with decreasing fO7 as well, resulting in a new variable (Fig. 3.11). In the initial phases of
this study this was a concern, as Al203 nominally should not change with fO; in this
system. The observation that it does change suggests that factors other than changes in the
valence state distribution may contribute to changes in the U partition coefficient with fO».

The reason for the increase in AlpO3 with decreasing fO5 is unknown; it does not
occur in the TUBAS experiments. One possibility is that the Al partition coefficient
increases with decreasing temperature, and that at low fO» there was some super-cooling of
the melt and the crystals nucleated and grew during a lower temperature portion of the
cooling range. Alternatively, an increasing proportion of oxygen vacancies with decreasing

fO» could affect the crystal stoichiometry. Increasing oxygen vacancies would lead to a
positive charge excess and thus may favor substitution of A13* for Si%+ in the tetrahedral
site. This latter effect can be quite important in perovskites (Smyth 1989), with large
deviations from stoichiometry resulting in separate, oxygen-deficient layers in the crystal
structure. Whatever the reason, it is possible that the change in chx/liq with fO2 is also
due to these effects, in which case the valence state distribution may not be the primary
control on U partitioning. However, the relatively small change in Al203 and temperature

compared to the factor of three increase in chx/liq argues that the U redox state is the

dominant control. Thus, while U partitioning may be very sensitive to compositional

effects, changes in chx/liq with fO5 for a given composition are predominantly controlled

by changes in the valence state distribution of U. This conclusion is supported by the

results of the TUBAS runs.



105

Figure 3.11 Variation of Al,O3 with oxygen fugacity for clinopyroxene crystals from
YULO experiments. Each point represents the mean value of the crystals
from a single run, and the error bar represents the total range of AloO3
concentrations. There appears to be a slight positive trend, indicating that the

AlyO3 concentration may depend on fO5.
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D%xﬂiq for the Na-bearing YULO composition appears to be slightly lower than for
the Na-free Di71Anpg at the same fO» (see Fig. 3.7a). This indicates that, despite evidence
for actinide partition coefficients being influenced by the Na content (e.g., the correlation
shown in Fig. 3.6 and the discussion in the following section), other compositional factors

must also play a role.
3.2 Compositional Dependence of Actinide Partitioning in Clinopyroxene

3.2.1 Clinopyroxene Substitution Mechanisms for the Actinides

Although I did not set out to rigorously determine the compositional dependence of
crystal-melt actinide partitioning, the compositional variation among the three different
starting materials for the clinopyroxene crystallization experiments allows me to make an
approximate compositional analysis. Several important details such as the location of the
actinide ions in the clinopyroxene, the valence state distribution of U in the melt and
clinopyroxene, and the effect of the change in temperature during crystallization have not
been determined and are bound to affect the results. For example, as the actinides are
highly incompatible, changes in the density of lattice defects or vacancies may contribute to
the observed variation in actinide partition coefficients. Also, the compositional range of
my samples is quite small compared to the range in magma and clinopyroxene
compositions found in nature, so the resolution is limited. Given these considerations, the
results should not be considered definitive and can be taken as aids in determining a more
rigorous compositional dependence.

I have chosen to model the incorporation of actinides into clinopyroxene with a
cationic substitution reaction. There are no independent data to confirm that this is correct,
but the results of the model are consistent with such a mechanism. Electron paramagnetic

resonance measurements suggest that Gd3+ resides in the M2 (Ca) site in diopside (Morris

1975). The ionic radii of eight-fold coordinated U4+, or Uiy, and Thiz; (1.00 and 1.05

A, respectively; Shannon 1976), are comparable to that of Gq;’]‘ﬁ (1.053 A), suggesting
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that the actinides may also substitute into the M2 site. Ug%; and USt; (0.84 and 0.86 A)

are much smaller than Caffﬁ (1.12 A) and thus are unlikely substitutes. The radii of U?ﬁ
and U%* (0.76 A and 0.73 A) are comparable to that of Mg%? (0.72 A), but their higher
charges would require increasingly complicated coupled substitutions. Thus, in accordance
with the partition coefficient-ionic radius and partition coefficient-charge systematics of
Onuma et al. (1968), U#* is likely to be the only important valence state of U incorporated
into clinopyroxene. The observed increase in chx/liq with decreasing fO (Fig. 3.7) also
suggests that clinopyroxene prefers lower valence states of U over higher ones. With these
constraints, I considered coupled substitutions of the form:
3CaM2 & (U, Th)M2 + 2NaM?2
CaM2 + AM1 4 SiT & (U, Th)M2 + (Mg, Fe)M! + AIT
CaM2 4+ 2SiT & (U, Th)M2 + 2A1T
CaM2 + TiM1 & (U, Th)M2 + (Mg Fe)M1
and the exchange reactions I considered are:
(1) Ca3(Mg,Fe)3SigO1gPYX + (U,Th)O3lid + 2Na0 !4 &
(U,Th)Nax(Mg,Fe)3SigO1gPY* + 3CaOliq
(2) CaAlAlISiOgPY* + (U,Th)O5lid + (Mg,Fe)Olid
(U,Th)(Mg,Fe)AlyOgPY* + CaOlid + SiO,liq
(3) Ca(Mg,Fe)SizOgP¥* + (U,Th)O5lid + 2A103pli4 &
(U,Th)(Mg,Fe)Al,OgP¥* + CaOliq + 28i0,liq
(4) CaTiAlLOgPY* + (U,Th)Oolid + (Mg,Fe)Oliq <
(U,Th)(Mg,Fe)Al,0gPYX + CaOlid + TiO,liq
All of these reactions are possible for the basalts, while only (2) and (3) are available
options for the synthetic Di7j Angg composition. This may be part of the reason for the
smaller partition coefficients in this composition.
To get a better understanding of the compositional dependence of actinide

partitioning, it is useful to determine an equilibrium constant for the exchange reaction. For
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llq )3(aP¥x
reaction (1) this can be expressed as: Kj = 9ca0)'q; Th" . where allj’y X s
llq )2(a X)(allq ) Th
aNa 012 Di U;ThO,

the activity of the actinide-bearing pyroxene component in the clinopyroxene. Given
activity-composition relationships for the melt and clinopyroxene components, the
equilibrium constant can be evaluated. I have assumed ideal mixing in the melt (ahq th
where X; = mole fraction); application of the two lattice melt structure model of Nielsen
(1985) does not improve the internal consistency of my data. In deriving activity-
composition relationships in the clinopyroxenes I have assumed ideal random mixing of
cations separately on the M2, M1, and T lattice sites. This assumption has been shown to
be a good approximation for aluminous clinopyroxenes (Cohen 1986). The derivation is
given in Appendix 3.4 and follows the treatment in Beckett et al. (1990).

Equations [A12], [A14], and [A8] from Appendix 3.4 can be combined to calculate
ideal activities of the end-member pyroxene components and the equilibrium constants for
the exchange reactions can be evaluated. For reaction (1) I get:
ap; = &(XDi + XcaTs + XHd + XTia)3(XDi + XEn + XU, Thp)3(2 - 2XT1iA - XCaTs)®

1
au,Thp = T73gXU, Thp(3X1d + 2XU,Thp)A(XDi + XEn + XU, Thp)*(2 - 2XTiA - XCaTs)®.

Noting that Xy Thp is much smaller than any other mole fraction, the equilibrium constant

is:

liq
Xea0  Xu:tnp (X)g)? : 16
li : TR
(xNaOm)2 Xu;grhog 3(Xpi + XcaTs + XHd + XTiA)

To make equation [16] more useful, the mole fraction of actinides in the crystal and
melt can be written in terms of the crystal-melt partition coefficient. At this point, however,
the valence state distribution in the melt must be addressed. For Th, which is all

tetravalent, we have simply
XThp _ =@ DCpx/hq. [17]

liq
XThOz

where gTh is the conversion from a mole fraction ratio to a concentration ratio for Th, i.e.,
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CoRx
XT?“’— =0 Th , where C is the concentration in weight fraction. For the very small U
XTho, CH

and Th partition coefficients, @ can be considered constant and is essentially
compositionally independent. For U, the partition coefficient is the ratio of the
concentration of U in the crystal, which is assumed to be all tetravalent, to the U
concentration in the melt, which includes varying amounts of U5+ and US*, neither of
which are included in the exchange reactions. Thus, in order to include ch"/“q in equation
[16], I need an expression for the fraction of U4+ in the melt (Fy4+). Fys+ could be
estimated from the U valence state distribution data of Schreiber (1983), but, as was shown
in section 3.1.6.1, the compositional differences between the two data sets cast doubt on
their compatibility. An alternative is to assume that only U4+ is partitioned into the

clinopyroxene and that the change in chxfliq with fO» is proportional the change in Fya+.

This can be expressed as:

D$P¥HA = CFyss, [18]
[U4+]cpx

where C = chi‘/liq (ie., [U+liq

) and is assumed to be independent of fO; and constant

for a given composition. Note that equations [3] and [18] relate chxfliq to the proportion

of U4+ in the melt in different forms. The difference stems from the assumptions used. In

deriving equation [3] I assumed that Schreiber's (1983) and the Di71Anpg partitioning data

were compatible but I assumed nothing about the variation of chx/liq with fO;. Equation
[18] is for D%’%‘ﬂgﬂ =0. Aslong as ch’éf},iq is independent of fO; and constant for a given
composition equation [18] is appropriate here because I never have to actually calculate
D%’ﬂiq. This avoids any problems with comparing incompatible data sets. It is possible
that D%”éfiiq varies slightly with fO» as a result of variable Na- or Fe-loss, in which case
equation [18] would not be completely accurate. However, based on the previous
comparison with Schreiber's (1983) U valence state data, the observed change in D?}"ﬂiq
with fO; is comparable to what would be expected as a result of the change in Fy4+,

indicating that to a first approximation this change can be used to calculate Fy4+. A linear
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fit through the data in Fig. 3.7 gives chxﬂiq as a function of fO; for each composition, and

can be expressed as:
DM = _(logfO2)/A - B, [19]

where A and B are constants. A and B for each composition are listed below.

Takashima: AT = 190, BT =0.0323
Juan de Fuca: Aj = 1406, By =0.00116
Di71Angg: Ap2 = 565, Bp2 = 0.00758

Equations [18] and [19] can then be combined to give Fy4+ as a function of fO;:

Fy4+ = [-(logfO2)/A - B]/C. [20]
With equation [20], D‘;S"/Hq can be inserted into the expression for the equilibrium constant

by means of the relation:

cpx/liq
XII_JD _ ®UII:) U
4
Xuo, U¥
cpx/lig
_ PPy [21]
-(logfO2)/A -B
Thus, substituting [17] into [1]_6] for Th and [21] into [16] for U gives:
i Xcio” (X1
Ky, = @, DPYNe—Ca 1d : [22a]
Th ™= ™Th™ Th (XD'];%mﬂ 3(Xpi + XcaTs + XHd + XTia)3
cpx/li li
Ky, = Co DT X (Xya)? _ [22b]
U™ -(logfO7)/A - B (Xfl\;;lzo) 3(Xpi + XcaTs + XHd + XTia)3
Finally, solving for D gives:
lig 2
pepxfiq _ 3Kim, (XNa_Om) (Xpi + XcaTs + XHd + XTiA)3 [23a]
O (x1a)3 (X30)?
lig 2
pepntiq _ 3K1u[-(108f02)/A - B] (*na0,p)” (Xpi + XeaTs + Xud + XTin)® (550
Pl - :

Ty (X1 53 (Xya)?

At a fixed temperature and pressure, equations [23a-b] describe the compositional
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dependence of clinopyroxene-melt actinide partitioning according to reaction (1) for the
compositions I studied. I cannot determine the dependence of the equilibrium constant,
K1, on temperature or pressure with my data, so this expression does not take into account
the "thermodynamic" effect of temperature and pressure (i.e., that contribution that is not
manifest as compositional changes).

Figure 3.12 shows the correlation between D and the right-hand side of equations
[23a-b] (excluding the constant terms 3, K, @, and C) for the two basalt compositions.
There is a positive correlation for both U and Th, indicating that reaction (1) is a viable
substitution reaction for the basalts. Because the constant terms are neglected, different
compositions may have different slopes. The fit is not exceptional, and there are several
possible reasons for the scatter: (1) The partition coefficients are measured from a track
map of the entire crystal while the microprobe analyses are from one spot. Since the
crystals are zoned, variations in the location of the probe analysis with respect to the zoning
profile will introduce scatter; (2) Na-loss from the charges could introduce scatter if
occurred variably before, during, and after crystallization; (3) Variable deviations from
interfacial equilibrium may introduce actinide partition coefficient variations not reflected in
other components. Most notably, the anomalously high Takashima point in Fig. 3.12a is
from T-TUBAS-D, the run with the most heterogeneous glass (see Fig. 3.3); (4) The
activity-composition relationships I've used may be incorrect. Non-ideal mixing in the
clinopyroxene or melt may introduce error in the analysis; (5) The equilibrium constant is
temperature dependent and the crystals were grown over a range in temperature. While AT
is small, this may account for some scatter; (6) The electron microprobe analyses for Na
in the glasses may be affected by variable degrees of Na migration during electron
microprobe analysis; (7) For U, there may be an error in the fO7 correction, as it is
impossible to completely separate the influence of composition and fO2 on D%)xﬂiq; (8)
Other substitution reactions may be variably important in some cases. Given these

complications, the correlations in Fig. 3.12 are about as good as can be expected.
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Figure 3.12 Experimentally determined clinopyroxene-melt U and Th partition coefficients
for individual crystals plotted against the expressions derived from the

substitution reaction 3CaM2 & (U, Th)M2 + 2NaM2 (see text).

lig
(a) DPXid g )&aom) (Xpi + XcaTs + XHd + XTiA)3
Th (Xll 0)3 (XJd)2
(a0, (Xpi + X Xud + XTia)3
b DCPX/llq VS. lo /A nl 301/2 Di + ACaTs + AHd + ATiA
(b) [-( ngZ) (ngo):; (de)z

The positive trend in both diagrams supports the proposed actinide + Na

coupled substitution.
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In addition to the above limitations, the preceding analysis addresses only the
crystal chemical control on actinide partitioning in clinopyroxene. An example of the
additional importance of melt chemistry was discovered by Benjamin et al. (1980) and
Jones and Burnett (1987). For the base composition Di50_Ab25An25 they found that
diopside-melt partition coefficients for U, Th, and Pu decreased by factors of 2 - 9 when 2
- 8% P20s5 was added to the system. They concluded that P2Os5 stabilizes the actinides in
the melt by forming complexes, resulting in a dramatic drop in partition coefficients. This
interpretation is consistent with the results of Ryerson and Hess (1980), who concluded
that REE also form phosphate complexes in silicate melts. While it cannot be isolated, this
effect is not apparent in my results: partition coefficients for the natural, P7Os-bearing
basalts are not low relative to the PoOs-free Di7jAnpg composition. However, the P2Os
contents in the basalts are probably at least an order of magnitude lower than the quantities
added by Benjamin et al. (1980) and Jones and Burnett (1987), making a comparison
difficult. The likely presence of melt composition effects on actinide partitioning hinder
extrapolation of equations [23a-b] to vastly differing bulk compositions.

Equations [23a-b] hold for substitution reaction (1) and can only pertain to the
basaltic compositions; the Di7;Anpg composition is restricted to reactions (2) and (3).
Expressions analogous to [23a-b] can be written for these reactions by redefining the
actinide-bearing pyroxene component accordingly. Upon doing so, only reaction (2)

appears to be potentially viable. The resulting equations for this reaction are:

pepxiq _ 4K2Th (XMgO)
Th li
Om (X5id )Xy

(Xpi + XcaTs + XHd + XTiA)(2 - 2XTiA - XCaTs)(XCaTs + XJd)
(Xcats + 2XT1iA)(XDi + XEn)

[24a]
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Dcpxmq_4K2U[ (logfO)/A - Bl  (Xpdo)

CQ li li
(X5id,)Xca0)
(Xpj + XcaTs + XHd + XTia)(2 - 2XTiA - XcaTs)(XcaTs + X.Id)

(XcaTs + 2XT1iA)(XDi + XEn)

[24b]
Plots of D vs. the right-hand side of equations [24a-b] for all three compositions are shown
in Fig. 3.13. These results indicate that reaction (2) may be significant in some cases. For
the Di71Anpg composition there is a fairly good correlation for U; there is little variation in
partition coefficient or equation [24a] for Th. The correlation for the Juan de Fuca basalt is
good for both Th and U, indicating that reaction (2) may also be a substitution mechanism
for this composition. Both correlations are poor for the Takashima basalt. Based on the
quality of the correlations, the most likely substitution mechanisms appear to be reaction (1)
for the Takashima basalt, reactions (1) and (2) for the Juan de Fuca basalt, and perhaps

reaction (2) for Di7;Anag.

3.2.2 Relationships Between Actinide Partitioning and Major Element Composition

Based on the above analysis, the 3CaM2 & (U, Th)M2 + 2NaM2 coupled substitution
(reaction (1)) appears to be the predominate actinide substitution mechanism for the
clinopyroxenes in the two natural basaltic systems I studied. Reaction (2) also appears to
be important for the Juan de Fuca composition. If substitution reaction (1) is important for
basaltic rocks in general, it may be possible to qualitatively predict actinide partitioning
behavior based on composition. The compositional term on the right side of equations
[23a-b] is fairly complicated, and its relationship to more conventional compositional
classifications (e.g., peralkaline vs. peraluminous) is not obvious. However, certain
inferences can be made. For example, the expression (Xpj + XcaTs + XHd + XTia) will
typically be dominated by Xpj, suggesting that actinide partition coefficients may be

sensitive to the diopside content of pyroxenes. McKay et al. (1986) have observed a
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Figure 3.13 Individual crystal clinopyroxene-melt U and Th partition coefficients plotted
against expressions derived for substitution reaction of the form CaM2 + AM1
+ SiT = (U,Th)M2 + (Mg Fe)M! + AIT:

hq )

(@) Dcpx/hq li i
(XSi%z)(Xl )

(Xpi + XcaTs + XHd + XTia)(2 - 2XTiA - XcaTs) XcaTs + Xjd)
(Xcats + 2XTiA)(XDi + XEn)

i
(b) Dclyj)x/liq vs. [-(logfO2)/A - B] l(lx h;[?lol)lq
(Xs5id,) Xca0)

(Xpi + XcaTs + XHd + XTia)(2 - 2XT1iA - XcaTs)(XcaTs + X1d)
(Xcats + 2XT1iaA)(XDi + XEn)
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broadly analogous correlation between DPRXQE‘ and the pyroxene wollastonite content in a
synthetic shergottite composition. Also, the equal weight of the diopside and hedenbergite
components indicates that actinide partition coefficients should be independent of the Fe/Mg
ratio of the clinopyroxenes. The above examples illustrate some potential compositional
dependencies of clinopyroxene-melt partitioning for the actinides. However, as all
compositional changes are interrelated, identifying a causal relationship between only a part
of equations [23a-b] and partition coefficients may be misleading. Another approach is to
make some approximations in order to simplify equations [23a-b] down to a petrologically

more intuitive expression. I have approximated equation [23a] in the following expression:

lig 2  vcopxy3

ch:lc]ﬂiq - (&;{01/2) (XCaO)
iq \3 (wCPX 2

(Xca0” XNa0y

cpx/li
Na

where the constant terms have been dropped. As before, dropping K may limit its
applicability to samples that span very large ranges temperature or pressure. Otherwise,
this expression is a fairly good approximation of equation [23a], as confirmed with the
Juan de Fuca and Takashima data. The main deficiencies are that the Al and Ti contents of
the pyroxenes are not represented. The Ti content of most terrestrial pyroxenes is fairly
low, and to a first approximation the presence of the CaTs and Jd components in the
numerator and denominator, respectively, will tend to cancel the effect of Al to some
extent. The effect of fO, will vary in different systems, but could be approximately
accounted for by including a generic correction analogous to that in equation [23b].

Equation [25], which is based on substitution reaction (1), should approximately
describe the crystal-chemical contribution to the compositional dependence of

clinopyroxene-melt partitioning of U and Th for natural systems. Unfortunately, the

existing data set of clinopyroxene-matrix partition coefficients for U and Th is considered
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unreliable, mainly due to the likelihood of accessory phase contamination (see section 4.2).
Therefore, a test of this expression must wait until more reliable in situ U and Th partition

coefficient measurements are available.

3.3 Olivine

The 1 atm liquidus phase for the "unfortified" Takashima basalt (without the 10 wt%
CaSi03) is olivine, and a batch of this composition was spiked in order to measure olivine-
melt partition coefficients for U and Th. A single run was performed at FMQ (see chapter
2 and Table 2.2 for experimental details), which produced large (= 100 x 150 pm)
subhedral to skeletal olivine crystals. The compositions of the olivine and coexisting
quenched melt are listed in Table 3.1. A zoning profile shows that the major and minor
elements vary smoothly, with the major elements zoned from Fogg at the core to Fogy at the
rim. As expected, the U and Th partition coefficients for olivine are very low. Using the
same analytical procedures as for the clinopyroxene experiments, both D%f“q and D?rl’;l]iq are
below the detection limits (no tracks from the olivine crystals were recorded). In an effort
to further limit the Th partition coefficient, the 230Th alpha particle exposure was repeated,
this time for over two months (1576 hours) and still no alpha tracks from the olivine were
recorded.

From these null results, I can assign upper limits for olivine-melt partition
coefficients. Since there are no tracks from the crystals, I used an upper limit of one track
per crystal to calculate a partition coefficient. These values, which have been range and
zoning corrected, are listed in Table 3.5. To illustrate how low these partition coefficients
are, they are plotted along with the total range of experimentally measured values for
clinopyroxene in Fig. 3.14. The reason that these partition coefficients are so low is

presumably because of the large difference in ionic radius between the actinides and Mg.

In the case of clinopyroxene, the M2 site normally occupied by Ca@['ﬁ (ionic radius = 1.12

A; Shannon 1976), is large enough to accommodate some L{fﬁ] and T]{}ﬁ"l (1.00 and 1.05



123

Figure 3.14 Upper limits for olivine-melt partition coefficients for U and Th from the
olivine crystallization experiment plotted against oxygen fugacity. Note log
scale on Y axis. No tracks were recorded for olivine crystals, and upper
limits were determined by assigning one track to a crystal. The downward
arrow from data points indicates upper limit. The range of TUBAS
clinopyroxene values is plotted for reference, showing that the actinides can

be considered almost totally incompatible in olivine.
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A, respectively), while the much smaller M1 site in olivine, normally occupied largely by
Mg2t (0.72 A) is apparently too small to incorporate Uy and Th{ (0.89 and 0.94 A).
Thus, as with most other large ion lithophile elements, the actinides are strongly excluded
from the olivine structure. -

These low olivine melt partition coefficients place upper limits on any non-
equilibrium partitioning mechanisms or analytical artifacts that are not sensitive to a specific
mineral, such as incorporation of melt micro-inclusions or surfacial polishing
contamination.

These extremely small olivine-melt partition coefficients, which are effectively zero

for most purposes, rule out olivine as playing any role in equilibrium crystal-melt U-Th

fractionation.

3.4 Garnet

The garnet crystallization experiments (see chapter 2 and Table 2.2 for experimental
details) yielded 1 - 3 medium to large (40 - 100 um in diameter) euhedral garnet crystals
plus numerous smaller (5 - 25 pm) gamnet crystals and quenched silicate melt. All of the
crystals are concentrated on the margins of the charge, with most located near the bottom.
Representative major element compositions of the large garnet crystals and quenched melt
are given in Table 3.8. The crystal fractions, also listed in Table 3.8, are 10 - 14%. One
of the runs (G14-SMUT-8) contains irregularly shaped SiO3 inclusions concentrated
towards the center of the large crystals. I am uncertain whether they are crystalline or
glassy, or how they formed. They resemble melt inclusions, although I find it unlikely that
a melt inclusion could subsequently differentiate to garnet + SiO;. One possible origin of
these inclusions is that they are quartz crystals that were either present in the initial starting
material or formed during the initial heating of the charge. Before they were able to
dissolve they apparently acted as nucleation sites for the garnet and were then isolated from

the melt and persisted throughout the subsequent cooling interval. In their phase
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equilibrium study, Green and Ringwood (1968) found that at 27 Kb, clinopyroxene +
quartz + garnet are stable in this composition up to 20°C below the liquidus temperature.
Whatever their origin, the inclusions represent less than about 15% of the total crystal area
and are onlSz present in the centers of the largest garnet crystals in one run. The outer
regions of these garnets are clean, inclusion-free, euhedral crystals.

The garnet crystals are zoned, and the core to rim variation in major element
concentrations of the garnets, cast in terms of end-member components, is approximately
Pyropesi-39Almandine3s 47Grossulary4.19. The range of compositions is also shown on a
pyrope-almandine-grossular ternary plot in Fig. 3.15. These compositions are somewhat
more almandine-rich than garnets found in peridotites or that crystallize from basalts. In
the glass, concentrations of compatible and incompatible elements decrease and increase,
respectively, towards the end of the charge containing the bulk of the crystals. Thus,
variability in the ratio of an incompatible to compatible element is the most sensitive index
of heterogeneity. The standard deviations of FeO/K70 are 5.8% and 7.8% in runs G14-
SMUT-6 and 8, respectively. Although not especially large, these variations indicate that
there are moderate chemical heterogeneities in the glass, apparently indicating that the melt
did not remain homogeneous during crystallization. Given the high silica and alkali
contents of this composition and the higher cooling rates relative to the clinopyroxene runs,
this degree homogeneity is acceptable.

Garnet and quenched melt were analyzed for U, Th and Sm by SIMS measurements
on the crystals and glass, and results are listed in Table 3.9. The SIMS glass analyses are
homogeneous within measurement error in both samples, and the average value is used for
partition coefficients. Because of the large beam diameter (10 pm), difficulties in spot
placement, and the relatively small garnet crystal size, SIMS analyses were restricted to
crystal cores in all but one crystal, in which a rim analysis was also obtained. No SIMS
analyses were made on crystals with visible SiO» inclusions. 30Si-normalized ion

intensities and partition coefficients are listed in Table 3.9. Partition coefficients were
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Figure 3.15 Range of major element compositions of experimentally grown garnet crystals
plotted on a pyrope (Mg3Al2Si3072)-almandine (Fe3AlSi3012)-grossular
(Ca3zAl2Si3012) garnet ternary. The plotted range is Pys1.39Al34.42Gr14.19,
and represents the amount of compositional zoning from core to rim of single
crystals. The compositions are more almandine-rich than basaltic or

peridotitic garnets.
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calculated directly from the ion intensity ratios because no standard was available for U and
Th in garnet. While this is an oversimplification, I believe that the partition coefficient
values determined this way are accurate to within £30% because (1) the sensitivity factors
for geochemically similar elements such as U and Th are likely to be similar. Further, the
ratio of the sensitivity factors between glass and gamet for U and Th are likely to be even
more similar (A. Kennedy, pers. comm.), so that Dy/Dy is insensitive to sensitivity
factors and is more tightly constrained than either partition coefficient separately; (2) CaO
concentration is often the most important compositional variable in determining matrix
effects (I. Hutcheon, pers. comm.), and the difference in CaO contents between the glass
and garnet in my experiments is less than 2 wt% (Table 3.8); (3) the Sm partition
coefficients determined from ion intensity ratios agree with partition coefficients determined
from electron microprobe analyses (Table 3.10).

SiO; inclusions are present in the 3 largest garnet crystals in G14-SMUT-8, but the
SIMS analyses were made only on crystals with no visible SiO3 inclusions. I suspect that
some of the analyzed crystals in this sample also have such inclusions, but that the sections
of these crystals are above or below the center. While there are some variations in the
intensity ratios outside of errors, there is no systematic difference between the two
samples. This indicates that, if present in any of the analyzed crystals, SiO7 inclusions had
no detectable effect upon crystal-melt partitioning during subsequent garnet growth.

The crystal core analysis in G14-SMUT-6x1 gives the lowest intensity ratios for
either sample. This crystal is nearly twice the diameter of all others analyzed, and the
higher values in the smaller crystals probably indicate that they nucleated substantially
below the liquidus and hence grew from a more trace element enriched melt. This may be
enhanced by local super-cooling, leading to rapid growth and boundary layer enrichments.
A less likely possibility is that the smaller crystals were able to re-equilibrate with the melt
through solid-state diffusion. The rim analysis from G14-SMUT-6x1 gives higher

apparent partition coefficients than the core, consistent with increasing incompatible
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TABLE 3.10
Comparison of D§4 determined by SIMS and electron microprobe (EMP) analysis

Dy

Crystal SIMS EMP(2)
G14-SMUT-6x1C 36+.02(b) 42+.06
G14-SMUT-6x1R 43+.06 .51+.07
G14-SMUT-6x2 45%.02 48£.07
G14-SMUT-6x3 .39+.02 45£.06
G14-SMUT-6x4 42+.02 49+.07

(a) Determined from an average of 3-7 points near crystal core, except G14-
SMUT-6x1R, which was determined from 2 rim analyses.

(b) Errors represent one standard deviation among the intensities measured in
30 mass scan cycles (see section 2.4.4)
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element concentrations from core to rim. For Rayleigh fractionation of highly incompatible
elements, the rim and core partition coefficients should be related by the expression:

DR = (1 - FyD- 1= (1 - Fyl,
core

and for 10% crystallization (Table 3.8) this equation predicts DD;’:; = 1.11. The data in

Table 3.9, however, give rim/core partition coefficient ratios higher than predicted. In
addition, because of the 10 pm beam diameter and difficulties with spot location, the rim
analysis was not actually at the crystal rim, and the true Dri, is probably higher than
measured.

A potentially straightforward interpretation of this departure from the predicted zoning
behavior is that boundary layers developed adjacent to the growing garnet crystals. A
second possibility, however, is that Dgﬁ]‘iq and D%t/liq vary during garnet growth in
response to major element zoning. Unlike the case for the clinopyroxene crystallization
experiments, there is a considerable degree of major element zoning in these garnets (Fig.
3.15). It is quite possible that garnet-melt partition coefficients for trace elements depend
on the major element composition of the garnet, and major element variations may result in
trace element partition coefficients not being constant throughout the crystallization.
Further, the temperature interval in these experiments is relatively large (Table 2.2), which
also may affect trace element partition coefficients. Nonetheless, as the contribution of
these latter effects cannot be quantified, I have calculated preferred partition coefficient
values from the core analysis of G14-SMUT-6x1 using the zoning correction above.
These preferred garnet-melt partition coefficients, also listed in Table 3.9, are near the low
end of the total spread but conform with the values for several of the smaller crystals. This
conformity is consistent with smaller crystals nucleating late during the cooling interval,
and thus attaining higher bulk trace element concentrations. If the compositional or
temperature variations are important, the rim values may reflect the true equilibrium values

and the preferred values will be slightly low.
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The low U and Th partition coefficients listed in Table 3.9 indicate that, as with
clinopyroxene, U and Th are very incompatible in garnet. G14-SMUT gamet-melt
partition coefficients for U and Th are plotted against oxygen fugacity in Fig. 3.16. The

range of clinopyroxene values is also shown for reference. A very important observation

in Fig. 3.16 is that Dg(tj/liq » D%ﬁhq opposite to what was found for clinopyroxene. This
observation is further illustrated in Fig. 3.17, which shows D%‘{]'i?Dgltjliq vs. -logfOy,

again with the clinopyroxene data for reference. The fact that D%{li?nglliq < 1 means that

U is more compatible than Th in garnet, and thus that a partial melt will have a greater Th/U
than the garnet remaining in the source. While the magnitudes of the partition coefficients
are still small, the sense of U-Th fractionation possible by garnet-melt partitioning is
opposite to that of clinopyroxene. This may have very important implications for MORB

and OIB petrogenesis, as discussed in the next chapter.
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Figure 3.16 Garnet-melt partition coefficients for U and Th plotted against oxygen
fugacity for high pressure G14-SMUT experiments. Horizontal arrows on
points indicate that the fO5 plotted is for the C-CO-CO; buffer and is an upper
limit for the actual conditions of the experiments. Range of values from
TUBAS clinopyroxene experiments is shown for reference. Partition
coefficients are quite small, indicating that U and Th are highly incompatible

in garnet. Note however, that DthJ,fliq > D%%u‘,l opposite to what was found

for clinopyroxene.
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Figure 3.17 D%’{Jiq/Dgg“q vs. -logfO> for the partition coefficients shown in Fig. 3.14,

with the TUBAS clinopyroxene data plotted for reference. Horizontal arrow
on points indicates that the fO» plotted is for the C-CO-CO; buffer and is an
upper limit for the actual conditions of the experiments. D.gr‘rjlliq/ng”]icl <1 for
garnet, indicating that U is more compatible that Th in garnet and thus that a

partial melt will have Th/U greater than its source.
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Appendix 3.1: Fission and Alpha Particle Range Correction Factors
Fission and alpha particle ranges are expressed in mg/cm2, and are dependent upon
the atomic number of the matrix. Equations for fission fragment ranges are given by Mory

et al. (1970), and for alpha particle ranges by Friedlander et al. (1964); these equations are
also listed in Benjamin (1980). The correction factors, tabulated as %i]; are all greater

than one. Track density ratios are multiplied by this correction factor and, in the case of

230Th alpha tracks, an exposure time correction, to give the mass concentration ratios:
[235UJepx _ Nepx Rgl -
235Ulg  \ Ngt fep \Repx jop’

o= (V) (ReL), (),

Rgl/Repx Reg1/Repx

Sample Fission Alpha mpl Fission Alph

D2-TUBAS-G 1.045 1.041 J-TUBAS-H 1.028 1.032
D2-TUBAS-E 1.003 1.004 J-TUBAS-L 1.020 1.018
D2-TUBAS-F 1.013 1.013 T-TUBAS-C 1.014 1.013
D2-TUBAS-N 1.015 1.013 T-TUBAS-I 1.002 1.004
D2-TUBAS-H 1.034 1.032 T-TUBAS-B 1.014 1.014
D2-TUBAS-L 1.017 1.018 T-TUBAS-D 1.020 1.022
J-TUBAS-G 1.028 1.032 T-TUBAS-H 1.007 1.009
J-TUBAS-E 1.020 1.018 TO-TUBAS-D 1.037 1.032

J-TUBAS-F 1.024 1.022
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Appendix 3.2: Derivation of Zoning Correction

The crystals in these experiments were grown by fractional crystallization and are
therefore chemically zoned. Because fission and alpha particles have a non-zero range,
tracks in the crystal near the crystal-glass boundary may be contributed by the glass and
cannot be counted. I therefore must correct for zoning only up to the fraction of
crystallization analyzed. The measured track density in a crystal corresponds to the average
concentration of a trace element, i, in the crystal integrated up to the analyzed fraction of the

total amount of crystallization. This can be expressed as:
JVFCX[I dF'

(C%“‘)J]%, [a]
OFdF'

where C is concentration, F is the total crystal fraction, and v is the volume fraction of F

analyzed. If the true partition coefficient, D, is defined as (I,?‘u/(:]ijq , then at any point

during fractional crystallization the concentrations in the crystal and liquid are:

¢ =clip(1-FP-1, [b]
and
ci4 =clida - pP-1, [c]

where Cll-ig is the initial concentration of i in the liquid. Substituting [b] into [a] and

performing the integration yields:

xtl Clllc()1 D
(S =—F11-1-vFP]. [d]
The measured partition coefficient, Dy, is given by (CF)/Ci4 . Substituting [c] and [d]
into this expression gives:

_[1-(Q1-vFhDP]
“VF(1-F)D-1° fe]

Dm

This can be linearized by setting g(D) = (1 - vF)P and taking a first order Taylor Series

expansion about D = 0:
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gD) =1+ DIn(1 - vF), (f]

and

[1-(1-vE)P]=1-g(D)=-Dln(1-VE). (]
Similarly, setting y =D - 1, h(y) = (1 - F)Y, and taking a first order Taylor Series
expansion about y = -1 we get:

[1 + DIn(1 - F)]

e T [h]
and

vE(1 - PP~ 1 =ML DA - D] il
Substituting [g] and [i] into the numerator and denominator of [e] and solving for D results
in:

D =Dm F-DyIn(1 - VF‘;F-‘ VEDoIn(l - F) - 0l

Noting that the right hand term in the denominator is much smaller than the left hand term

for the very small partition coefficients I measure, this can be simplified to:

vF
D =Dm (F - 1yIn(l - vE) * [k]

where D is the zoning corrected partition coefficient.
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Appendix 3.3: Calculation of Pyroxene End-Members

The method I used to calculate the proportions of the various pyroxene end-member
components is only slightly different from that of Lindsley and Andersen (1983). The
pyroxene analyses are first converted cation proportions based on six oxygens. The ferric-
ferrous Fe ratio is not determined in electron microprobe analyses, and rather than attempt
to calculate it, I have taken all Fe as Fe2*. This eliminates acmite as a possible end-
member. Tetrahedral Al is calculated as 2 - Si, and the remaining Al is taken as octahedral
(Alyp. Cr and Mn are combined with Alyy and Fe, respectively. Mole fractions of
pyroxene end-members are then calculated as follows:

1. Jadeite (Jd; NaAlSioOg) = Na

2. Ti-augite (TiA; CaTiAlxOg) = Ti

3. Ca-Tschermak's (CaTs; CaAl2SiOg) = Alyj - Na.
For the purposes of plotting pyroxene compositions on a Wo-En-Fs ternary, the main Ca-,
Mg-, and Fe-bearing components are calculated in terms of normalized Wo-En-Fs:

4a. Wollastonite (Wo; CazSipOg) = [Ca - (TiA + CaTs)]/2

5a. Enstatite (En; MgaSizOg) = (1 - Wo)*(1 - Fe#)

6a. Ferrosilite (Fs; FeaSigOg) = (1 - Wo)*Fe#,
where Fe# = Fe/(Fe + Mg).
For calculating mole fractions of end-member clinopyroxene components to be used for
modelling activity-composition relationships, the main Ca-, Mg-, and Fe-bearing
components are calculated in terms of Di-Hd-En:

4b. Hedenbergite (Hd; CaFeSizOg) = Fe

Sb. Diopside (Di; CaMgSi»Og) = Ca - (TiA + CaTs + Hd)

6b. Enstatite (En; Mg2Si20¢) = (Mg - Di)/2.

The mole fractions of the end members are listed in Table A3.3.1.
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Appendix 3.4: Derivation of Activity-Composition Relationships for
Clinopyroxenes

From the definition of activity, the activity of a component, i, in solid solution at
constant temperature and pressure is:

i = exp| g (gmi) ], [A6]
where n; is the number of moles of component i. The free energy of mixing can be
expressed as:

AGnix = AHpix - TASmix. [A7]
For ideal mixing I assume that only configurational entropy terms are important, i.e., that
ASmix = ASconf, and that AHpix =0 (e.g., Nordstrom and Munoz 1986). Making these
simplifications to [A7] and substituting into [A6] gives:

ai=exp| & aAaSni f) ] (A8]

The molar configurational entropy change of mixing can be can be calculated from the
Plank-Boltzman equation, resulting in:

AS gonf = -R)]:[mj;N{ln(N{)], [A9]
where mj is the number of atoms on the jt crystallographic site, and NJ; is the mole fraction

of the ith atom on the jth site.

Table A3.3.1 lists the cation proportions based on 6 oxygens and the calculated mole
fractions of end-member compositions for the clinopyroxenes in this study. It should be
noted that end-member clinopyroxene mole fractions and the activity-composition
relationships for clinopyroxene derived in this appendix are independent of the number of
oxygen atoms used to calculate the cation proportions. The procedure I used to calculate
the end-member components is slightly modified from the scheme of Lindsley and
Andersen (1983; see Appendix 3.3). From the end-member components listed in Table

A3.3.1, the structural formula of the general pyroxene solid solution in my experiments is
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(Ca,Na,Mg,U,Th)Mz(Mg,Fe,Al,Ti)M1(A1,Si)§06, [A10]
where the superscripts indicate the eight-fold coordinated M2, octahedrally coordinated
M1, and tetrahedral sites. In order to evaluate equation [A9], I need to relate cation mole
fractions (NJ;) to the more useful end-member pyroxene mole fractions (X;). This is done
by equating each cation mole fraction on a particular site to the sum of the mole fractions of
the end-member components weighted by their mole fraction of that cation on that site. For
the set of major components listed in Table A3.3.1 and the actinide-bearing pyroxene

defined by reaction (1) this yields:

N2 = Xpj + XcaTs + XHd + XTiA [Alla]
2 3Xj4 + 2XU:
NMz = XiEn [Allc]
Nith = 3XU. Thp [Alld]
N%é = XDi + XEn + XU,Thp [Alle]
NFe =Xud [A11f]
N[ = XcaTs + X4 [Allg]
NT = XTia [Al1h]
NA| = @XTia + XCaTs)/2 [A1li]

Xcats _ 2 - 2XTia - X |
NJ; = Xpi + Xua+ Xyd + Xgn + XU,Thp + CzaTs = T‘% CaTs = [A11j]
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Substitution of [A11la-j] into [A9] gives the molar configurational entropy of the
pyroxene solid solution, [A10]:
AScone=-R [3(XDi + XcaTs + XHd + XTia)In(Xpi + XcCaTs + XHd + XTiA) +
(3Xyq + 2Xu,Tpn G224 2XUThe) 4 3xp 10Xy + Xumhpln(FGTE) +

3(Xpi + XEn + XU, Thp)In(Xpi + Xgn + XU, Thp) + 3XHalnXHd +
3(Xcars + Xja)In(XcaTs + Xjd) + 3XTiAlnXTiA +

3(2X1iA + XcaTs)In(E2 1A Y XCaTs)

2-2XTiA - X
3(2 - 2Xria - Xcaroln {2 2XTA - Xy | [A12)

Equation [A12] must be rederived for each substitution reaction that involves a new
pyroxene end-member. In order to use this expression for configurational entropy to
calculate activities, equation [A8] must also be converted from cation mole fractions to end-

member pyroxene mole fractions. This can be done by noting that n; = f(nyoy, X1, X2,

sesy

Xc) and using the chain rule:
0AS %AS dnyo; . 0AS 90Xy  JdAS 9X» dAS oX¢ A13
o0~ Ongy 90y T Xy Om T oXz om T T 9K, o [A13]
0AS
aﬂw[

where c is the total number of end-member pyroxene components. AS = niAS, so

dnyoy
AS and a ni

0Xx 9 -ng _ -Xk

= Tk =2k and
an; anl ntot) n%ot Niot .
aXl ntol - nl 1 = Xl

Bnl aﬂ: nlol) ot
"mt

oX
= 1. The derivatives on can be written as:

?

and equation [A13] becomes:
0AS OAS(-XkY) , 0AS(1 - Xj
dnj = Z;*Iaxk\ntol TOX; \ ot

s. 1 [ oAS 0AS
=AS + Niot aXl EXka

aAS aAS

Substituting equation [A12] into [A14] gives %ﬁ—s as a function of the mole fractions of the
1

[Al4]

pyroxene end-members, and substitution of that expression into [A8] then gives the activity

of end-member i as a function of the mole fractions of the pyroxene end-members.
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CHAPTER 4
Discussion and Application of Results

4.1 Summary of Results
The results of clinopyroxene crystallization experiments show that Dcﬁl"ﬁq -3 D%”‘mq
for the compositions and fO7s studied (Fig. 3.9). The fOss studied range from the Ni-NiO

to one log unit more oxidizing than Fe-FeO buffer and span the range of most terrestrial

magmas. Dc{i’;lﬂiq is approximately independent of fO; for two out of the three
compositions (Fig. 3.5); in the Juan de Fuca basalt, Dcil’.’;lﬂiq may decrease with decreasing
fOn. This decrease is correlated with a decrease in the Na concentration of the system,
which results from increasing Na-loss from the charge with decreasing fO;. D%’"ﬂiq
increases with decreasing fO», which I interpret as resulting from an increase in the
proportion of U4+ in the system under more reducing conditions (Fig. 3.7). While I have
not measured the valence state of U in my experiments, this interpretation is consistent with
studies of the U valence state distribution in silicate melts of similar compositions (Fig.
3.8). Based on such measurements, the melts in these partitioning experiments contain a
significant proportion of U3+, possibly as much as 90%.

The partition coefficients are sensitive to composition. Both Dch);llliq and chx/liq are
greater in the Takashima basalt than in the other two compositions. This distinction may be
due to the higher NapO concentration in the Takashima basalt, although other factors
undoubtedly play a role. The partition coefficients for the basalts appear to be consistent
with a 3Ca2+ < (U, Th)%+ + 2Na+ substitution reaction in the M2 site (Fig. 3.12), which
predicts a positive dependence of the actinide partition coefficients on (Dccp;cﬂiqp/(D%»;/liq)z.

Partition coefficients from a 0.1°C/hr cooling rate experiment are systematically lower
than those from the 1.7°C/hr runs, indicating that there were deviations from interfacial

equilibrium in the 1.7°C/hr runs. While the individual partition coefficients from the slow
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cooling rate run are lower, Dc{i’;lﬂiq/D%’xmq is independent of cooling rate. At the Fa-Mt-Qz
oxygen buffer, which is thought to be a fairly typical fO; for terrestrial magmas,
DC.F’;lﬂiqchgxﬂiq =2 - 3 for all three compositions studied (Fig. 3.9). This means that Th is
more compatible than U in clinopyroxene under these conditions, and thus that a partial
melt will have a lower Th/U than the residual clinopyroxene in the source. Dc%ﬂiqm%nxﬂiq
decreases under more reducing conditions, primarily from an increase in chx/liq.

Olivine crystallization experiments show that D‘?I.V#q and D?Jl/liq are less than 5 x 105,

effectively zero for most purposes (Fig. 3.14). Garnet -melt partitioning experiments

demonstrate that Dgl_t/llliq < DgUt/liq_ This is opposite to clinopyroxene (Fig. 3.17), but the

magnitudes are very low, making large U-Th fractionations difficult.

4.2 Comparison With Previously Published Data

There are few experimental data with which I can compare my results. For
clinopyroxene, Benjamin et al. (1980) measured Dcrl@;l/liq =0.029 and chxmq =0.018 for a
DispAbazsAnps composition at 20 Kb, 1500°C, and an fO; of 0.5 log unit more reducing
than the Fa-Mt-Qz buffer. These values are somewhat higher than my values for the
Di7;Anpg TUBAS experiments (Table 3.7) or the DispAbpsAnas YULO experiments. The
higher values of Benjamin et al. (1980) may be due to the higher pressure and temperature
of those experiments. From an experiment with a natural Kilauea tholeiite at 1200°C and

14 Kb, Tatsumoto (1978) measured DP9 = 0,021 and DP9 = 0.014, which are

comparable to the values for the Takashima composition (Table 3.6). Watson et al. (1987)
measured chx/liq = (0.0003 for Cr-diopside in an Fe-free haplobasalt sealed in air in a
platinum capsule, but as they point out, the high valence states of U likely to be present in
these runs casts doubt on the significance of their value to natural conditions.

Significantly, both studies that report U and Th partition coefficients are consistent with my

results in finding D1y,/Dy > 1.
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Kato et al. (1988) have published the only experimental garnet-melt partitioning data
for the actinides, and they report only that DgU‘ﬂiq and Dg%/tlliq are probably smaller than 0.1
for majoritic gamet in ultrabasic and basic compositions at 16 - 20 GPa and 2090 - 2260°C.
This is a rather poorly constrained result, but is consistent with my results for pyrope-
almandine garnet-andesite partitioning at 27 Kb (2.7 GPa) and 1355 - 1313°C (Table 3.9).

Nagasawa and Wakita (1968) measured U and Th partition coefficients between large
augite crystals and groundmass in the Takashima basalt. In contrast to my results, they
measured a lower D28/M3X = 00121 and a higher DY¥™™ = 00167, giving a
significantly lower Dp/Dy = 0.73. The reason for this discrepancy is not obvious, but I
propose that the composition of the groundmass Nagasawa and Wakita (1968) analyzed
may not represent the liquid that the augites equilibrated with. Nagasawa's lab has a
reputation for doing very careful, thorough mineral separations, and thus contamination of
the clinopyroxene separates with glass seems unlikely. However, as they state, there is no
definite evidence that the augites are in equilibrium with the groundmass. Based on the
high AlpO3 content of the augites and bronzites in the Takashima basalt, Kuno (1965)
concluded that these phases crystallized at a pressure corresponding to a depth near the base
of the crust. Subsequent lower pressure differentiation, partial re-equilibration of high
pressure phases, assimilation of the various mafic inclusions present, or any other
fractionation mechanism during the (possibly long) time between augite crystallization and
eruption may have changed Th/U of the liquid. One such process is the precipitation of
small U- and Th-rich accessory phases after the augite. To facilitate locating such phases, I
made a fission track map of a section of the Takashima basalt by irradiating it with a
neutron fluence of 1.1 x 1018 n/cm? at the University of Missouri-Columbia Research
Reactor. The map contains pervasive small, U-rich stars throughout the groundmass.
SEM study of the section revealed micron size apatite and zircon crystals, which are
undoubtedly the source of these stars. These minerals have high solubilities in basalts

(Watson 1980; Delong and Chatelain 1990) and thus would not be stable in the Takashima
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basalt at high temperature. This implies that they probably crystallized from the melt when
the magmatic temperature dropped during eruption. If these apatite and zircon crystals,
which preferentially incorporate U over Th, were then separated from the groundmass in
the mineral separation process, the reported Da[‘}g/ matrix 11 be too high and DTE/DYE will
be too low.

Clinopyroxene-matrix partition coefficients from natural rocks for U and Th give
DCTpt:‘/DCIF" both greater than and less than 1. Partition coefficients collected from the
literature (determined from mineral separates) and my experimentally determined values for
the three compositions at FMQ are shown in Fig. 4.1. The data are distinguished by whole
rock SiO7 content. Although it is not obvious that SiO; is the best discriminant, it is often
the only data available. Phenocryst-matrix partition coefficients for incompatible elements
are typically larger than those determined experimentally, and in many cases this
discrepancy can be attributed to impure mineral separates. This is especially likely for
highly incompatible elements such as U and Th, and this problem is almost certainly
responsible for much of scatter in Fig. 4.1. While crystal-melt partition coefficients can
vary with melt and crystal composition (Watson 1977; Mysen and Virgo 1980; Beckett et
al. 1990), the partition coefficients in Fig. 4.1 vary by up to 4 orders of magnitude, even
within a single range in SiO7. This indicates that the existing phenocryst-matrix data set for
the actinides basically unreliable. This large scatter has confused U-Th fractionation
modelling, permitting U and Th partition coefficients to be treated as essentially free
parameters.

To my knowledge, there are no published garnet-matrix partition coefficients for the
actinides in natural rocks. Fission track studies of the U distribution in garnet-bearing
xenoliths from kimberlites and basalts show that the ratio of U in garnet to that in
clinopyroxene is highly variable, both greater than and less than 1 (Kashkarov et al. 1988
and references therein). This variability precludes calculating reliable garnet-melt partition

coefficients from these data.



Figure 4.1

154

Clinopyroxene-matrix partition coefficients for U and Th taken from the
literature. Points along the axes are from studies that report only U or Th
data. Data are subdivided by SiO; content, and my experimentally determined
values for the three compositions at FMQ are shown for reference. Note the
large amount of scatter even within a single SiO7 range. Data from:
Nagasawa and Wakita (1968), Lemarchand et al. (1987), Dostal and Capedri
(1975), Dostal et al. (1976 1983), Larsen (1979), Mahood and Hildreth
(1983), Onuma et al. (1981), Villemant et al. (1981), Francalanci et al.
(1987), Mahood and Stimac (1990), Nash and Crecraft (1985), Worner et al.
(1983).
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In summary, my results for clinopyroxene-melt partitioning are consistent with
previous experiments. They constrain clinopyroxene-melt actinide partition coefficients for
basaltic systems and show that Dclf.’;lmq is greater than chxfliq for fO2s down to ITW+1.
There are no quantitative studies of garnet-melt or garnet-matrix partitioning with which to

compare my results, though, as discussed in the next section, the relative magnitudes of

DgU'/liq and D%.'fll:q are consistent with trends observed for the lanthanides.

4.3 Relative Magnitudes of D’,}tz“q and ij‘”"q: Clues From the

Lanthanides?

In addition to the absolute magnitudes of crystal-melt partition coefficients, a crucial
parameter for predicting the extent of trace element fractionation is the relative magnitudes
of the partition coefficients. Even if both the U and Th partition coefficients were large,
crystal-melt partitioning could not significantly fractionate U from Th unless their
individual partition coefficients were substantially different. Thus, the degree of U-Th
fractionation produced during melting is very sensitive to the ratio of Dcr‘r’iﬂiq and chxfliq.

Partition coefficient ratios are especially useful considering that compositional,
temperature, pressure, and kinetic variations that affect the magnitudes of the individual
partition coefficients often tend to cancel out in a ratio. Experimental and phenocryst-
matrix partitioning studies have shown that while individual crystal-melt partition
coefficients can vary significantly depending on composition, temperature, etc., the ratio of
partition coefficients for two elements varies much less (e.g., Ray et al. 1983; Fujimaki et
al. 1984). Thus, an estimate of the ratio of two partition coefficients is a convenient tool
because it should be fairly insensitive to many petrogenetic variables.

In attempting to predict Dp/Dy, it may be possible to draw parallels to the rare earth
elements (REEs). Because of the approximately fixed size of crystal lattice sites, trace
element partition coefficients for ions of a given charge substituting into a given

crystallographic site vary smoothly with ionic radius (e.g., Onuma et al. 1968). For the
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REEs, 14 nominally trivalent elements with ionic radii smoothly decreasing from 1.160 A
(La) to 0.977 (Lu) A (Shannon 1976), crystal-melt partition coefficients often display
smooth variations from La to Lu (e.g., see McKay 1989). This regular behavior for the
REE element partition coefficients could be used as an aid fc;r predicting actinide element
partitioning behavior if the partitioning trends for Th and U, whose ionic radii coincide
with those of Tb and Er, respectively (Shannon 1976), match the trends for the REEs.
REE- and actinide-matrix partition coefficients for zircon and allanite from the Bishop Tuff
and Sierra La Primavera show such a match (Mahood and Hildreth 1983), as do REE and
actinide abundances in zircon, allanite, sphene, and apatite from the Penninsular Ranges
batholith (Gromet and Silver 1983; L. T. Silver, unpublished data). Thus, it may be
possible to infer trends for Th and U partition coefficients for other minerals in other rocks
from the trend for REE partition coefficients between Tb and Er. A systematic correlation
between actinide and REE partitioning trends would provide one with the advantage of
being able to predict actinide partitioning trends from the much larger database of REE
partition coefficients.

The Th and U partitioning behavior for the crystalline phases I studied can, to a
limited degree, be explained by the slope of the REE partition coefficient trend between Tb
and Er. Gamnet preferentially incorporates the heavy REE over the lights, and the REE

partition coefficient trend for garnet increases quite steeply with decreasing ionic radius.

Figure 4.2a shows D%Uéi]le vs. atomic number for a variety of experimental crystal-melt and

natural phenocryst-matrix (in-situ analyses only) pairs collected from the literature. The

slope is positive and steep, with D%{‘{Ehé increasing 3 - 5 orders of magnitude from La to Lu.
Also shown in Fig. 4.2a are my experimentally determined values for Dthflliq and D%ﬂiq
plotted in the positions of the REE with the same ionic radii (Tb and Er). The trend for Th
and U qualitatively matches the trend for the REE. Both have a steep positive slope,
demonstrating preferential incorporation of smaller ions. A complication with this

comparison is that partition coefficient-ionic radius trends are meaningful only when all
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Figure 4.2  Crystal-melt and in situ phenocryst-matrix rare earth element (REE) partition
coefficients from the literature for garnet (a), clinopyroxene (b), olivine (c),
orthopyroxene (d), and amphibole (¢). Data are for a wide range in
composition, temperature and pressure. Dashed curves: phenocryst-matrix
measurements from natural samples (electron microprobe and SIMS analyses
only); solid curves: experimental crystal-melt measurements. Each mineral
has a characteristic shape that is largely independent of the particular
conditions. Th and U partition coefficients are also plotted in the positions of
Tb and Er, the REEs of corresponding ionic radii. Th and U data for garnet
and clinopyroxene are from this study, olivine and orthopyroxene are from
Kennedy et al. (1992). The steep positive trend for garnet and subtle negative
trend for clinopyroxene REE partition coefficients between Tb and Er are
qualitatively consistent with the actinide partitioning trends determined in this
study. This correspondence does not appear to hold for olivine and
orthopyroxene. Partition coefficient-ionic radius trends are only meaningful
for ions of the same charge; the presence of U5+ causes measured Dy to be
lower limit for D4+, complicating the comparison.

Experimental data, garnet: Nicholls and Harris (1980), Shimizu and Kushiro
(1975), Ohtani et al. (1989), Yurimoto and Ohtani (1992), Fujimaki et al.
(1984); clinopyroxene: Fujimaki et al. (1984), Kuehner et al. (1989),
Grutzeck et al. (1974), Nicholls and Harris (1980), Green and Pearson
(1983), McKay et al. (1986); olivine: McKay and Weill (1977), Colson et al.
(1988); Nielsen et al. (1992), McKay (1986); orthopyroxene: Colson et al.
(1988); Nielsen et al. (1992), McKay et al. (1986); amphibole: Nicholls and
Harris (1980); Green and Pearson (1985). Natural data, garnet: Sisson and
Bacon (1992); clinopyroxene: Sisson (1991), MacRae and Russell (1987);

orthopyroxene: Sisson (1991).
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ions in a given trend have the same charge. As discussed in reference to clinopyroxene in

section 3.1.6.1, the likely presence of US* in my experiments makes D%/ﬁq < D%/}iil.

Compensating for U5+ will steepen the garnet-melt partitioning trend for tetravalent
actinides, although increasing Dcaxﬂiq by a factor of two would barely be perceptible in
Fig. 4.2a.

The REE partitioning pattern for clinopyroxene is less well defined than for garnet.
While clinopyroxene partition coefficients are generally lowest for the light REE, the trend
towards the heavy REE is fairly flat. This is illustrated in Fig. 4.2b, which shows data for
DCRpéfllsiq vs. ionic radius collected from the literature. Taken as a whole, the clinopyroxene
partition coefficients appear to display essentially no slope through the middle to heavy
REEs, although the slope of the high silica rhyolite data of Sisson (1991) is noticeably
negative. Compared to the REE trends, my experimentally determined Th and U partition
coefficients for the Juan de Fuca basalt have a relatively steep negative slope. However,

this difference can be explained entirely by the charge difference between Th and U.
Figure 3.9b shows that Dc%/liq/DclrJ)xﬂiq = 1 at IW+1, suggesting that ch’fffq is at least as

large as chh"ﬁliq. Thus, the tetravalent actinide partition coefficient trend for clinopyroxene

will be approximately flat or even have a slightly positive slope, consistent with the HREE
trend.

The observation that the actinide and lanthanide partitioning trends may qualitatively
mimic each other for different minerals has two important implications. The first is that it
suggests that the actinides may substitute into crystal lattice sites as opposed to defects.
From an electron paramagnetic resonance study, Morris (1975) concluded that Gd3+ and
Eu2* reside in the eight-fold coordinated M2 (Ca) site in diopside. In addition, single
crystal X-ray structural refinements on clinopyroxenes with known REE contents also
support REE substitution into the M2 site (Oberti and Caporuscio 1991). For garnet,

Nicholls and Harris (1980) observed a correlation between D%‘ﬁ}q and the grossular content

of the garnet, suggesting that Sm substitutes into the eight-fold cation site normally
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occupied by Ca, Mg, and Fe. In light of the existing, albeit limited, evidence that REEs
substitute into crystal lattice sites in clinopyroxene and garnet, the qualitative correlation of
actinide and REE partitioning trends implies that the actinides may also be incorporated into
lattice sites. 7

The second potential application of an actinide-REE partition coefficient correlation is
that it may allow me to qualitatively predict actinide partitioning trends for other minerals
for which U and Th partition coefficients are not yet available. Unfortunately this does not
appear promising. Olivine and orthopyroxene REE partition coefficients from the literature
are shown in Fig. 4.2c and d. Also shown are the recent U and Th partition coefficient
measurements of Kennedy et al. (1992) for a synthetic chondrule composition and fO; =
0.5 log units below the Fe-FeO buffer. These data are for a 100°C/hr cooling rate
experiment and the magnitudes of the individual partition coefficients should perhaps be
considered with some caution. However, as was shown in this study, the sense of DTp/Dy
is likely to be independent of the cooling rate and thus correct. The positive slope of the
Dgrekg trend between Tb and Er for both olivine and orthopyroxene is in stark contrast to the
negative actinide trend. Some U3+ is likely to still be present at the low fO; of these
experiments, but, as with garnet, a factor of two increase in D%ﬂiq or Dogx/uq would not
resolve the problem. This contrast therefore appears to be in violation of Onuma
systematics.

The trend for DRgg in amphibole is similar to that for clinopyroxene (Fig. 4.2¢), but
with a more pronounced decrease for the REEs heavier than Ho. Neglecting the negative Eu

anomaly, the trends are convex upward, with a peak between Gd and Lu. The curvature of

the trends suggests that Da{“ghﬂiq > Da{_:“rph/nq, and hence that Da{n“}?hmq > D%"ﬂmq. The

presence of U+ in natural magmas would then require D‘?rm'?hﬂ‘q > Dag‘phﬂ’q. This sense is

consistent with the amphibole-matrix partition coefficient measurements of Dostal et al.

(1983), who found Darjrng MiqmmSpMiq =5. The values of DRgg for amphibole are greater

than those for clinopyroxene, indicating that actinide partition coefficients may also be greater
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for amphibole. This may have important consequences for U and Th partitioning during
melting of an amphibole-bearing source such as the hydrated mantle wedge above a
subducting slab.

The existing data indicate that there is a qualitative corrélation between lanthanide and
actinide partition coefficient trends as a function of ionic radius for garnet, clinopyroxene,
and the accessory phases zircon, allanite, sphene, and apatite. The trends are anti-
correlated for olivine and orthopyroxene. All of the correlations are complicated by the
presence of U3* in natural and experimental systems, which will make Dy < Dy4+. The
broadly consistent slopes for lanthanides and actinides in several minerals indicates that
actinide partitioning is sensitive to ionic radius. Further, the relative magnitudes of
lanthanide and actinide partition coefficients are consistent from mineral to mineral, i.e.,
minerals with large DRgg have large Dycginide- If the anomalous behavior of olivine and
orthopyroxene can be explained, the similarities between REE and actinide partitioning
trends may be useful for predicting qualitative relationships between REE and U-Th

fractionations for different mineral assemblages.
4.4 U-Th Fractionation

4.4.1 238y-230Th disequilibrium in young MORB and OIB

A unique aspect of U series decay is that a system will always return to secular
equilibrium in = 3 - 5 daughter half-lives, providing well constrained initial conditions. In
the case of 238U-230Th disequilibrium, this means that, if a system has been undisturbed
by any fractionating processes for approximately 300 Ka or more, the activities of 238U
and 230Th will be equal. This time scale is short enough that the source regions for
volcanic rocks are often considered to be in secular equilibrium. When U and Th are
fractionated by a process such as partial melting, secular equilibrium is disturbed, and the
system will return to equilibrium through the radioactive decay of 238U and 230Th. Before

a significant amount of 230Th has decayed (the first = 10,000 years after fractionation),
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however, the degree of 238U-230Th radioactive disequilibrium is equal to the degree of U-
Th fractionation produced during the fractionation event (i.e., (238U/230Th) ey =
[U/Th]me1/[U/Th]source, Where parentheses indicate activity ratios and brackets indicate
elemental ratios). Therefore, we know that a young volcanic rock with (238U/230Th) < 1
has U/Th less than that of its source, and 238U-230Th disequilibrium in young volcanic
rocks can be used as a quantitative measure of U-Th fractionation.

238U-230Th disequilibrium measurements have been made on volcanic rocks from a
variety of geologic settings; good reviews of the data and the systematics are presented by
Condomines et al. (1988) and Gill et al. (1992). Based on such measurements, MORB
and OIB are distinguished from other rock types by consistently having k < 1, where k =
(238U/230Th) after Allegre and Condomines (1982). As shown in Fig. 4.3, the maximum
degree of disequilibrium observed in young (< 10 Ka) MORB and OIB is about k = 0.6,
with an average of about k = 0.87 for each. This disequilibrium results from a process that
fractionates U from Th, the nature of which has been speculated upon, but never
determined. Trace element fractionation can result from a variety of geological processes,
including partial melting, separation of immiscible liquids, crystallization, assimilation of
xenolithic material, degassing, oxidation, hydrothermal alteration, and weathering. Itis
important to point out, however, that among the different mechanisms thought to exist, U-
Th fractionation resulting in 238U-230Th disequilibrium in MORB and OIB is usually
ascribed to partial melting (e.g., Condomines et al. 1988; Ben Othman and Allegre 1990;
Goldstein et al. 1992; Turekian et al. 1991). In the following paragraphs I use my
experimental results to calculate the degree of U-Th fractionation generated by partial
melting. With the results of these calculations I then evaluate the hypothesis that 238U-
230Th disequilibrium in MORB and OIB originates from partial melting.

The important unknowns in predicting trace element fractionation during partial

melting are the composition of the source, the melting process (e.g., equilibrium,
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Figure 4.3 238U-230Th disequilibrium plotted against Th content for young MORB (a)
and OIB (b) from the literature. Samples that authors claim have had activities
changed by seawater alteration have been excluded. For young rocks (< 10
Ka) the degree of disequilibrium, k, equals U-Th fractionation. Within the
indicated typical error, almost all samples have k < 1. Note that the range in k
is nearly identical for both MORB and OIB. There is no correlation between
k and Th content, suggesting that the degree of disequilibrium is not related to
the degree of melting.

MORB data: FAMOUS and MAPCO: Condomines et al. (1981a); Gorda and
Juan de Fuca: Goldstein et al. (1989 1991); RISE: Newman et al. (1983);
EPR 13°N: Ben Othman and Allégre (1990); EPR 12°N: Rubin and
Macdougall (1988); EPR 11°N: Reinitz and Turekian (1989); Galapagos:
Krishnaswami et al. (1984). OIB data: Mauna Loa and Kilauea: Somayajulu
et al. (1966), Condomines et al. (1976), Krishnaswami et al. (1984),
Newman et al. (1984); Hualalai: Somayajulu et al. (1966), Newman et al.
(1984); Loihi: Newman et al. (1984); Iceland: Condomines et al. (1981b),
Hemond et al. (1988), Krishnaswami et al. (1984); Tristan de Cunha and
Azores: Oversby and Gast (1968); Marion and Samoa: Newman et al.
(1984).
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fractional, dynamic), the melting proportions of the various phases in the source, the
pressure range and extent of melting, and the crystal-melt partition coefficients of the
various solid phases in the source. Results from experimental phase equilibrium studies,
analyses of natural MORB glasses and abyssal peridotites, and geophysical and
geochemical models, while disagreeing on several details, are generally consistent in
finding that MORB is produced by partially melting spinel lherzolite (e.g., Kinzler and
Grove 1992a,b; Thompson 1987; Klein and Langmuir 1987; Dick et al. 1984; McKenzie
and Bickle 1988). The exact phase proportions in the MORB source are not well
constrained. I have used the estimate for primitive upper mantle of
olivinesyorthopyroxeness sclinopyroxeneqsspinel 5 (wt%) from Kostopoulos (1991). I
chose this assemblage, which is based on a large number of experimental and analytical
studies, because it probably errs on the high side for modal clinopyroxene, which is the
most important phase in terms of crystal-melt U and Th partitioning. In general, I have
chosen values for uncertain parameters such that the degree of U-Th fractionation generated
during melting will be maximized.

The U and Th concentrations in the MORB source are also poorly constrained. While
unnecessary for calculating 238U-230Th disequilibrium as a function of degree of melting,
some concentration variable is needed to display fractionation trends. For this I have used
the Th concentration. Estimates for the composition of the bulk silicate Earth (mantle +
crust) based on chondritic abundances, concentrations in mantle lherzolites, and heat flow
all give remarkably similar results of about 20 and 75 ppb for U and Th, respectively,
giving Th/U = 3.75 (Taylor 1982; Chen et al. 1992b; Hart and Zindler 1986; Wiinke et al.
1984; Anderson 1989; Jagoutz et al. 1979; Ringwood 1977; Taylor 1979). The above
models are for a primitive mantle, while the MORB source has been shown to be depleted
in most incompatible elements (e.g., Tatsumoto et al. 1965). The extent of this depletion is

unknown, but based on Th and U measurements in MORB (e.g., Jochum et al. 1983) 1
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have estimated values of 5 and 11 ppb to represent the U and Th concentrations in the
depleted MORB source.

The calculations were made for two melting models so that the differences can be
compared. For any melting model, the contributions of the various phases to the melt, or
melting proportions must be constrained. The melting proportions are the constant
fractions of each residual phase that are contributed to every increment of melting (Shaw
1970). The data summarized by Kostopoulos (1991) shows that clinopyroxene is by far
the major contributor to the melt, with melting proportions ranging from 40 - 73 wt%. The
range of melting proportions he determined solely from major element phase equilibria
studies is olivineg-sorthopyroxenes.jsclinopyroxenegg-gospineljg-20 and is in good
agreement with the melting proportions inferred from analyses of natural MORBs and
peridotites (e.g., Klein and Langmuir 1987). I have used intermediate values of
olivinesorthopyroxenej4clinopyroxeneggspinel s in my calculations. For reasonable melt
fractions (> 5%), modal and non-modal melting produce indistinguishable fractionations
for very incompatible elements such as U and Th.

The final parameters required are the crystal-melt partition coefficients. The values I
have chosen are listed in Table 4.1. The clinopyroxene partition coefficients are from this
study. Analyses of Fe3*/Fe2* in MORB glasses indicate that melting in the MORB source
region occurs at an fO7 about 2 log units more reducing than NNO (Christie et al. 1986;

Carmichael 1991). I derived the values in Table 4.1 by interpolating the data for the Juan
de Fuca basalt. For olivine, I have used the upper limits of 0.0004 and 0.0005 for DSY14

and D?}ﬁiq determined from this study. The orthopyroxene-melt partition coefficients are

from Kennedy et al. (1992). The uncertainty on these values is unimportant, as the
contribution of olivine and orthopyroxene to U-Th fractionation is negligible compared
clinopyroxene. Finally, spinel-melt partition coefficients for U and Th have been arbitrarily
setat 0. Again, the uncertainty on this value is unimportant, as the spinel-melt partition

coefficients are likely to be less than those for olivine.
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TABLE 4.1

U and Th Partition Coefficients Used for Melting Calculations

Phase D’(‘J"" iy D’}n}{“q reference(@
olivine 0.0004 0.0005 1
orthopyroxene 0.00002 0.0006 2
clinopyroxene 0.0031 0.0057 1
spinel 0 0 3
gamet 0.0122 0.0013 1

(a) 1: this study; 2: Kennedy et al. (1992); 3: inferred
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Using the above parameters, I have calculated the 238U-230Th disequilibrium generated by
various degrees of partial melting of a source in secular equilibrium for two simple melting
models. Results are plotted as k vs. Th concentration in the melt in Fig. 4.4. Each curve
shows the locus of k values for independent melting calulations at various degrees‘ of melt
extraction. The solid curve is for an equilibrium melting case (Shaw 1970), assuming k =
[U/Th]mely/[U/Th]source, as explained at the beginning of this section. The dashed curve is
calculated using a dynamic melting model (Langmuir et al. 1977; McKenzie 1985) adapted
to 238U-230Th disequilibrium by Williams and Gill (1989). This model approximates a
column of upwelling mantle undergoing pressure-release melting. The melting rate remains
constant, and the melt is extracted as soon as it is formed. A fixed melt fraction remains in
the matrix at all times— this corresponds to the minimum melt fraction required for melt
extraction. A significant aspect of this model, pertinent to radioactive disequilibrium, is
that it allows for changes in k during a finite melting time. Specific input parameters for
this model are listed in the caption to Fig. 4.4. For a typical mantle upwelling rate of 5
cm/yr (estimated from the half-spreading rate at the ridge), the melting rate is slow enough
that the U in the residue can produce 230Th fast sufficiently fast to remain in secular
equilibrium. The resulting disequilibrium in the extracted melt then attains a constant value

expressed as:
DYy (1 - @) + 10
phulklids (1 - @) + pi@’

where pg and p; = the solid and liquid densities, respectively, and @ = the melt-filled
porosity (assumed to remain constant) in the upwelling mantle (McKenzie 1985). Modal
melting, while unrealistic, was used for the dynamic melting calculation because dynamic
melting models have not been worked out for non-modal melting. Allowing clinopyroxene
to melt in the correct proportion will decrease k, i.e., decrease the degree of disequilibrium
(move the dashed curve down). However, as noted previously, the difference between

modal and non-modal melting will be imperceptible for F > 0.05. Comparing the inset in
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Calculated 238U-230Th disequilibrium generated for partial melting of a model
spinel lherzolite plotted as a function of melt Th concentration for equilibrium
and dynamic (Williams and Gill 1989) melting. Phase proportions in source
= ol570px25.5cpXx155p2.5 and melting proportions (for equilibrium melting
only) = olsopx14Cpxe6sp1s. Dynamic melting calculation is modal because
non-modal dynamic melting models are not available, though for melt
fractions > 5% modal and non-modal melting are indistinguishable. Partition
coefficients are listed in Table 4.1. Tick marks along curves give the melt
fraction extracted. For dynamic melting, upwelling rate (= half spreading rate
at ridge) = 5 cm/yr, thickness of melting region = 40 Km (McKenzie and
Bickle 1988), psolid = 2.8, Pmelt = 2.6, and initial batch melt = porosity
throughout melting = 1%. Parameters were chosen such that the magnitude
of the calculated disequilibrium is maximized. Melting rate is slow enough
that k from dynamic melting attains a constant value (see text). Inset shows
same figure with Y axis at the same scale as Fig. 4.3 to emphasize lack of
overlap with oceanic basalt data. Note that k is always > 1, opposite of

oceanic basalt data (Fig. 4.3a).
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Fig. 4.4 with the field of MORB analyses from Fig. 4.3a, there is essentially no overlap
with the calculated trends for either batch or dynamic melting.

The most important result of this calculation is that the 238U-230Th disequilibrium
observed in MORB cannot be produced during partial melting of a spinel lherzolite. From
Fig. 4.4 it is evident that it is impossible for the melt to have k < 1, as this would require
bulk Dy > Dy,. Clinopyroxene exerts the dominant control on the bulk partition
coefficients, and the fact that my results show ch’;]ﬂiq > Dc‘l}xﬂiq, opposite to what is
required by the disequilibrium data, proves that partial melting dominated by clinopyroxene
will always generate melts that are 230Th depleted. This sense of fractionation follows
from the measured partition coefficients and is independent of any specific model
parameters. Looking at the magnitude of fractionation only, batch melting produces less
than 2% disequilibrium at 5% melting, far less than the average observed value of 13%.
Much larger degrees of melting are indicated for MORB (e.g., McKenzie and Bickle 1988)
resulting in even less fractionation. Dynamic melting, on the other hand, is capable of
generating somewhat larger degrees of disequilibrium, even at large melt fractions. This
suggests that melting a different phase assemblage with Dy > Dy, may be able to produce
the observed disequilibrium.

A possible alternative to spinel lherzolite is garnet lherzolite. The results of this study
indicate that U is more compatible than Th in gamet, opposite to what was found for
clinopyroxene. While most phase equilibrium studies indicate that MORB is generated by
partial melting of spinel lherzolite, some of these studies call for melting to begin at 25
Kbar (e.g., Elthon and Scarfe 1984), verging on the region of garnet stability (Nickel
1986). In addition, interpretations of trace element signatures from several MORB and
abyssal peridotite suites have invoked a garnet-bearing residuum (Johnson et al. 1990;
Langmuir et al. 1977; Bender et al. 1984; Salters and Hart 1989), and recent rare earth
element modelling calls for MORB melting to begin at about 80 Km depth (McKenzie and

O'Nions 1991). I have therefore made a similar calculation for partially melting a garnet
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lherzolite. The modal mineral proportions I used are
olivinesyorthopyroxenejgclinopyroxenejpgamnet; s (wt%) from McDonough (1990). As
for the spinel lherzolite, I chose these values because they have the highest modal garnet.
Melting proportions for this assemblage are not well constrained, as there is only a small
experimental data set that includes garnet. The best approximation appears to be the
proportions inferred from trace element analyses of diopsides in residual abyssal peridotites
(Johnson et al. 1990): olivine3orthopyroxenesclinopyroxenes4garnetsg (wt%). These are
in fairly good agreement with the proportions used to model Lu-Hf fractionations in MORB
(Salters and Hart 1989), and result in essentially the same melt composition as the melting
proportions used for the spinel lherzolite. However, as the melting proportions are not
important for the dynamic melting calculation, the uncertainty is not a serious problem.
The gamet-melt partition coefficients for U and Th (Table 4.1) are the preferred values
from this study. These values were determined for an andesitic composition, and thus are
not directly applicable to basalt genesis. Partition coefficients generally increase with
increasing silica content (e.g., Watson 1977), and thus the values for basalts may be lower
than those used here. This again will make the calculation an upper limit on the effect of
garnet in contributing to 238U-230Th disequilibrium.

The results of this calculation (Fig. 4.5) show that melting of a garnet lherzolite
produces only a moderate 230Th enrichment. While D%fliq » Dgrt/tl]iq’ its effect is offset by
the effect of clinopyroxene, resulting in a bulk Dy/Dy, = 2. The resulting disequilibrium
(10%) is somewhat less than the average value for MORB (13%), and is far less than the
extreme value of 50% (Fig. 4.3a). As a test, I increased the modal proportion of garnet in
the source at the expense of clinopyroxene to increase the degree of disequilibrium. The
average of the observed disequilibrium values in MORB, k = 0.87, is attained when the
modal proportions of clinopyroxene and garnet are 7% and 18%, respectively. When
clinopyroxene is completely replaced by garnet (mode =

olivinesjorthopyroxene)gclinopyroxeneggarnetys), k reaches 0.81. While this
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Calculated 238U-230Th disequilibrium generated for partial melting of a model
garnet lherzolite for equilibrium and dynamic melting. Phase proportions in
source = ols70px1gcpx10gt1s and melting proportions (for equilibrium melting
only, see caption to Fig. 4.4) = olzopx3cpx44gtso. Parameters for dynamic
melting are as in Fig. 4.4 except thickness of melting region = 100 Km. Inset
shows same figure with Y axis at the same scale as Fig. 4.3 to compare with
MORB and OIB data. In contrast to melt from spinel lherzolite, k is < 1,
consistent with oceanic basalt data, although calculated degree of

disequilibrium is much less than observed range (Fig. 4.3).
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encompasses a moderate fraction of the natural samples (Fig. 4.3a), there are a significant
number that have k values well below this. Further, such a clinopyroxene-free mode is not
stable in the upper mantle (Nickel 1986).

The result of the above calculation indicates that the range of 238U-230Th
disequilibrium measured most MORB cannot be explained by partial melting of a garet
lherzolite. 40% of the samples in Fig. 4.3a, however, have less than 10% disequilibrium
(k > 0.9) and could be explained by this mechanism, suggesting that it may be viable in
some cases. Whether or not garnet-melt partitioning is actually an important U-Th
fractionation mechanism in some MORB genesis is difficult to constrain with assurance.
There is no geographical or other geochemical distinction between samples with k > 0.9
and those with k <0.9. Since there must be some other mechanism causing 238U-230Th
disequilibrium in the bulk of the samples, there is no obvious reason to call upon garnet-
melt partitioning in a few special cases. Also, the calculations were designed to maximize
the disequilibrium. Decreasing the modal garnet and garnet-melt partition coefficients, or
increasing the mantle upwelling rate or porosity will result in less disequilibrium. Finally,
the melting calculations assume that all of the melt was extracted from a garnet-bearing
source. In reality, garnet will be present only in the bottom of the upwelling mantle column
(that portion below about 75 Km), further reducing the degree of disequilibrium.
Therefore, while it cannot be ruled out for some cases, I suspect that garnet-melt
partitioning is generally, if not always, unimportant.

By similar arguments, any 238U-230Th disequilibrium produced by fractional
crystallization will mimic the trends for partial melting, and crystallization during transport
and in magma chambers is thus not a possible source of the observed disequilibrium. In
any case, it should be noted that no significant U-Th fractionation in a melt will result from
fractional crystallization of less than about 95%, and no garnet and very little clinopyroxene

are thought to crystallize from liquids parental to MORB.
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There is ample evidence from REE patterns that OIB genesis requires garnet to remain
in the residuum, and thus that OIB is generated by partial melting of garnet lherzolite (Frey
et al. 1991; White et al. 1979; Kay and Gast 1973; Sun and Hanson 1975; Clague 1987;
Dupuy et al. 1988; Humphris ar{d Thompson 1983). From the above calculations, it is also
evident that 238U-230Th disequilibrium in OIB cannot be produced by partial melting of
spinel or garnet lherzolite. Aside from the larger Th concentration in OIB, the data sets for
OIB and MORB are very similar in terms of the degree of disequilibrium (Fig. 4.3). Thus,
the OIB data would plot at the same level on the Y-axis as the MORB fields in Figs. 4.4
and 4.5.

It is possible that U and Th are fractionated by actinide-rich accessory phases in the
source region of oceanic basalts. Apatite is a possible accessory phase that preferentially
retains U over Th such that a coexisting melt would be Th/U-enriched (Benjamin et al.
1980). The estimated P concentration of the primitive mantle is quite low, however,
(Anderson 1989) corresponding to a maximum of 0.03 wt% modal apatite if all P is in
apatite. Given partition coefficients of D% 1.8 and D19 = 1.3 (Benjamin et al.
1980), this amount of apatite will have an insignificant effect on U-Th fractionation. In
addition, in order for a phase to impart a trace element fractionation signature to an
extracted melt, it must remain in the residuum after the completion of melting. The
solubilities of the accessory phases apatite and zircon are quite high in basalts (Watson
1980; Delong and Chatelain 1990), and thus if present, these phases would almost certainly
be consumed after a small degree of melting. This interpretation is supported by the
extreme rarity of apatite or zircon in mantle xenoliths. Thus, accessory phases are not
considered important sources of the ubiquitous U-Th fractionations in oceanic basalts.

The above calculations strongly imply that the 238U-230Th disequilibrium observed in
oceanic basalts does not result from partial melting of either a spinel or garnet lherzolite.
Since these are thought to be primary phase assemblages in the source regions of these

lavas, 238U-230Th disequilibrium in MORB and OIB does not appear to result from partial
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melting at all. This conclusion has important significance for our understanding of melting
at mid-ocean ridges. Based on 238U-230Th disequilibrium, certain constraints on MORB
genesis have been proposed. Assuming that the bulk partition coefficients for U and Th are
0.005 and b, respectively, McKenzie (1985) argued that the melting region beneath a ridge
is over 100 Km wide, the porosity must be less than 2%, and that the melting time must be
long compared to the half-life of 230Th. Williams and Gill (1989) propose that MORBs are
mixtures of varying proportions of a 1% melt and a 15% melt. Based on lower degrees of
inferred initial disequilibrium for off-axis samples compared to axial samples from the
Endeavour segment of the Juan de Fuca ridge, Goldstein et al. (1992) suggest that the
degree of melting has decreased during the last 10,000 years. While I am not necessarily
opposed to these models, my results fail to confirm that 238U-230Th disequilibrium can be
used to support such interpretations. On the other hand, to the extent that Th isotope ratios
reflect the source region and not U-Th fractionation processes, conclusions regarding
mantle heterogeneity or contamination based on variations in (230Th/232Th) are unaffected
by my results (e.g., Ben Othman and Allégre 1990; Hemond et al. 1988).

The conclusion that 238U-230Th disequilibrium in MORB may not result from crystal-
melt partitioning during partial melting is supported by additional observations. Dynamic
melting predicts that lavas from slow spreading ridges should have greater disequilibrium
than those from faster spreading ridges, but no correlation is observed (Gill et al. 1992).
Disequilibrium produced by crystal-melt partitioning should also result in a correlation
between k and some indicator of degree of melting, such as the Th content, but it does not
(Fig. 4.3a; Gill et al. 1992). Finally, it has been shown that 238U-230Th disequilibrium in
arc rocks and some extreme 230Th-226Ra disequilibrium in MORB require models more
complex than partial melting (Rubin and Macdougall 1988; Gill and Williams 1990).

Arguing that 238U-230Th disequilibrium in oceanic basalts does not result from partial
melting compels me to address some other geochemical data which have been interpreted as

indicating that Th is more incompatible than U. Jochum et al. (1983) found a positive
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correlation between 232Th/238U and 232Th for MORB, although no such correlation exists
for the samples plotted in Fig. 4.3a. These authors interpreted this correlation as evidence
that Th is preferentially extracted over U with progressive melting. Their interpretation
assumes that all of the Th/U variation in MORB reflects Th/U heterogeneity in the source,
which in turn results from variable degrees of prior depletion. Also, (230Th/232Th) is
negatively correlated with 87Sr/86Sr in MORB and OIB (Condomines et al. 1981a), which
implies that Th/U and Rb/Sr are positively correlated in the mantle. Based on Rb being
more incompatible than Sr, this correlation has also been interpreted as evidence that Th is
less compatible than U (Condomines et al. 1988). My results show that these
interpretations cannot be the case for a melting of a peridotite source, and suggest that
neither U-Th nor Rb-Sr fractionations are crystal-melt controlled.

In order to explain the observed 238U-230Th disequilibrium in oceanic basalts, any U-
Th fractionation mechanism must be large, ubiquitous, and result in k < 1. Possible
alternatives to crystal-melt fractionation during partial melting include: (a) fractionation of
the mantle source shortly prior to melting, either by extraction of a minute melt fraction
with low Th/U or addition of a high Th/U mobile fluid phase; (b) melt-vapor fractionation
during degassing; (c) recent contamination of the magma by hydrothermally altered oceanic
crust; (d) reversal of the sense of U-Th fractionation by clinopyroxene at high pressure.

Mechanism (a) is tempting because U and Th are extremely magmaphile and will
concentrate in the melt phase after a very small degree of melting. If a recent event, this
will leave behind a highly fractionated residual solid (in the correct sense for oceanic
basalts, i.e., k < 1) that may be still fertile enough to produce basalt. A difficulty with this
type of fractionation is separating and hiding the highly fractionated initial melt. Recently,
Stolper and Newman (in revision) have successfully modelled variations of 20 trace
elements, including U and Th, in a suite of Marianas trough basalts as resulting from the
addition of a trace element laden HpO-rich component to the source. This component is

enriched in Th relative to U, and if recent, this addition will decrease k. They assume that
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the ultimate origin of this fluid component is the subducting slab; designating the origin of a
similar component in the MORB source is somewhat more problematic, but this type of
mechanism appears to be viable.

Because of the low volatile content of oceanic basalts, vapor-melt fractionation (b)
requires large U and Th enrichments in the vapor phase to be significant. Fission track data
from fluid inclusions in ultramafic xenoliths (Polve and Kurz 1984) and rhyolite melt-vapor
partitioning experiments (London et al. 1988; Keppler and Wyllie 1990) indicate that very
little U or Th partitions into the vapor phase.

Most MORB has undergone extensive hydrothermal alteration (c), as evidenced by
180 exchange (Muehlenbachs 1986). Based on detailed sampling of the Oman ophiolite,
Gregory and Taylor (1981) concluded that hydrothermal systems completely surround the
magma chamber, and it is likely that stoping and remelting of such hydrothermally altered
wall and roof rocks contaminates the magma prior to eruption (H. Taylor priv. comm.).
Assimilation of hydrothermally altered crustal rocks is well documented in Iceland (e.g.,
Sigmarsson et al. 1992). The effect of seawater alteration on U-series disequilibrium in
oceanic basalts has been addressed in several previous studies (Newman et al. 1983;
Condomines et al. 1981a; Goldstein et al. 1989; Reinitz and Turekian 1989). Because Th
is very insoluble, seawater has a very high (230Th/232Th) and hence very low
(238U/230Th); seawater-basalt interaction thus decreases k. A case for contamination of
OIB magma by low k crust has been made by Condomines et al. (1976). They attributed k
< 1 in some Hawaiian lavas to recent assimilation of 230Th-rich altered crust at depth into
the primary magma. Alteration by deep hydrothermal circulation thus may affect mid-ocean
ridge magma chambers as well. Further, this process may be difficult to detect as the
assimilant will typically have the same composition as the magma. It therefore appears that
assimilation of hydrothermally altered crust is a possible explanation for the low k of

oceanic basalts.
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The effect of pressure on actinide fractionation by clinopyroxene (d) is poorly
constrained. There is no appreciable difference between the results of Tatsumoto (1978)
for a Kilauean basalt at 14 Kb and our results for the Takashima basalt at 1 bar.
Compositional differences may compensate for any pressure effect, however. In the
DisgAbzs5Anas system, Seitz (1973b) also saw no change in actinide partition coefficients
between 10 and 25 Kb. On the other hand, Benjamin et al. (1980) report D¥4 = 0.018
at 20 Kb and -logfO2 = FMQ - 0.5, which is significantly greater than the value inferred
from the 1 bar YULO results (Fig. 3.10). Itis likely that this increase is a consequence of
the large temperature difference (200°C) and changes in phase compositions with pressure,
but it is also possible that the U valence state distribution is sensitive to pressure, in which

case pressure might be an important variable in considering U-Th fractionation. However,

as previously noted, Benjamin et al. (1980) report a comparably high value of DC,IE’I‘I/““,

resulting in D°¥’Lﬂiq/D%’xﬂiq > 1, consistent with my 1 bar results. The concurrent increase

in both U and Th partition coefficients suggests that the changes are structurally controlled
and that any effect of pressure on the U valence state distribution is not important. This is
further supported by similar small increases in clinopyroxene-melt partition coefficients
with pressure for REE (Green and Pearson 1983). Thus, while it is possible that the
absolute values of clinopyroxene-melt actinide partition coefficients change with pressure,
the ratio of the partition coefficients will not be significantly different at high pressure.

Of the possibilities listed, I feel that the most plausible U-Th fractionation
mechanisms for oceanic basalts are fractionation of the source region by a fluid phase
shortly before melting (a) or fractionation of the magma prior to eruption by assimilation of
hydrothermally altered crust (c). Confirmation of these possibilities requires further
investigation. These mechanisms have the potential to produce variable amounts of
disequilibrium under fairly uniform petrogenetic conditions, and based on the results of
Stolper and Newman (in revision) and Condomines et al. (1976), they may be able to

fractionate U and Th in the correct sense for oceanic basalts.
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4.4.2 Evolution of ThIU in the Earth

A fundamental problem in our understanding of U-Th systematics is the apparent
discrepancy between the present and time-integrated Th/U of the upper mantle. An estimate
of the present Th/U can be made from (230Th/232Th) of young MORB lavas if the source
region is in secular equilibrium and the transfer time between melting and sampling is less
than about 10 Ka. Given these conditions, (230Th/232Th)sample = (330Th/232Th)source =
(338U/232Th)ggurce, and

_ (A238/A232)

Based on this equation, the present MORB source, presumably the upper mantle, has Th/U
< 2.5 (Galer and O'Nions 1985).

On the other hand, the time-integrated Th/U, <Th/U>, which reflects some kind of
long term average, can be estimated from Pb isotopes in MORB by measuring 208Pb and
206pb, which are radiogenic daughters of 232Th and 238U, respectively:

A238T _ 1
_ [208pp* 206pp* &2 - 1)
<Th/U> = [208pp*/206ph ](e7L232T )
(Galer and O'Nions 1985), where 33 and Ap3 = the decay constants for 238U and
232Th, respectively, and T = the age of the Earth (4.55 Ga). [208Pb"/206Pb*] is the

radiogenic component of [208Pb/206Pb] given by:

[208pb*206Ph*] = [208Pb/204Pb]sample - [298Pb/204Pb]cp
[2061) b/Z 04p b]samplc [206? b/)— o blcp '

where CD is the Canyon Diablo meteorite (Allegre et al. 1986). <Th/U> calculated this
way gives approximately 3.75 (Tatsumoto 1978; Sun 1980; Galer and O'Nions 1985).

This discrepancy presents a problem because on the one hand the modern Th/U is too
low to support the long term radiogenic growth of 208Pb, while on the other hand the low
Th/U in the upper mantle is presumably an artifact of world-wide depletion, which is

thought to have occurred early in the Earth's history (Galer and Goldstein 1991).
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Several models have been put forth in an attempt to explain this discrepancy.
Armstrong (1968) first proposed that the crust and mantle are in a steady-state in terms Sr
and Pb isotopes: the mantle attained its present low Th/U at least 2.5 Ga ago as a result of
a worldwide depletion event stemming from extraction of a proto-continental crust. The
high 208Pb/206Pb in the mantle has been maintained by subduction of 208Pb-rich
continental crust. However, isotopic data from crustal sediments and island arc volcanics
do not support this model (White 1985; Galer and O'Nions 1985). In contrast, Tatsumoto
(1978) suggested that early differentiation increased Th/U in the mantle from the original
value of = 3.9 up to = 4.2 - 4.5. This ratio has then slowly decreased to the present value
of = 2 to give <Th/U> = 3.7. A modified steady-state situation was offered by Galer and
O'Nions (1985), who concluded that the source of the high 208Pb/206Pb component is the
lower mantle. Their central argument is that in order to preserve the high 208Pb/2MPb and
low Th/U in the upper mantle, the residence times for Th, U, and Pb in the mantle must be
short, and the residence times must decrease in the order Pb, U, Th. That the source of
this enriched component is the primitive mantle has since been disputed by Ito et al. (1987).

The (230Th)-enrichment observed in young oceanic basalts requires a complementary
reservoir, presumably the upper mantle residue, that undergoes a Th/U decrease. While the
upper mantle Th/U will tend to be restored to its original value when the basalt is returned
to the mantle during subduction, low temperature alteration of the basalt during its
residence on the sea floor decreases Th/U (Aumento 1971; Bacon 1978). The cycle of
eruption, alteration, and subduction will thus result in a net decrease in Th/U of the upper
mantle with time. This decrease implies that Th/U of the upper mantle did not decrease in
one step early in the Earth's history, but is rather an ongoing process. In addition, Th/U of
continental crustal sediments appears to have been steadily increasing since the early
archaean (Taylor and McClennan 1985), consistent with a gradual decrease in Th/U of the
upper mantle. Thus, Tatsumoto's model may be the most realistic. One possible scenario

in which the necessary changes in Th/U could come about is as follows: During cooling of
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an initially molten Earth, fractional crystallization of garnet preferentially removed U from
the magma, leaving a residual liquid with high Th/U (4.2 - 4.5) that became the early upper
mantle. Upon solidification, the water oceans were present or were outgassed by 3.96 Ga
(Muehlenbachs and Bowring 1992). The onset of plate tectonics in the preseﬁce of water
would then initiate fluid-based U-Th fractionations, presumably the mechanism that
operates at present, that would generate the Th/U enriched melts necessitated by 238U-
230Th disequilibrium. This process will preferentially extract Th from the upper mantle,
and continual operation of this process throughout the remainder of Earth history would
then decrease Th/U of the residual upper mantle to its present-day value of = 2 - 2.5.

This model is only speculative, and the required large decrease in Th/U may not be
possible from MORB extraction as it occurs today. Nonetheless, it is consistent with the
decrease in <Th/U> for ophiolites and komatiites throughout geologic time observed by
Allegre et al. (1986). However, as the nature of the present U-Th fractionation mechanism
that generates (230Th)-enrichments in oceanic basalts is still not constrained, any detailed

discussion of the long term evolution of Th/U of the Earth would be of little value.

4.4.3 Th/U in The Solar System

The CI chondrites are thought to represent the most primitive sample of the solar
system known. The primary reason for believing this is that the chemical abundance
patterns in these meteorites approximately matches the abundance pattern of the solar
photosphere (e.g., Dodd 1981). The mean Th/U for CI chondrites is 3.63 (Anders and
Grevesse 1989), and it is generally accepted that Th/U in the solar system is between about
3.5 and 4.0.

Given the initial Th/U of the solar system, variations in Th/U between and within
different solar system bodies could be useful for understanding the geochemistry of Th and
U during planetary formation and evolution. Th/U in most chondrites is between about 3.5

and 4.0 (Hagee et al. 1990; Chen et al. 1992a,b; Anders and Grevesse 1989), although
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there are some significant exceptions. The Harleton and Glatten L6 chondrites are the most
extreme exceptions, with Th/U > 6 (Unruh 1982; Chen et al. 1992a). Aside from included
chondrules, chondrites have not been melted, ruling out crystal-melt partitioning as a
source of U-Th fractionation. It is possible that U and Th are fractionated during the
intense recrystallization that type 6 meteorites have undergone: phosphate minerals that
form during chondrite metamorphism, (predominantly merrilite with minor apatite)
preferentially incorporate Th over U (Hagee et al. 1990; Benjamin et al. 1980; Crozaz
1979). Over representation of phosphates in sampling could give the observed high Th/U
in Harleton and Glatten. However, the high Th/U in these meteorites appears to result
from U-depletion rather than Th-enrichment (D.S. Bumett, pers. comm.), which is
inconsistent with addition of Th-rich phosphates. Other type 6 meteorites have normal
Th/U, indicating that recrystallization does not necessarily result in large scale Th/U
heterogeneities.

The whole Earth Th/U has been estimated from Pb isotope measurements of
conformable Pb ore deposits (Stacy and Kramers 1975; Cumming and Richards 1975).
These estimates are based on models and give Th/U = 3.8, suggesting that U and Th were
not severely fractionated during formation of the Earth. As discussed in sections 4.4.1-2,
above, however, Th/U within the Earth has not remained homogeneous, demonstrating that
large U-Th fractionations occur during Earth evolution.

Th/U for the Moon can be estimated very approximately from analyses of mare
basalts, glasses, KREEP, and granitic rocks. The large majority of samples from Apollo
11 through 16 have Th/U between three and four, with the mare basalts displaying a
relatively constant value of Th/U = 3.8 £ 0.2 (Taylor et al. 1991; Laul and Fruchter 1976).
The Apollo 17 mare basalts are anomalous, however, having a significantly lower Th/U of
2 - 3.5 (Laul and Fruchter 1976). The low Th/U in these samples has been attributed to U-
Th fractionation by clinopyroxene-melt partitioning during partial melting. This is the

opposite sense of U-Th fractionation required by 238U-230Th disequilibrium oceanic basalt
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genesis, and the results of this study show that very small Th-depletions can be generated
by clinopyroxene-melt partitioning under terrestrial fO7s (see Fig 4.4). On the moon,
however, the presence of metallic iron indicates that melting occurred at an fO below Fe-
FeO. The trend in Fig. 3.9 indicates that chx/liq = Dc%/liq at IW+1, further reducing,
possibly even reversing, the U-Th fractionation possible by clinopyroxene-melt partitioning
during mare basalt genesis. Thus, the low Th/U of the Apollo 17 samples is very difficult
to explain by partial melting. In addition, the absence of water on the moon eliminates any
fluid partitioning mechanisms.

Smith et al. (1984), among others, have raised the possibility that the Shergottites,
Nakhlites, and Chassignites (SNCs) are pieces of Mars. Chen and Wasserburg (1986)
measured Th/U in Shergotty, Zagami, and Elephant Moraine EETA 79001 and Laul et al.
(1986) report multiple Th/U measurements each of two chips of Shergotty. With the
exception of one of the latter chips, Shergotty and Zagami give Th/U =3.75 - 4.12. The
anomalous Shergotty chip has Th/U = 2.6 - 3.1 (measured in two laboratories) and is from
the same piece as the other chip, which has normal Th/U (3.89). EETA 79001 has a
somewhat high Th/U = 4.40. In an analogy to the Earth, where low Th/U in the mantle
and high Th/U in the crust is well documented, the two SNC samples with anomalously
low and high Th/U could conceivably represent the Martian mantle and crust, respectively.
It is also possible that the Th/U heterogeneities in the SNCs could reflect sampling bias.

In summary, Th/U in the chondrites, Moon, possibly Mars, and bulk Earth are
generally within the solar system range, but there are a small number of notable exceptions.
Much more extensive sampling of the Earth has revealed that internal U-Th fractionations
are common in planetary evolution, and in this light the Th/U anomalies in the other bodies
are not surprising. Still, the source of these fractionations is unknown. On Earth it is
possible that fluids fractionate U from Th, and this remains a possibility for Mars and
possibly the chondrite parent bodies. This is not a likely mechanism on the Moon, as there

is no evidence for water ever existing there. Crystal-melt partiioning may contribute to
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fractionations on the Earth, Moon, and Mars, but not for the chondrites. Evidence for U-
Th fractionations under virtually all petrogenetic conditions known in the solar system

suggests that there are multiple mechanisms.
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Abstract—Crystal-liquid partitioning in Fe-Ti oxides and zircon was studied in partially melted granodiorite
blocks ejected during the climactic eruption of Mt. Mazama (Crater Lake), Oregon. The blocks. which
contain up to 33% rhyvolite glass (75 w1% SiO,), are interpreted to be portions of the magma chamber
walls that were torn off during eruption. The glass is clear and well homogenized for all measured elements
except Zr. Results for Fe-Ti oxides give D} ~ (.1. Partitioning of Mg, Mn. Al Si, V, and Cr in Fe-
Ti oxides indicates that grains surrounded by glass are moderately well equilibrated with the melit for
many of the minor elements, while those that are inclusions in relict plagioclase are not. Uranium and
ytterbium inhomogeneities in zircons indicate that the zircons have only partially equilibrated with the
melt and that uranium appears to have been diffusing out of the zircons faster than the zircons were
dissolving. Minimum U, Y, and P concentrations in zircons give maximum D§j*" = 3 Dy = 23,
and DF"9 = 1, but these are considerably lower than reported by other workers for U and Y. Based on
our measurements and given their low abundances in most rocks. Fe-Ti oxides probably do not play a
major role in U-Th fractionation dunng partial melting. The partial melts were undersaturated with
zircon and apatite, but both phases are present in our samples. This demonstrates an actual case of non-
equilibnium source retention of accessory phases. which in general could be an important trace-element
fractionation mechanism. Our results do not support the hypothesis that liquid structure is the dominant
factor controlling trace-element partitioning in high-silica rhyolites. Rough calculations based on Zr
gradients in the glass indicate that the samples could have been partially molten for 800 to 8000 years.

O016-7037,91783.00 + 00

INTRODUCTION

THE PRIMARY PURPOSE of this study is to evaluate the degree
to which Fe-Ti oxides and zircon can fractionate U and Th
dunng crustal melting and crystallization. Although actinide
elements were generally assumed to be almost totally incom-
patible in typical rock forming minerals. the fractionation of
U relative to Th can be surprisingly large as indicated by
measurements of “**U-**Th disequilibrium in rocks less than
350.000 vears old. Such measurements can provide infor-
mation about the age of the rock (CONDOMINES et al.
1982a.b: OMURA et al., 1988), the time-scale for melting and
transport of magma (CONDOMINES et al.. 1988: WILLIAMS
et al., 1986). and the nature of the source region (NEWMAN
et al.. 1983, 1984: ALLEGRE and CONDOMINES. 1982). In
principle. this disequilibrium also can be used to determine
the degree of partial melting and constrain melt generation
models. but such conclusions are subject to large uncerntainties
because of limited knowledge of U and Th partitioning. To
the extent that ***U-***Th disequilibrium is produced by ig-
neous fractionations of U and Th. knowledge of the phases
responsible and their partitioning behavior is required to in-
terpret the data correctly. We have examined the partitioning
of U, Mg. Mn, AL Si. V, and Cr in Fe-Ti oxides and U, Y,
and P in zircons coexisting with rhyolite glass in quenched
partially meited granodiontes from Crater Lake, Oregon.
There are three reasons for studying Fe-Ti oxides. First,
since U-Th fractionations are found in a variety of geologic
environments and in rock types ranging from ocean ndge
basalts to arc andesites to carbonatites (CONDOMINES et al.,
1988), either the fractionation mechanism is ubiquitous or
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a vanety of fractionation mechanisms are at work. Examples
of fractionation involving ennchment of U over Th can
(qualitatively) be readily understood given the extreme in-
compatibility of penta- and hexavalent U relative to tetra-
valent Th or U. However, fractionations involving enrich-
ment of Th over U. apparently requiring a phase with a rel-
atively high Dy, are less readily understood. Thus. the present
measurements have focused on U and phases. such as Fe-Ti
oxides, that incorporate U in preference to Th. Titanomag-
netite and ilmenite are common accessory phases in many
igneous rocks and are thus possible candidates for a frac-
tionating phase. Second. many studies that use **U-**Th
disequilibrium to date young volcanic rocks find that mag-
netite separates often have high U contents and high U/Th
(ALLEGRE and CONDOMINES, 1976: CONDOMINES and AL-
LEGRE, 1980; CONDOMINES et al., 1982a.b: OMURA et al..
1988: DENIEL. 1988). This clearly indicates that in many
cases Fe-Ti oxides have preferentially incorporated U relative
to Th, although there has been no prior attempt to determine
the cause of this fractionation. Third. Fe-Ti oxides in alter-
ation zones can have high U contents (STURCHIO et al., 1986:
VILLEMANT and FLEHOC, 1989; GUTHRIE. 1989). In these
cases U may be concentrated bv surface adsorption in an
aqueous system (LANGMUIR, 1978: HSI and LANGMUIR.
1985). but there may be analogous surface partitioning effects
in igneous environments as well. If hydrothermal alteration
with accompanving U-enrichment of Fe-Ti oxides were to
occur soon after the eruption of a volcanic rock. the Fe-Ti
oxides could lie on the internal isochron defined by the whole-
rock and other mineral separates even though the U-Th frac-
tionation was. strictly speaking. secondary.
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Zircon was studied because it 1s a well-known host tor U
in most intermediate to silicic rocks. While the abundance
of zircon generally is low, its high U content and high U/Th
may give it significant control over U/Th during partial melt-
ing of continental crustal rocks.

A secondary objective of our study was to measure partition
coefficients for high-silica systems. Some studies suggest that
melt structure can play a role as great or greater than crvstal
chemistry in controlling trace-element partitioning behavior
in silica-rich compositions (MAHOOD and HILDRETH. 1983:
NasH and CRECRAFT, 1985). However. studies of phenocryst-
matnx partitioning for rhyolitic compositions based on min-
eral separates have been controversial because of the effects
of contamination by trace element-rich minor phases (M-
CHAEL, 1988: CAMERON and CAMERON, 1986). In this study
we base all partition coefficient measurements on in situ data
from individual grains. which allows us to reduce greatly the
effects of minor phase contamination.

SAMPLES

The samples for this study are partially melted granitic
blocks that were ejected in the caldera-forming eruption of
Mt. Mazama (Crater Lake), Oregon. For a description of the
geology and petrology of Mt. Mazama see BACON and
DRuUITT (1988) and DRUITT and BACON (1989). These blocks
are interpreted by BACON (1987) to be pieces of the magma
chamber walls that were partially melted in place before the
climactic eruption. The blocks are found only in the 6845
+ 50 vear B.P. climactic eruption deposit. and none have any
juvenile magma adhering to them. The maximum melt frac-
tion observed is about 0.35-0.40. suggesting that more com-
pletely fused rock was assimilated by the climactic magma
and the ejected blocks represent material outboard of the
juvenile magma/wallrock interface (BACON et al.. 1989).

The samples have textures tvpical of subvolcanic intrusions
and are granodioritic in composition (Si0; =~ 68%: BACON
and DRuITT. 1988). Based on the mineralogy of unmelted
and very low melt fraction samples they onginally consisted
of plagioclase. quartz. alkali feldspar. orthopyroxene. horn-
blende. biotite. titanomagnetite. ilmenite, zircon. and apatite.
The onginal alkali feldspar and most of the mafic minerals
in the most melted samples have been consumed leaving
plagioclase. quartz, titanomagnetite. ilmenite. zircon. and
apatite coexisung with a rhyolitic glass and newly cryvstallized
alkali feldspar and possibly pyroxene. magnetite. and ilmen-
ite. The relatively anhydrous glass is clear and shows no sign
of quench crystals or secondary alteration. Figure | is a pho-
tomicrograph taken under transmitted light of a sample
(1038) with a high melt fraction.

Fe-Ti oxide temperatures and oxygen fugacities for our
samples are high, ranging from about 955-980°C and 1.8
log units more oxidizing than FMQ (C. R. BACON. unpubl.
data, 1987: ANDERSEN and LINDSLEY, 1988). This is sup-
ported by oxvgen isotope measurements consistent with 7
> 900°C (BacoN et al.. 1989). The glass fractions of the
blocks show a positive correlation with temperature which
may be related to the distance from the chamber wall. There
is evidence for glass extrusion into fractures in a few similar
samples (BAaCON and DRUITT. 1988). so there may be sig-

FIG. |. Transmitted light photomicrograph of sample 1038. Glass
fraction = 0.33. Pl = plagioclase, Qz = quartz, FTO = Fe-Ti oxide
(magnetite + ilmenite). Pyx = pyroxene, Gl = glass.

nificant uncertainties in equating the glass fraction with the
degree of melting. Infrared spectroscopic measurement of
the glass from sample 1038 gives a water content of 0.41
+ .02 w1% (S. NEWMAN, pers. comm.). and Cl and F contents
are 0.23 and 0.11 wit%. respectively (C. R. BACON. unpubl.
microprobe data. 1989). While some samples are vesiculated.
the high temperatures and absence of hydrous phases indicate
that the water content of the partial melts decreased rapidly
soon after the onset of melting, leaving a relatively dry melt.

These samples are of interest for trace-element geochem-
istry because the long time that they existed in a molten state
may have permitted a close approach to equilibnum. Based
on the magmatic time scale for Mt. Mazama (BACON and
DRuITT, 1988). the crystals and liquid may have coexisted
under approximately isothermal conditions for up to several
thousand vears and were then rapidly quenched during the
climactic eruption of Mt. Mazama. High temperature re-
equilibration of O isotopes in quartz, plagioclase, and glass
indicates the sampled rocks had been partially molten in a
near steady-state condition for a time sufficient for O isotopic
equilibration before ejection (BACON et al.. 1989). These
samples thus offer an opportunity to study trace-element
partitioning under conditions totally impossible experimen-
tally.

ANALYTICAL METHODS

Uranium concentrations were determined by fission track radiog-
raphy on polished thin sections on silica glass. Other trace- and major-
clement concentrations were measured on the same sections with an
electron microprobe. X-ray fluorescence and instrumental neutron
activation analyses of bulk rocks and of a glass separate for sample
1038 are given in BACON and DRUITT (1988).

Fission Track Radiography

Quantitative U microdistrnibutions were obtained using fission track
radiography (BURNETT and WOOLUM, 1983). The choice of neutron
fluence used in this technique depends on the range of U concentra-
tions expected in the various phases in the sample. and it is ofien
difficult 1o accommodate the entire range with one fluence. In this
case the problem was handled by setting a lower limit of interest for
DR’ Given their typical low abundance in terrestrial rocks. Fe-
Ti oxides require a relatively high U pantition coefficient to affect U/
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Lh ol a iquid signihicantly. In our samples. even il the parution
coefficient for Th is zero. U is required to be a highly compatible
element in Fe-Ti oxides (D{"*™ = 2-9) to produce U-Th fraction-
ations of 10-30%. Considering systems with lower degrees of partial
melting permits larger fractionations. but even in the case of 5%
melting the U partition coefhcient would have to be at least 0.2 for
Fe-Ti oxides to be a significant host phase and play a role in U-Th
fractionations. We used a relatively low fluence so that good data
would be obtained if D™ > (.2 but also so that track densities
would not be saturated for U-rich phases such as zircon. A loss of’
precision for PP < (1.2 would result. but this was acceprable
because a panition coetficient below about 0.2 does not appear 1o
be important in terms of U-Th [ractionation.

Freshlv cleaved muscovite detectors were tightly clamped on the
sections. and the samples were irradiated with a thermal fluence of
about 2 ¥ 10" neutrons/cm?. Three pieces of a U standard glass
(NBS 963) were included in the irradiation to measure U concentra-
tions and monitor neutron flux gradients. After the irradiation. the
muscovite detectors were etched in 49% HF at 26°C for 7 min (zircon)
or 35 min (Fe-Ti oxides).

Track denstties in the fission track images corresponding 1o the
Fe-Ti oxides were low (=2 x 10° tracks/cm®). but they were mea-
surable with careful mapping using transmitted light. The high track
densities corresponding 1o the zircons were counted in backscattered
electron photographs of the micas. The area of the crystals counted
always exciuded the outer 10 um in order to avoid fission tracks from
the surrounding glass. The track densities in glass near each crystal
were measured by the same technique (SEM photographs or optically)
as for the crystal.

Electron Microprobe Analvses

Microprobe analyses were obtained with a JEOL Superprobe 733.
and raw data were reduced with the CITZAF correction procedure
{ARMSTRONG. 1988). The major elements in the glasses were mea-
sured with a 35 nA beam current and a 30 um spot size 10 minimize
alkali loss. Sodium was always measured first. Tests show that crystal
spectrometer efficiency remains close to 100% with a 30 um beam
spot, and standards were measured with a 20 um spot. Trace elements
in the glasses (Zr. Mn. V. Cr. P) were measured on the same spots
in a separate run with a 200 nA current and a 30 ym spot size. Fe-
Ti oxides and zircons were analyzed with 30 and 100 nA currents
and 15 and -2 um spot sizes. respectively. Vanadium measurements
were corrected for interference from Ti K3. Special attention was
given to setting background positions and checking that linear back-
ground interpolations were accurate.

Special problems arise in the measurement of Si in the Fe-Ti oxides.
Measured Si concentrations in magnette for sample 1038 are uniform
at around 530 ppm, and Si concentrations in 1038 ilmenite are lower
and vanable (90-400 ppm). An experiment was performed to check
for four possible sources of error: background X-ravs from scattered
electrons. secondary Si fluorescence from silicates surrounding the
Fe-Ti oxides. fourth-order Fe K4 interference. and polishing con-
tamination. Synthetic magnetite crystals (=60-80 um)or 0.3-1 mm
size pieces of high-purity Fe wire were mixed with powdered synthetic
Di;AbAn glass and melted in less than S min at 1300°C. Using the
same microprobe operating conditions as for the natural samples, Si
counting rates were compared with epoxy mounted control samples
of these matenals. All samples showed significant Si counting rates.
Wavelength scans showed that Si was really being counted: both crystal
spectrometer and pulse height discimination completely resolved Fe
K counts. Large increases (equivalent to about 600 ppm Si for the
synthetic magnetite) were observed for both silicate-encapsulated
samples. Center-to-edge compansons showed the combined effects
of beam scatter and secondary fluorescence to be worth only around
60 ppm, so that the bulk of the increases must be ascribed to polishing
contamination, assuming that Si diffusion into the magnetites was
negligible duning the 5 min heating time. The observed excess Si
counting rates in our test expenments are comparable to the largest
measured rates in the natural samples. Although quantitative com-
parisons cannot be made. polishing contamination clearly cannot be
ignored in the natural samples. Thus, for 1038 we can set an upper
limit of about 0.0006 for DA™ For magnetite one approach is 10

use the measured ilmemite Si counung rates as a polishing blank
correction. Thus we infer a relatively homogeneous magnetite Si
content corresponding to 22" = 0.0013 = .0003. The upper end
of the quoted range assumes negligible pohshing contamination: the
lower bound uses the iimenite as a blank correction.

RESULTS

In a perfectly equilibrated crystal-liquid system, crystals
and liquid are expected to be homogeneous. Few natural
samples are likely to meet this critenon, so parutioning studies
based on individual grain analyses must set standards for an
acceptable degree of heterogeneity. Consequently, assessments
of intra- and intergrain homogeneity play a major role in our
data analysis. In our samples some Fe-Ti oxide and zircon
crystals that would normally have melted or re-equilibrated
during partial fusion were prevented from doing so because
they are included in relict plagioclase crystals. Because in-
dividual grain analyses are used. this is a minor complication,
and attention was focused on Fe-Ti oxides and zircons that
are surrounded by glass. These crystals are chemically and
texturally distinct from the included ones. as discussed below.
Many minor elements in the Fe-Ti oxides are relatively well
equilibrated with the liquid. while none in the zircons are.

Glass

Three samples with glass fractions ranging from 15 to 33%
were studied in detail. A fourth sample with less than 3%
glass (1423) was briefly examined. but good microprobe
analyses were not obtained. The glasses are metaluminous
(atomic (Na + K)/Al = 1) and are high-silica rhyolites. An
overall degree of chemical homogeneity in the glass 1s required
for these samples 1o be a useful source of phenocryst-matrix
partition coefficients. This criterion is well saustied for major
elements. Mn. P. and U (Table 1). Zirconium 1s not homo-
geneous and is discussed separately. In addition to the average
composition. Table | lists the observed standard deviation
of the distribution of microprobe analyses and the ratio of
this standard deviation to that calculated from counting sta-
tistics. One criterion for compositional homogeneity is that
this ratio be less than two. A second criterion for homogeneity
is based on microprobe analyses of the same sample on dif-
ferent days. giving a measure of precision based on repro-
ducibility. about 2%. Based on these two cntena only the
TiO; content of sample 1327 has analvucally significant van-
ability, but this is only about 9%. With the exception of CaQ,
which is about a factor of two lower in our analvsis, there is
good agreement between our glass analvsis for sample 1038
(including U) and that of BACON and DRUITT (1988). The
glass homogeneity supports the assumption that any residual
effects from slow dissolution of the major phases in the ong-
inal granodiorite are not important.

The special minor-element microprobe operating condi-
tions produced relatively high-precision Mn (+5-10% for in-
dividual analyses) results despite low concentrations. Phos-
phorous contents are low and the analyses have large counting
statistics errors which prohibit firm conclusions about ho-
mogeneity. but the data for a given sample are quite consistent
and intersample differences are probably real.

While the glass in individual samples is well homogenized,
there are noticeable intersample vanauons for many elements.
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Tahle 1

CHEMICAL COMPOSITIONS OF GLASS'™®

Sample 1326 o™ a/0 10338 o 0/0c 1327 a 7. %8
% Mclpicr 15 30 1

weight &

S5i0; 74K 4 33 749 L1819 759 6 37
A0y 11.45 10 43 11.43 18 17 11.74 16 a9
FeOld) 1.69 03 13 208 05 20 1.59 081
MgO 167 o 19 213 004 19 176 (1 {F S O
C20 A3 M3 14 259 009 9 215 1S L6
NayO 168 08 18 404 A0 24 3.76 n7 1
K0 5.17 0419 4.65 04 19 476 [
TiO, A2 01T 20 524 007 8 411 w6 4
MnO'9) 0271 0030 13 0306 0016 7 0214 0026 14
gpm

P 76 17 A 118 25 1o 87 n 9
U 5.64 4% 14 6.15 47 1.7 3.41 i 16
Tou! 97.61 9815 9858

(a) For samples 1326, 1038, and 1327, major elements were measured on L1, 14, and 21 painis:
MnO. P. and other minor elements were measured on 9., 10, and 17 paints: U was measured

on 4, 8, and 12 areas, respecuvely.

(b) © 1s the observed standard deviation of the dismbution of concentrations. Ogg 15 the standard

deviauon calculated from counuing sunstcs

() Mcl fraction was detenmuned from digitized photomosaics of ransmuned light secions
{d) Fe and Mn are caiculated 23 FeO and MaO, but muluple valence siates are undoudied'y present.

These vanations are small for the major elements. but con-
siderably higher for minor and trace elements. The vanation
in U content in Table | (65%) is not inversely correlated with
melt fraction. as would be expected. but when sample 1423
is considered (<5% glass. 12 ppm U) the U content varies by
more than a factor of three. indicative of a general inverse
correlation of U concentration with glass fraction. Lack of a
perfect correlation reflects uncertainties in the melt fractions.
U inhomogeneity in the parent granodiorites. and intersample
varations in the degree of dissolution of U host phases (at
least zircon) for a given degree of melting.

Fe-Ti Oxides
Uraniwm partitioning

A grain-by-grain summary of apparent Fe-Ti oxide-liquid
partition coefficients for uranium (D™ = [i] e/
[#]gass ) s shown in Fig. 2. Partition coefficients were calculated
from the track densities of the oxide grains and the nearby
glass with a correction added for fission fragment range dif-
ferences (BENJAMIN, 1980). The errors are large because of
the relatively low partition coefficient and small grain sizes.
It should be emphasized that much more precise results can
be obtained with higher neutron fluences. but the additional
work does not seem justified following the previous discussion
on the magnitude of D" in the fission track radiography
section. Grains surrounded by glass are the most likely to be
in equilibium with the liquid. Unfortunately. such grains >
100 gm in size are rare. The other grains in Fig. 2 occur as
inclusions in plagioclase, making equilibration with the liquid
unlikely; nevertheless, some have partition coethcients con-
sistent with those for grains surrounded by glass. Because the
oxides often occur as touching (not exsolved) sections of ti-
tanomagnetite and ilmenite it was difficult to make separate
U concentration measurements for each phase. However, the
grain in sample 1327 (solid square) is ilmenite and may have
a higher partition coefficient. Six of the nine grains are com-
patible with Dgrda = (0.10-0.13: partition coefficients for

the other three included grains are lower by as much as a
factor of three. Although more data would be required for
conclusive proof. it appears that equilibration with the rel-
ativelv U-rich liquid results in Fe-Ti oxides with a higher U
concentration than those charactenistic of the host granodi-
orite.

Most of the Fe-Ti oxides in these samples contain small
inclusions of apatite and rare zircon. The presence of such
inclusions. especially apatite. in Fe-nich phases is quite com-
mon (BACON, 1989). and they probably systematically affect
the results of mineral separate partitioning studies. A great
advantage of fission track radiography is that analvscs are
made on individual grains and unsuitable grains can be
avoided. Apatite or zircon crystals larger than 1-2 ym were
not present in the grains used for Fig. 2. Fission fragments
in Fe-Ti oxides can be observed from depths as great as 8
um. and buned inclusions could produce an occasional high
value. but. statistically. it is not reasonable for most of the
grains to give high U contents for this reason. We cannot
rule out a high abundance of sub-micron inclusions. and a
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F1G. 2. Crysial-liquid partition coefficients for U in individual Fe-
Ti oxide grains. Open symbols are touching magnetite + 1lmenite
grains: filled symbols are ilmenite only. Circles: grains from sample
1038 surrounded by glass: square: grain from sample 1327 surrounded
by glass: tnangles: grains from 1038, 1326. and 1423 included in
plagioclase. All of these values are too low to significantly fractionate
U and Th.
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conservative interpretation of our data is that D{**™ for our % r T T
sample 1s less than (.2. To the extent that a large population 2t 7 T B T & ecmdm ® |

of U-nich micro-inclusions is unreasonable. our data indicate
that DY is about (). 1.

The high U-Th fractionations found in Fe-Ti oxide mineral
separates for 2*U-**Th disequilibrium studies are most likely
due to impurities. inclusions. or disequilibrium. The range
of apparent D{**"? values determined from mineral separate
studies 1s large. ranging up 10 >2 (CONDOMINFS el al., [9R2b)
but the lowest values for magnetite (0.09 in trachytes: LE.
MARCHAND et al., [987: 0.08-0.09 in andesites: ALLEGRE
and CONDOMINES. 1976: 0.08-0.13 in rhyolitic pumice:
OMURA et al., 1988: TRUMBLE et al., 1984) and ilmenite
(0.06 in rhvolite: MAHOOD and HILDRETH, 1983) are similar
to our values.

Minor-¢lement partitioning

A number of minor element substitutions occur in Fe-Ti
oxides. We determined crystal-liquid partition coefficients
for both titanomagnetite and ilmenite and coexisting mag-
netite-ilmenite crystal-crystal partition coefficients using
electron microprobe analyses. The consistency of single grain
partition coefficients can be used to assess how nearly equi-
librium between the oxides and the liquid was approached.

High microprobe beam currents (50 nA) and long counting
times vielded meaningful analyses for concentrations as low
as 100 ppm. Two or three analyses were made on most grains
of titanomagnetite and ilmenite. and the replicate analyses
usually agree within counting statistics. justifving the use of
average values for a given grain. Exceptions are Cr and V in
magnetite and ilmenite. respectively, and Si in both phases.
Although real. these intragrain vanations in Si, Cr. and V
are commonly much less than the intergrain vanations. Rep-
resentative analyses of grains surrounded by glass are listed
in Table 2.

Using our previously defined standards for homogeneity.
the Fe-Ti oxides do not form a homogeneous population.
but. if attention is focused on only those grains surrounded
by glass. the compositions converge significantly. The results
are summarized in terms of individual grain crystal-liquid
partition coefficients for Mg. Mn, and Al (Fig. 3a and b) and
in terms of a simple correlation plot for V,0; and Cr,O, (Fig.
3c). as there are no data for these elements in the glass.

Considenng only grains surrounded by glass. the data for
Mn, Mg. and Al for both magnetite and ilmenite form a
relatively tight cluster for a given rock (Fig. 3a and b). indi-
cating well-defined (approaching equilibrium) partition coef-

Table 2
REPRESENTATIVE Fe-Ti OXIDE COMPOSITIONS3!
Magnente Tmenite
1038 B 1038 132
FO 81.2 200 815 +2 599 1 602 *1
MzO 222 +01 216 01 201 *01 204 0!
46 .01 44 £01 .255 £.008 253 +007
RS 1097 +05 1001 +05 337 = 340 =1
Sidy 095 £019 067 £016 <037 <031
AbOn 1.35 +01 1.52 +01 288 + 004 31 =004
V20, 55 201 62 +0I 358 +.008 291 £ 04
Cre0y 25 *01 122 *.007 088 +007 046 +001

(a) Analvses are from grains surrounded by glass
{b) Erroes calculated from counting statistics except for Si, where crors arc
anaivocal (sec text).
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FiG. 3. Fe-Ti oxide-liquid partition coefficients for Mg, Mn. AL
and Fe-Ti oxide concentrations for V,0; and Cr:0;. Note that the
scales vary. Svmbols are the same as Fig. 2 except open svmbols are
magnetite only and included grains are all from 1038. In (2) and (b)
magnetite and ilmenite grains from the same sample are circled and
connected for claritv. Typical errors are representative of the center
of the diagram. (a) Dyg vS. Dyg- For Dy, in ilmenite spread is +10%
for 1327, 14% for 1038. (b) Da vs. Dug. The range in Dy, for each
sample is about +3% for magnetite and +6% for iimenite. (c) Cr;0:
vs. V,0;. Spread in Cr;O; is up to a factor of two for magnetite and
a factor of four for ilmenite. Different elements appear to have equil-
ibrated to different degrees.

ficients for these elements. For sample 1327 ilmenite. there
are small correlated vanations for Mn and Mg outside the
analytical errors, but all values for both phases in 1327 are
systematically higher than those in 1038. In contrast. there
1s no systematic difference in Al partition coefficients for il-
menite between the two samples, and the single 1327 mag-
netite grain has only about 10% more Al than 1038. As 1038
and 1327 are very similar samples. the differences in Mg and
Mn in ilmenite are surprising, indicating that the ilmenites
are somewhat further from equilibium or there is a high
degree of sensitivity of ilmenite partition coefficients to pet-
rologic conditions. (It is worth noting that if oxide concen-
trations rather than partition coefficients for Mg and Mn are
compared. the intersample difference disappears: nevertheless.
the proper comparison is in terms of partition coefficients.)
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The V data (Fig. 3¢) show larger variations than those for
Mn. Mg, and Al. The range of ilmenite concentrations over-
lap, but those for 1327 tend to be lower. The 1327 magnetite
has a higher V concentration than any measured in 1038.

As discussed in the analytical methods section, for sample
1038, DE™™a and DS are <0.0006 and 0.0013 = .0003,
respectively. where the uncertainty for magnetite is analytical.
Silicon in magnetite appears homogeneous 1o better than
+20%.

On the basis of trace-element data given by BACON and
DRUITT (1988) for a glass separate from a sample (1023G)
similar to these. the Cr content of the glass in these samples
is estimated to be approximately 2 ppm. This corresponds
to a Cr parttion coefficient of 500-1000 in magnetite and
100-500 in 1lmenite. These values are extremely high: con-
sequently, the Fe-Ti oxide Cr concentration would be very
sensitive to fluctuations in the Cr content in liquid boundary
layers around growing crystals. Such effects would be a rea-
sonable explanation for the large vanations in Fe-Ti oxide
Cr concentrations if the Fe-Ti oxides grew from the melt.
This raises an interesting question: are the Fe-Ti oxides in
the glass phenocrysts or relicts that have approached equilib-
rium with the melt? Although equivocal. petrographic evi-
dence suggests that they are relicts in that they lack euhedral
faces and have a tendency to be on glass-plagioclase bound-
aries, sometimes filling glass embayments in plagioclase crys-
tals. This suggests that the Fe-Ti oxide grains were part of
the onginal granodiorite assemblage and were undergoing
partial dissolution. Many elements (AL Si. Mg, Mn) in the
Fe-Ti oxides are relatively close to equilibrium with the co-
existing liquid: however, the spread in the Cr concentrations
may reflect relatively sluggish diffusion (DIECKMANN et al.,
1978). making this element the furthest from equilibium.
Vanadium 1s intermediate.

There are sutficient systematic compositional differences
between the included grains and grains surrounded by glass
(Fig. 3a—c) 1o indicate that the included grains are not in
equilibrium with the glass. This indicates that the crystals in
the glass are disunctly different and their compositions are
predominantly the result of equilibration with the melt. Qur
Mg and Mn data for touching magnetite-ilmenite grains in
glass satisfv the Mg/Mn equilibrium test of BACON and
HIRSCHMANN (1988), but included oxide pairs plot slightly
below their Fig. 1 “2¢” band. Finally, in essentially all in-
cluded oxide grains the titanomagnetite phase has ilmenite
lamellae charactenstic of oxidation during sub-solidus cooling
(BUDDINGTON and LINDSLEY, 1964; HAGGERTY, 1976a).

Table 3
MINOR ELEMENT PARTITION COEFFICIENTS FOR
MAGNETITE AND ILMENITE®)

Crystal-Lsquid Parotion Cocfficient  Magnente-Iimenite Crystal-Crysial
Dmenie Parnnon Cocfficient

Mg 10.3 9.5 1.04

Mn 15 8 1.67

Al 117 025 473

v >13 >80 13

Cr 850 225 26

Si 0013 <.0006 22

(a) Except for V, Cr, and Si, uncerainties are 11 of the last significant figure. See
text for explananon of Si analyses. Crystal-liquid partnon coefficients for V and
Cr based on assurmung <30 ppm V and 2 ppm Cr in the glass from Bacon and
Druitt (1988)
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FIG. 4. (a) Magnetite-llmenite crystal-crystal partition coefficients
for touching grains from sample 1038. Circles; grains surrounded by
glass: triangles: grains included in plagioclase. (b) Data from (a) for
grains surrounded by glass supenmposed upon the literature range
of magnetite-ilmenite partition coefficients determined from Haggerty
(1976b). The range in our data is much smaller.

Since these lamellae are present in the included grains but
very rare in the exposed ones. they are interpreted to be a
remnant of the onginal cooling of the parent granodiorite.
When the rock was subsequently melted by the Mt. Mazama
magmatic system. the grains exposed to the liquid were able
to approach equilibrium under the new conditions and the
rapid quench on eruption prevented them from oxidizing
again.

The possibility that some minor elements (Cr. V) are not
completely equilibrated. even for Fe-Ti oxide grains in glass,
raises the possibility that U is also not equilibrated. The clus-
tering on Fig. 2 argues against the possibility that the true
partition coefficient is greatly higher than 0.1, although the
errors on individual grains in the glass are relatively large.

Table 3 summanzes the minor-element Fe-Ti oxide par-
tition coefficients based on the 1038 grains surrounded by
glass. Estimates for V and Cr are uncertain, but they are
definitely extremely high. As discussed later, our magnetite
partition coefficients are much higher for Crand V and lower
for Mn than most in the literature. The available data for
transition metal partition coefficients vary over a range of
10-100, but the relative order appears to be Cr > V > Mn.
Our data are consistent with this order. Compared to the
overall literature range the intergrain vanations described
above are relatively small, reinforcing the conclusion that
our crystals are at least moderately well equilibrated with
respect to these elements.

Among the Fe-Ti oxides analyzed from sample 1038, five
consist of touching titanomagnetite and ilmenite. Titano-
magnetite-ilmenite crystal-crystal partition coefficients for
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these grains are snown 1n Fig. 44, and average values for
grains in contact with the glass are given in Table 3. In the
casc of crystal-crystal partitioning there seems to be less dif-
terence between the included and exposed grains than for
crvstal-liquid partitioning. This is a reasonable result because
crystal-crvstal equilibration is approached by exchange be-
tween the touching oxides and does not require interaction
with the melt. However. the included grains do have system-
atic differences in crystal-crystal partition coefficients for some
elements and a much larger spread in Fe/Ti (not shown).
For the grains exposed to the glass. all the crystal-crystal par-
tition coefficients are quite consistent.

Figure 4b shows our results superimposed on the range of
literature values for magnetite-ilmenite partition coefficients
determined from a tabulation by HAGGERTY (1976b). The
typical spread of the literature range is about two orders of
magnitude. The causes of this spread are unknown, but its
existence suggests that solid-solid partitioning is very sensitive

to the ambient conditions of cquilibration. Thus. the overali
close coherence of our data is a good argument for equili-
bration between the Fe-Ti oxide phases.

Zircon

Unlike the Fe-Ti oxides. zircons are not equilibrated with
the liquid. even when only grains in contact with the glass
are considered. In addition to the U fission track distributions.
electron microprobe data with good (<1U%) precision were
obtained for Y, Hf. and in many cases P. All of these elements
show relatively large intragrain and intergrain variations.

It appears that the zircons in the partally melted grano-
diorites were still in the process of dissolving at the time of
the Mt. Mazama climactic eruption. This is best illustrated
by the glass Zr concentrations which. in contrast to other
elements, are not homogeneous. Measurements of three pro-
files from sample 1327 show no apparent Zr gradients in the
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FIG. 5. Zirconium concentration in the glass. Data are divided into points near to (<100 um) and far from (>500
wum) zircon grains. Honzontal line represents average value for far prains: for sample 1327 near value 15 up (o three
times greater than far value. Honzontal scale has no significance. Unlike all other elements. Zr 15 inhomogeneous,

showing gradients away from dissolving zircons.
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glass within 200 gm of the zircons. However. as shown in
Fig. 5, when analyses near 1o (<100 gm) and far from (> 300
um) zircons are compared. the near concentrations tend to
be systematically higher by as much as a factor of 3 for two
of the three samples studied. This vanation is not due to
electron beam scatter, based on the experiments described
in the electron microprobe analvses section. or polishing
contamination. as the Zr concentrations in 1038 were quan-
titatively reproduced after the sample was repolished using
a different technique. The characteristic length scale of the
Zr gradients appears to be on the order of 200-500 microns.
Studies with higher sensitivity and larger numbers of analyses
would be required to document these gradients in detail. The
Zr concentration far from zircons in sample 1038 is in good
agreement with the 375 ppm given by BACON and DRUITT
(1988).

The Zr concentration required for zircon saturation is
poorly constrained for nearly anhvdrous liquids, but HaR-
RISON and WATSON (1983) suggest that it is about a factor
of two less than that required for hvdrous (>2% H,0) melts
(about 1000 ppm Zr for this composition and temperature:
WATSON and HARRISON, 1983). Thus, the saturation con-
centration for these samples (about 300 ppm Zr) is greater
than the measured Zr concentrations in these samples. sup-
porting the interpretation that the zircons were dissolving.
Zirconium diffusion data (HARRISON and WATSON, 1983)
indicate that zircon dissolution is verv dependent on water
concentration and is extremely slow in relatively dry svstems
5o that unstable grains may exist for several thousand vears.
Extrapolation of their Fig. 5 to 980°C shows that for 0.4 wi%
water a 100 gm zircon in a Zr-undersaturated liquid would
require about 10* vears to dissolve.

There is a general intersample correlation of glass Zr and
U contents. suggesting that zircon is the primary source of
U dunng melting. However, eleven specific comparisons of
U concentrations in the glass near and far from zircons show
only one example of an enhancement near a zircon significant
at the 2a level (30%:; compare Fig. 5). Even though zircon
was the major Zr and U host phase 1n the parent granodionte.
U 1s better homogenized in the liquid. apparently diffusing
more rapidly than Zr, although the svstematics of HOFMANN
(1980) predict similar diffusion coefficients.

The intra- and intergrain variations in zircon U contents
are quite large. While most individual zircons have a fairly
homogeneous U concentration, many zircons near glass-pla-
gioclase boundaries have “polarized™ U distributions with
higher concentrations in regions closest to plagioclase crvstals.
Figure 6 is an example of such a U distribution. Electron
microprobe analyses (1-2 pym spot. 7 points) show that trends
for Y and P are qualitatively consistent with that seen for U.
The simplest interpretation of this observation is that (a) these
elements were diffusing out of the zircon more rapidly than
the zircon was dissolving. The area of the zircon crystal in
Fig. 6 with high U adjacent to glass must then be a younger
contact. Alternatively, (b) vanations in U concentrations
could reflect increasing exposure of concentrically zoned zir-
cons to the liquid as dissolution progressed from one side.
or (c) the samples contain two populations of zircons: one
with a high, homogeneously distnbuted U concentration and
a second with a lower, more inhomogeneous U distribution.

FI1G. 6. Transmitted light photomicrograph of fission tracks in mica
detector from a zircon on a plagioclase-glass boundary. Grain
boundanes are included for reference. Zr = zircon. Pl = plagioclase.
11 = ilmenite. Gl = glass. Ap = apatite. Note much higher track
density in region near plagioclase crvstal. Uranium appears to be
diffusing out faster than the zircon is dissolving.

Explanations (b) and (c) are less likely for the following rea-
sons: |7 zircons totally enclosed in plagioclase are not zoned
and. moreover. all have 3-5 times higher U concentrations
(and at least 1 with comparable enhancements in Y and P)
than even the highest-U regions of the grains in contact with
the glass. In addition. a visual survey of fission track images
from =30 zircons from an unmelted sample revealed no
inhomogeneous zircons. The existence of two populations of
zircons is also unlikely because early crystallized zircons in
the original granodionte would tend to preferentially occur
as inclusions in plagioclase, but these would be expected to
be U-poor relative to the later ones, contrary to observation.

The Y and P contents of the zircons are fairly well corre-
lated (Fig. 7). Because of the coupled substitution Y + P =
Zr + Si, a 1:1 correlation is expected but. surprisingly, is not
found. Most of the data are compatible with an atomic Y/P
= 2.5. but this has no obvious interpretation. (Y + REEs)/
P > | is common (SPEER, 1982). and the apparent positive
charge deficit could be the consequence of oxvgen vacancies.
halogen substitution for oxygen. or. most likely, hvdroxvi
substitution. as hydrated zircons are common {G. ROSSMAN,
pers. comm.).

The Hf content of these zircons varies from 1.14 1o 1.43
wt% (0.5% counting statistics). Hafnium concentrations tend
to be higher near crystal nms and generally do not correlate
with any other trace element. Vanations within some crystals
are as large as the total intergrain range. These Hf contents
are slightly lower than the average (1.7 wt%) of a large suite
of zircons compiled by AHRENS and ERLANK (1969).

The approach to equilibrium of the zircons with liquid is
accompanied by decreasing concentrations of U, Y. and P
in the zircons. The intergrain range in minimum concentra-
tions may reflect different times of exposure of zircon to melt.
The minimum observed concentrations for these elements
are found in homogeneous zircons in the glass (not the po-
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FiG. 7. Plot of Y,0; vs. P,Oy for zircons with line representing
atomic one-to-one correlation shown for reference. They are well
correlated. but Y/P > 1, possibly due to hydroxyl substitution for
oxvgen.

larized ones): these give upper limits for partition coefficients.
For U. partition coefficient upper limits are '16. 28. and 15
for samples 1326, 1327, and 1038, respectivelv. based on
analvses of 4, 6, and 2 zircons. Within errors the upper limits
for the P partition coefficients are about 1 for all samples.
Using the BACON and DRUITT (1988) glass Y content of 43
ppm for sample 1038 permits an upper limit of 23 for the Y
partition coefhicient.

Other Phases

The P content of the glass (around 100 ppm) is well below
the apatite saturation level of 530 ppm from HARRISON and
WATSON (1984). Nevertheless. occasional apatite is found as
small grains surrounded by glass or at margins between glass
and relict phases. It is not obvious petrographically whether
or not the apatites were dissolving, but, as with zircon. P
diffusion data (HARRISON and WATSON, 1984) indicate that
apatite dissolution in dry melts is very slow. Inspection of
the fission track images shows that apatite 1s not highly en-
riched in U. With detailed mapping, two larger grains from
sample 1327 give the same U partition coefficient of 2.3 = 0.1.
This compares well with an experimental partition coefficient
for chlorapatite of 1.8 (BENJAMIN et al.. 1980). although we
have no constraint on equilibrium in the present case.

Pyroxene is common but occurs as fine (5-10 um) skeletal
crystals tightly interspersed with glass, making fission track
analvses impossible.

Plagioclase and quartz are essentially U-free. Measurement
of one large plagioclase crystal in 1327 gives an upper limit
for the U concentration of 0.07 ppm.

DISCUSSION

U-Th Fractionation and Z*U-**Th Disequilibrium

A major goal of this study was 1o evaluate the role of the
Fe-Ti oxides in U-Th fractionation. Disequilibrium between
38U and its short-lived daughter **Th (1,,, = 75.400 a) is
produced when U/Th is changed. A decrease in U/Th results
in a transient excess in 2**Th, and the amount of **Th will
eventually decrease to the amount in radioactive equilibnum
with 2*U. If the **U and **“Th in a source region were in
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equilibrium before melting and if the Th isotopes are ho-
mogeneous after melting. then the degree of disequilibrium
in a zero age (<10,000 years old relative to the melting event)
rock is equal to the degree of U-Th fractionation produced
during melting and crystallization (i.e. (**U/**Th),oq = [U/
Th)pees/[U/Thlsure, Where parentheses indicate activity ratios
and brackets indicate elemental ratios). Summarizing the
discussion in the introduction, there are three striking features
of the ***U-*"Th systematics for young volcanic rocks: (1)
The magnitude of the observed fractionations is quite large:
fractionations are commonly 5-20% but can be as high as
60% (NEWMAN et al.. 1983). This is surprising for two nom-
inally similar and very incompatible elements. (2) The frac-
tionations occur in all volcanic compositions. (3) Fraction-
ations resulting in U depletion are common and more difficult
to explain than the converse. Ocean ridge and ocean island
basalts are U depleted, while arcs tend to be U enriched. In
continental arcs both directions are observed (CONDOMINES
etal., 1988; NEwMmaN et al., 1986: GILL and WILLIAMS, 1990).
Producing the observed fractionations using major phases,
such as clinopyroxene, requires low degrees of partial melting
(WiLLiams and GILL, 1989), but a wider range of melt frac-
tions would be possible if accessory phases with high U par-
tition coefficients are present.

The simplest mechanism to fractionate U and Th with a
depletion of U in volcanic rocks is by leaving a residual solid
phase with a high U/Th in the source region during partial
melting. If Fe-Ti oxides were such a phase they would help
explain feature (2) and, accepting the results of 2*U-***Th
disequilibrium mineral separate studies at face value, feature
(3) as well (however, MAHOOD and HILDRETH. 1983, report
D+ > Dy). The most difficult observation to account for is
feature (1). This requires a relatively high U partition coef-
ficient and is the reason we have focused on U in this study.
If our data can be generalized, D{***™ is about 0.1. Even if
Fe-Ti oxides have highly enriched U/Th, given their typical
abundances this partition coefficient is too small to be an
important source of U-Th fractionation, even if the partition
coefficient for Th is assumed to be 0. Consequently, even in
a case where Fe-Ti oxide fractionation in young dacites is
indicated by a marked decrease in TiO, with increasing SiO;,
there is no evidence for U-Th fractionation (RUBIN et al.,
1989).

An understanding of U crystal-liquid partitioning must
take 1nto account the multivalent character of this element.
The samples from this study last equilibrated under relatively
high oxygen fugacity (log / O, = FMQ + 1.8). Although com-
positional dependence of the valence state distnibution of U
for a given fO; may be important, an extrapolation of the
data of SCHREIBER (1980) suggests that up to 80% of the U
may be pentavalent or hexavalent for our samples. Thus, it
is possible that significant amounts of penta- and hexavalent
U may be present, which would tend to lower all U partition
coefhicients relative to the situation when much of the U is
tetravalent (e.g., BENJAMIN et al.. 1980). On the other hand,
the oxygen fugacity of our samples is not uncommonly high
for terrestnial rocks, and it is likely that our conclusions about
the unimportance of Fe-Ti oxides probably stand despite the
lack of understanding of the U valence state distribution.

In addition to affecting silicate melt partitioning, the va-
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lence state of U plays an important role in its mobility during
post-magmatic alteration. Under oxidizing conditions. U is
very soluble in hydrothermal fluids and seawater as U*®, and
it is also subject to adsorption onto surfaces of Fe-Ti oxides
(LANGMUIR, 1978: Hst and LANGMUIR, 1985). This may be
accompanied by local reduction and precipitation of tetra-
valent U at Fe-Ti oxide-fluid interfaces. Fe-Ti oxides are ob-
served to contain appreciable amounts of U in alteration
zones (STURCHIO et al., 1986; VILLEMANT and FLEHOC, 1989;
GUTHRIE, 1989). Such surface concentration of U is also
conceivable in an igneous environment. but it appears not
10 have occurred in our samples (there are no U-rich crystal
nms). It is possible that the highly fractionated U/Th mea-
sured in Fe-Ti oxides in some mineral separate studies is due
to U adsorption processes accompanying alteration.

Although generally absent from mafic and ultramafic rocks.
zircon is a minor phase in most intermediate to silicic rocks
and U-Th fractionation by zircon is another possible mech-
anism to explain **U-***Th disequilibrium in such samples.
Because Di'? is large and greater than D&F™, a small
amount of zircon can have a significant effect on U-Th frac-
tionation dunng crustal fusion. satisfying features (1) and
(3). For example. using D" = 20 (this study) and D55/
= 4.4 (assuming Dy/Dy, = 4.5 from MAHOOD and HiL-
DRETH, 1983). 0.2% modal zircon retained in the source dur-
ing 20% equilibnum partial melting will result in a U deple-
ton of about 10% in the liquid. Zircon solubility is often
quite high and would tend to cause all of the zircon in the
source 10 be consumed during melting, given sufficient time.
However, sluggish dissolution rates and isolation from melt
contact as inclusions can allow chemically unstable zircon
to remain in the magma source region (HARRISON and WaT-
SON. 1983). This is clearlv demonstrated by the abundance
of zircon, both included and surrounded by glass. in our
samples. which have undergone 15-33% melting with the
possibility of extended time scales for melt-residue contact.

Although in some instances zircon could cause significant
U-Th fractionations, mass balance calculations indicate that
this is not true for sample 1038. Companson of our com-
positional and modal data with the whole-rock analysis of
BacoN and DRUITT (1988) shows that essentially all of the
U is in the glass. whereas almost half of the total Zr remains
in the solid (presumably in zircon). As proposed in the results
section. this is best explained as the result of a higher rate of
U diffusion relative to zircon dissolution. As with U, the
whole-rock and glass analyses of BACON and DRUITT show
that all of the Th is in the glass: thus, liquid separation in
1038 probably would not result in substantial U-Th frac-
tionation even with a large amount of zircon left behind.
Nevertheless, the fact that zircon remains in the source in-
dicates that in the general case of crustal melting zircon re-
tention could be a common source of U-Th fractionation.

Lack of *U-"*Th disequilibrium. even with the retention
of zircon or other accessory phases in the source region, may
also be possible in an *all or nothing™ situation where some
zircons completely dissolve and others remain unchanged
from their onginal state in the source. In the extreme case
where all of the U in the source is in zircon, the separated
liquid would have ***U-**Th fractionation but no ***U-***Th
disequilibnum.

Apatite is a minor phase in essentially all igneous rocks.,
so it could satisfy feature (2) of ***U-***Th systematics. Lim-
ited expernimental data from BENJAMIN et al. (1980) indicate
that Dy, > D, which would satisfy feature (3). As with zircon,
the solubilities of P,Os are often too high for apatite stability,
but. again like zircon, dissolution rates are extremely slow.
The presence of apatite in our samples confirms the analysis
of HARRISON and WATSON (1984) indicating that retention
of apatite during melting can occur. Assuming that DJP™
= 1.8 and D™ = 1.3 (BENJAMIN et al., 1980). unreasonably
large apatite abundances of 4-5 wt% are required to produce
significant (8-12%) U-Th fractionations even if no apatite
melts at all. Using the whole-rock P;Os content of sample
1038 (Bacon and DRUITT, 1988). we find that 93% of the P
is in the solid, corresponding to an apatite concentration (as-
suming all P,Ox is in apatite) of only 0.3 wi%.

Apatite inclusions are common in Fe-Ti oxides and are a
possible explanation for the high apparent U partition coef-
ficients and U/Th in Fe-Ti oxide mineral separates. There
are quantitative difficulties, however. For example, assuming
Dip™ = | 8 and D{P*™ = 0.1, an apatite abundance of 24
w1% in the oxides would be required to produce an apparent
D{Pde™a of 0.5 in an Fe-Ti oxide separate. This high apatite
abundance is not reasonable and other U-rich impurities such
as zircon may be present. Also, U incorporation by secondary
alteration, as discussed above, may be a reasonable expla-
nation.

The preceding discussion has focused on examples of par-
tial melting to explain U-Th fractionation. A detailed treat-
ment of partial melting models which produce U-Th frac-
tionation is given by WiLLIAMS and GiLL (1989). U-Th frac-
tionation by minor phases probably cannot be the dominant
cause of 2*U-**Th disequilibrium observed in ocean ridge
basalts. The high frequency of such fractionations and the
observation of both U enhancements and depletions indicate
that other mechanisms may be at work also. Relatively com-
plex models of melting and magma transport that can effec-
tively separate elements with very low partition coefficients
have been proposed (MCKENZIE. 1985; O'HARA, 1985; Na-
vOoN and STOLPER. 1987; WiLLiaMs and GILL, 1989). A
complication with such models (as well as simple equilibrium
and fractional melting models) is that uncomfortably large
fractionations are often produced for other incompatible ele-
ments whose partition coefficients are not extremely small.
Uranium depletions and enrichments in magmas resulting
from contamination by hydrothermal fluids near source re-
gions and in shallow magma chambers have been proposed
to explain the existence of both positive and negative U-Th
fractionations (VILLEMANT and FLEHOC, 1989). but the
physical difficulties of mixing hydrothermal fluids with silicate
melts argues that the latter process occurs only under rare
circumstances. Lastly, preferential U volatilization may be a
significant fractionation mechanism in subaerial environ-
ments (DIXON and BURNETT, 1987).

Anomalous Partition Coefficients for High-Silica Rhyolites

Based on phenocryst-matrix mineral separate data. Ma-
HOOD and HILDRETH (1983) proposed that trace-element
partition coefficients were anomalously high for high-silica
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liquids because of melt polymenization effects. They at-
tempted to correct for inclusions in their mineral separates
and in some cases based their conclusions on electron mi-
croprobe data. but a subsequent study by MICHAEL (1988)
showed that the high apparent partition coefficients for REES
in pyroxenes reported by Mahood and Hildreth were dom-
inated by accessory mineral impunities in the pyroxene sep-
arates. CAMERON and CAMERON (1986) attribute similar REE
partitioning patterns in high-silica rhyolites to the same effect.
The glass compositions of our samples and those studied by
Mahood and Hildreth are quite similar, and, while there are
major differences in water content and temperature between
the two systems. we can qualitatively re-examine the fun-
damental issues raised by Mahood and Hildreth.

Our lower limit of 130 for DY (Table 3) is in the range
quoted bv Mahood and Hildreth (50-250), and our values
for DEY"* and DE™ are much higher than values from min-
eral separates for a rhyolite of lower silica content obtained
by NasH and CRECRAFT (1985: DZVIR = |64, DErle = 3),
Given the extreme compatibility of V and Cr in Fe-Ti oxides.
partition coefficients based on mineral separates will tend 1o
be low because of impurities in the glass separates. For ex-
ample. 0.1 w1% of magnetite contamination in glass will re-
duce a measured Cr partition coefficient by approximately a
factor of two. However. this still would not explain the dif-
ference between ours and those of NasH and CRECRAFT
(1985). as our Cr partition coefficients are 5 to 75 times greater
than theirs. It therefore appears that our data for V and Cr
are at least compatible with Mahood and Hildreth's propo-
sition. although there is no clear way to identifv melt com-
position as opposed 1o other factors as the source of the dif-
ferences.

Magnesium also has a relatively high partition coefficient
(around 10) for both magnetite and ilmenite (Table 3), but
there 1s little literature data for comparison. From data given
by NasH and CRECRAFT (1985) much lower partition coef-
ficients are obtained (0.5 and 1.8 for magnetite and 0.4 for
ilmenite in three different rocks). However, their partition
coefficients were calculated by matenial balance and are sen-
sitive 10 errors in pyroxene modes. which are given to only
one significant figure.

Qur partition coefficients for Mn in Fe-Ti oxides and U
and Y in zircon. on the other hand. are considerably lower
than values reported for other high-silica systems. Our Mn
partition coefficients are a factor of two lower than the rel-
atively narrow range of 22-28 found by MAHOOD and HiL-
DRETH (1983) for Fe-Ti oxides from Sierra La Primavera or
magnetite from the Bishop Tuff. Bishop Tuff ilmenite
(D™ = 50) and data from NasH and CRECRAFT (1985:
DY = 30-40, DA™ = 115) show still higher values. Min-
eral separate punty should not be an issue in this case. Also,
our magnetite-ilmenite crystal-crystal partition coefficient for
Mn is higher than most literature values (Fig. 4b). The Crater
Lake samples have a higher fQ; than the Bishop Tuff. and
a plausible explanation is to ascnbe these differences to the
higher oxygen fugacities of our samples. This may result in
a higher proportion of trivalent and possibly tetravalent Mn.
and may point to the valence-state distribution dominating
melt structure effects as the main vanable controlling Mn
partitioning in high-silica systems.

Our U parution coetticients for zircon are at least 15 to 20
times lower than the values of 380 and 300 given for two
Bishop Tuff samples (MAHOOD and HILDRETH. 1983). Punty
of either zircon or glass separates is not important in this
case, and the apparent homogeneity of U in the Bishop Tuff
zircons. emphasized by Mahood and Hildreth. is probably a
good argument that the zircons are not relict phases. Since
the Crater Lake samples have a higher /O, it is templing to
appeal to a greater proportion of penta- and hexavalent U
for our samples. but the interpolated DHY™ for the Bishop
Tuff of 150 is also much higher than our upper limit of 23
for Y. Bv conventional wisdom these partition coefficients
should be the same, and redox conditions do not affect this
companison. [n addition, the range in interpolated Ho par-
tition coefficients for zircons from dacites and granites mea-
sured by NAGASAWA (1970) is 40-250. and WATSON (1980)
determined experimentally that D{¥™ > 340 in a synthetic
felsic system. indicating that our Y partition coefficient is
lower than published results for silica-rich compositions.

In summary, our data do not support the hypothesis that
trace-element partition coefficients are anomalously large in
high-silica svstems. While our data for V and Cr may be
consistent with this, our data for Mn. U, and possibly Y give
no suppon to such an hypothesis. In addition. our partition
coefficients are usually much lower than Mahood and Hil-
dreth’s. yet our samples have around 0.5 w1% water (S. NEW-
MAN, pers. comm.) compared to 4-6% for the Bishop Tuff
(ANDERSON et al.. 1989). Water i1s known 1o depolymerize
silicate melts (STOLPER. 1982), and thus consistently higher
partition coefficients for all elements in all phases would be
expected for our sampies, which is not the case. If liquid
polymenzation were the dominant factor in parnitioning in
high-silica systems, we might have expected more similarities
between our results and those of MAHOOD and HILDRETH
(1983). regardless of the differences between the two systems
(temperature, water content, fO,). It is almost certainly true
that silica content is important in trace-element partitioning.
but it appears that melt polymerization does not override all
other factors in high-silica liquids.

Equilibration Time Scale for Crater Lake Partial Melts

The only time constraint from our data comes from the
Zr concentrations in the glass. Zirconium variations were
determined in the glass in two of the three samples (Fig. 5).
Zirconium released by zircon dissolution does not produce
measurable gradients in the region within 200 pm of the grain.
so the charactenistic length for Zr diffusion is at least 200
um, but Zr has not been homogenized over 300 um, seiting
this as an upper limit for a charactenistic Zr diffusion length.

The diffusion data from HARRISON and WATSON (1983)
indicate values for the diffusion coefficient for Zr of about
107"-107" em*/sec, corresponding to Zr diffusion time scales
(1 = {*/D) of 800 to 8000 years (this calculation assumes that
the Zr concentration profiles in these samples are the result
of diffusion and are not complicated by relative movement
of melt and solid). These time-scale estimates are consistent
with the magmatic time scale for Mt. Mazama estimated by
BACON and DRUITT (1988). Either time estimate is long
compared to any practical laboratory experiment duration.
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One might have expected that the Fe-Ti oxides would be
better equilibrated. given the estimated time scales. The Fe-
Ti oxides are phenocrysts in the sense of being stable crystals
in the glass in which they are found. However, assuming that
the Fe-Ti oxide grains are relicts, minor- and trace-element
equilibration is dependent on diffusion in the crystals. For
diffusion not to be complete in 100-1000 vears in 20-100
um Fe-Ti oxides. cation diffusion coefficients on the order
of 1071077 cm?/sec at 1000°C are required. which seem
somewhat low compared to the tracer diffusion study by
DIECKMANN et al. (1978).

It should be emphasized that, compared to the present
study. partition coefficients measured by the conventional
phenocryst-matnix approach require the assumption that the
crystals be in equilibrium with the coexisting liquid. The tra-
ditional phenocryvst-matrix studies are based on mineral sep-
arates and cannot address the issue of equilibration at the
level we have done in this study. It remains to be seen if
phenocryst-matrix partitioning studies with the new gener-
ation of instruments for in situ trace-element microanalysis
will show better defined partition coefficients than the present
study.

CONCLUSION

These samples provide a good illustration of the complex
effects of accessory phases on trace-element parutioning dis-
cussed by WATSON and HARRISON (1984). The effectiveness
of accessorv phases in contnibuting to U-Th and other in-
compatible element fractionations during igneous processes
is governed by their three “"fundamental accessory phase pa-
rameters : solubilities of the accessory phases. partition coef-
ficients for the trace elements of interest. and diffusivities
that govern the equilibration rates. The data from these sam-
ples provide no support for the hvpothesis that trace-element
partition coefficients are anomalously large in high-silica sys-
tems. Qur U parution coefficient for Fe-Ti oxides is not large
enough for this phase 1o cause significant U depletion relative
to Th. even if Dy, = 0. The samples are undersaturated with
zircon and apatite. vet both are present. presumably due to
slow dissolution rates. In turn. this reflects the silica-rich and
H.O-poor compositions and the consequent extremely slow
diffusion rates of Zr and P in the liquid. While apparently
not true for U in zircon in our samples, incompletely dissolved
and included phases could result in larger fractions of incom-
patible elements being retained in the source than is predicted
by equilibrium partitioning. Conversely. entrainment of Fe-
Ti oxides from the source in a separated liquid would resulit
in much higher concentrations of the highly compatible light
transition metals (Ti, V, Cr. Mn) in the magma than predicted
by simple equilibrium partitioning considerations. It is quite
likely that source retention of unstable accessory phases dur-
ing partial melting is not a unique feature of our samples and
is probably an important trace-element fractionation mech-
anism.

Given that “*U-2°Th disequilibrium is quite common and
that it results from processes occurring a relatively short time
prior 1o emplacement (equilibrium is restored in =0.3 Ma).
it is likely that a vaniety of mechanisms. probably including
complicated non-equilibrium and non-magmatic processes.
are responsible.
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ABSTRACT

Clinopyroxene-silicate liquid partition coefficients for U and Th have been determined by particle track radiography
from 1 atm crystallization experiments at controlled fO,. Two natural basaltic and one synthetic composition were studied
at fO, values from the Ni-NiO oxygen buffer to 1 log unit more oxidizing than Fe-FeO (IW + 1). Over the range of fO,
values and compositions studied, DF*/"™ = 0.0034-0.015, DE/"@ = 0.008-0.036, and D, /Dy, = 3.4-1.1. With decreasing
fO,, Dqy,/Dy; can decrease by up to a factor of 3 for a given composition, primarily from an increase in D13, which we
interpret as resulting from an increase in the proportion of tetravalent U in the system with decreasing fO,. This
demonstrates that crystal-liquid U-Th fractionation is fO, dependent and that U in terrestrial magmas is not entirely
tetravalent. D$E*/"9 appears to decrease in the two basalts at the lowest fO,, possibly as a result of changes in composition
with fO,.

QOur data show the sense of U-Th fractionation by clinopyroxene-liquid partitioning is consistent with previous
experimental determinations, in that D' /D{?* > 1 in all cases. This indicates that. during partial melting, the liquid will
have a Th/U ratio less than the clinopyroxene in the source. The observed Z*U-2*Th disequilibrium in MORB requires
that the partial melt should have a Th/U ratio greater than the bulk source. and, therefore, cannot result from
clinopyroxene-liquid partitioning. Further, the magnitudes of the measured partition coefficients are too small to generate
significant U-Th fractionation in either direction. Assuming that clinopyroxene contains the bulk of the U and Th in MORB

source, our results indicate that 2*U-2*'Th disequilibrium in MORB may not be caused by partial melting at all.

1. Introduction

The actinide elements exhibit similar igneous
geochemical behavior and are strongly parti-
tioned into silicate melts relative to the major
rock forming minerals. Thus, relatively little
U-Th fractionation is expected in planetary ig-
neous processes and, during planetary differenti-
ation, actinide elements become highly concen-
trated in the crust. There is a strong coherence of
U and Th in most lunar rocks and meteorites [1].
However, significant fractionation of U and Th
can also occur. There are well documented frac-
tionations in ordinary chondrites [2,3], meteoritic
CAls (e.g., [4]), Apollo 17 mare basalts [5], and

Correspondence ro: T.Z. LaTourrette, California Institute of
Technology, Division of Geological and Planetary Sciences,
Mail Stop 170-25, Pasadena, CA 91125, USA

virtually all types of terrestrial volcanic rock [6.7].
An understanding of these fractionations is im-
portant because U-Th fractionations may pro-
vide important clues to planetary igneous pro-
cesses, and whole-planet U and Th abundances,
necessary for cosmochemical and heat flow mod-
elling, must be obtained from crustal values.

The magnitude of terrestrial U-Th fractiona-
tion is clearly revealed by radioactive disequilib-
rium between 2*U and °Th in young volcanic
rocks. (P*U/?"Th) (parentheses signify activi-
ties) enrichments of up to 79% in island arc lavas
and depletions as large as 38% in MORB have
been observed [8,9]. Measurements of U-series
disequilibria help us to understand the geochron-
ology of young volcanic rocks, the timing of mag-
matic systems, and spatial variations of mantle
Th/U [6,7,10]. In addition, the time scale at
which Z*U and ®°Th return to equilibrium is
short enough that the initial condition of secular

0012-821X /92 /505.00 © 1992 - Elsevier Science Publishers B.V. All rights reserved
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equilibrium in most magmatic source regions is
well constrained. This presents a unique method
for determining the magnitude of U-Th fraction-
ations and, in principle, the degree of partial
melting in the source. This latter application de-
pends on the assumption that the disequilibrium
arises from partial melting and requires detailed
knowledge of the crystal-liquid partitioning be-
havior of U and Th, which is presently unavail-
able. In fact, 2*U->*Th disequilibrium data have
sometimes been used to try to constrain U and
Th partition coefficients [9,11). The motivation
for this work was to constrain the modelling by
elevating U and Th partition coefficients from
free parameters to known values.

In this paper we present experimental meas-
urements of U and Th partition coefficients be-
tween clinopyroxene and synthetic and natural
basaltic liquid. These data help constrain the
magnitude of U-Th fractionation that will result
from crystal-liquid partitioning, thereby provid-
ing some insights into the origin of ¥**U-*°Th
disequilibrium.

2. Experimental and analytical methods

2.1 Choice of conditions

We used three starting compositions in this
study (Table 1). The first is an aphyric MORB
from the southern Juan de Fuca ridge (TT152-37
[12,13])). MORB is the most voluminous volcanic
rock type on Earth and consistently shows signifi-
cant U-Th fractionation relative to its source.
The second is an alkali basalt from Takashima,
Japan [14]. We chose this sample for composi-
tional variation and because U and Th partition
coefficients between augite and groundmass have
been measured in the original rock by Nagasawa
and Wakita [15]. The analytical work of Naga-
sawa and Wakita appeared to be carefully done,
thus this sample offered an interesting opportu-
nity for comparing experimental and pheno-
cryst—matrix partition coefficients. The third is a
synthetic diopside + anorthite glass (Di,; An,, by
mole), which was included to increase the compo-
sitional variation among the samples and to com-
pare to the results of Benjamin et al. [16]. The
major compositional differences among the three
are the FeO and alkali contents.
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TABLE 1

Starting compositions * and run temperatures

Takashima® Juan de Fuca® DijAnyg
basalt basalt
Si0, (wt%) 499 51.2 50.2
TiO, 1.64 1.71 =
Al,O,4 14.09 12.43 12.25
Cr,04 0.005 - -
FeO,, 830 10.49 -
MnO 0.151 0.197 -
MgO 7.21 6.19 11.83
Ca0 12.58 14.68 242
Na,O 241 1.88 =
K,O0 1.41 0.087 =
U (ppm) 1020 730 1000
Th 790 700 780
Total 98.6 99.7 99.3
g 1210 1210 1312
T 1193 1200 1306
T 1160 1179 1273
E o 0.12 0.07 0.24

* Analyses of super-liquidus quench glasses (average of 3
points).

b With 10 wt% wollastonite added.

¢ Initial, liquidus, and final temperatures for crystallization
runs (see text).

¢ Typical crystal fraction.

Crystallization experiments were run at atmo-
spheric pressure; consequently, 10 wt% CaSiO,
was added to the two basalts in order to make
clinopyroxene the liquidus phase. Adding wollas-
tonite raises the CaO content, but the SiO, con-
tent is virtually unchanged, as wollastonite has
about the same amount of SiO, as the basalts.

Th is solely tetravalent, while U has been
shown to be multivalent in systems of similar
composition and fO, values [17,18]. It is there-
fore likely that the degree of U-Th fractionation
is a function of fO,. To investigate this, we
crystallized each composition at oxygen fugacities
corresponding to three different oxygen buffers:
Ni-NiO (NNO), Fa-Mt-Qz (FMQ) and 1 log
unit more oxidizing than Fe-FeO (IW + 1).

2.2 Starting materials

Preparation of the starting materials generally
followed the technique of Benjamin et al. [16]).
The Di,; An,, composition and wollastonite com-
ponent were made by mixing thoroughly and de-
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carbonating Puratronic oxides and CaCO,. The
Di,, An,, mixture was then fused in Pt in air for
2 h and then crushed in an agate mortar and

TABLE 2

Microprobe analyses of runs *
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pestle. Five grams of each basalt + wollastonite
mixture was ground in agate and fused at FMQ
for 2 h in a Fe-saturated Pt crucible. The result-

Run(fO,)
B (FMQ) C(NNOQ) D(IW+1) HIW+1)
glass cpx glass cpx glass cpx glass cpx
Takashima Basalt
Si0, 50.2 50.2 51.7 51.6 50.9 50.8 540 521
TiO, 1.68 1.24 1.71 1.00 1.68 1.38 1.80 1.17
Al,04 15.03 4.59 15.63 4.41 15.39 4.75 16.34 443
Cr,04 - 0.071 - 0.044 - 0.054 - 0.050
FeO 8.08 435 7.63 442 7.06 3.89 5.87 3.42
MnO 0.151 0.111 0.153 0.118 0.149 0.123 0.152 0.134
MgO 6.08 15.54 577 15.76 6.29 16.12 6.18 16.85
CaO 11.25 220 10.95 220 11.78 21.7 12.00 218
Na,O 2.61 0.203 2.58 0.238 1.86 0.157 1.36 0.141
K,O 1.58 - 1.57 0.030 1.41 - 1.06 -
Total 97.5 98.5 98.7 99.8 97.4 99.2 99.7 100.3
Na,0/Na,0; b 0.97 0.90 0.68 0.46
FeO/FeO, " 0.92 0.84 0.80 0.62
Run (fO,)
E (FMQ) F (FMQ) G (NNO) H{(IW+1) L(IW+1)
glass cpx glass cpx glass cpx glass cpx glass cpx
Juan de Fuca Basalt
Si0, 524 523 51.7 52.4 51.0 519 50.4 51.6 530 522
TiO, 1.81 0.933 1.79 0.929 1.81 1.011 1.78 0.998 1.76 0.869
Al,O, 13.41 357 13.38 3.54 13.39 3.86 13.30 3.31 13.35 3.03
Cr;0, - 0.015 - 0.018 - 0.020 - 0.015 - 0.015
FeO 9.53 5.44 9.91 5.65 9.96 5.80 9.12 515 7.43 4.49
MnO 0.202 0.148 0.216 0.145 0.205 0.131 0.200 0.148 0.203 0.163
MgO 5.52 1533 5.46 15.36 545 15.01 591 15.71 6.03 16.12
CaO 14.19 228 14.13 22,6 14.00 227 14.68 225 1493 227
Na,O 1.67 0.151 .71 0.160 1.87 0.181 123 0.119 0.716 0.075
K,O 0.091 - 0.086 - 0.103 - 0.068 - 0025 -
Total 99.7 100.9 99.2 101.0 98.6 100.7 97.6 99.6 98.5 99.8
Na,0/Na,0, 0.81 0.84 092 0.63 0.36
FeO /FeO, 0.86 0.90 092 0.86 0.67
Run (fO,)
E (FMQ) F (FMQ) G (NNO) H{IW+1) LIW+1)
glass cpx glass cpx glass cpx glass cpx glass cpx
Diz An g
Si0, 49.6 52.6 50.4 540 48.0 5435 492 544 509 539
Al,O, 14.82 3.00 15.01 337 15.07 3.46 15.13 338 12.96 355
MgO 10.03 18.16 9.83 17.95 9.88 17.89 9.67 18.09 11.43  18.13
Ca0 241 253 24.0 253 240 254 239 252 234 248
Total 99.6 992 100.2 100.7 98.0 101.3 98.9 101.2 100.5 98.8

* Averages of 3-4 points for glass. 1-2 points for crystals.
® Na and Fe loss during run: sum of concentration in crystals and glass divided by concentration in starting material.
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ing glass was then re-ground in agate for 2 h and
dried at 110°C.

U and Th were added as acid solutions to the
starting glass powders in the amounts to result in
concentrations of about 1000 ppm Z*U and ***Th
and 50 ppm Z*U and #"Th. The spiked powder
was fused in sealed Pt (Fe-saturated for the
basalts) for 3-5 h at 70-100°C above its liquidus
and ball-milled in agate for 10 min to insure
homogenization. Experimental charges were
made two to four at a time by mixing the spiked
glass with polyvinyl alcohol and drying on Fe-un-
saturated Pt wire loops. We used 0.004" Pt wire
to minimize Fe loss during the runs, however
Fe-loss was significant in some runs (Table 2).

2.3 Crystallization runs

All experiments were run at 1 atm pressure in
a vertical quench furnace (Deltech). The fO, was
controlled with CO-CO, gas mixtures and moni-
tored with a doped zirconia oxygen sensor cali-
brated to the Fe—FeO transition [19]. The preci-
sion and accuracy of the fO, are believed to be
+0.07 and +0.12 log units, respectively. Temper-
ature was measured with a Pt/90Pt—10Rh ther-
mocouple periodically calibrated to the melting
points of gold and palladium. The precision and
accuracy of the temperature are believed to be
=2 and +5 °C, respectively.

Crystals were grown by slowly cooling the sam-
ple in order to produce the large crystals neces-
sary for particle track analysis. Diffusion in the
crvstals is too slow to allow continual re-equi-
libration with the liquid [20]. but the cooling rates
were slow enough to allow homogenization by
diffusion within the liquid; thus the crystallization
should approach Rayleigh fractionation. We crys-
tallized the samples using the following recipe:
melt for 1.5 h at 6-16°C above the liquidus (7}),
drop to 0-2°C below the liquidus (7;) and hold
for 24 h, cool at 1.7°C/h to 20-35°C below the
liquidus (7)), and hold for 1-24 hours at this
temperature. The period at 7; is needed to nucle-
ate crystals and to allow the U valence-state
distribution in the liquid to equilibrate with the
0, 21 T T, T,, and the degree of crystalliza-
tion for each composition are listed in Table 1.
This technique resulted in 7-25% crystallization
in the different compositions and generated eu-
hedral crystals 30-300 um in size. The lowest
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degree of crystallization is in the Juan de Fuca
basalt and is limited by the onset of plagioclase
crystallization. Runs were initiated by putting the
charge directly into the hot spot of the furnace at
T; and ended by drop quenching in distilled wa-
ter.

2.4 Actinide track measurements

U and Th microdistributions were determined
from U fission track and 2°Th « track maps
(16,22]. For U, samples were mounted in epoxy,
ground until one or more suitable (> 100 xm)
crystals were exposed, and irradiated with mus-
covite detectors with 1.8 X 10'* n/cm?. We etched
the detectors in 50% HF in two steps. An initial 3
min etch was performed, and the high track den-
sity in the glass (= 10% trx/cm?) was measured at
three or four points at 18,000 power magnifica-
tion with a scanning electron microscope. The
detectors were then re-etched for 3 min, and the
low track densities in the crystals (= 10° trx/cm?)
were measured at 1000 power magnification with
an optical microscope using transmitted light. A
single fission fragment has an average range of
around 10 pm in these samples, so the outer 20
pm of the crystals adjacent to the glass was not
counted to avoid any tracks contributed by the
glass. The additional etching made the tracks
easier to see at the lower magnification. Tests
indicated that SEM counts are 10% higher than
optical, and we therefore include a 10% increase
in all crystal track densities to compare with SEM
data on the glass.

A map of ®°Th a particle tracks was made by
exposing the sample to a cellulose nitrate plastic
detector. However, because the plastic detectors
have a much wider range in track widths and
lengths than the micas, large errors can arise in
comparing counts in plastics with highly differing
track densities [16). Thus, we made two expo-
sures: one for the glass (1-2 days) and one for the
crystals (30 days). The exposure times were such
that the densities in the glass and crvstals were
similar, and both detectors were etched simulta-
neously. This way, all the a tracks were counted
at about the same density, so any errors in the
glass and crystal counts tended to cancel in the
A0 Poyga/Paass- Detectors are etched in 6 N
NaOH for 50-60 min at 40°C, and tracks are
counted at 1000 power magnification with an
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optical microscope using transmitted light. As
with the fission tracks, the outer 20 um of the
crystal is not counted, as Z°Th a particles have a
fixed range of 15 um in these samples.

We counted 1000-2000 tracks for the glass,
and individual crystal counts ranged from 14 to
654, averaging about 100. All counting was car-
ried out by the same person under the same
conditions. Counts on randomly selected samples
were closely reproduced by another person, indi-
cating little counting bias occurred. Occasional
checks of older samples indicated no change in
counting efficiency with time.

To convert track density ratios to partition
coefficients, we made three adjustments. The first
was the previously mentioned 10% fission track
correction because of the two different instru-
ments used. The second was an atomic number
correction, which corrected for the difference in
particle range in the crystal and glass; this correc-
tion was in the order of 1-3% [16]. Thirdly, since
the crystals were grown by fractional crystalliza-
tion and were thus zoned, a crystallization correc-
tion was required. Ideally, the track density we
measure in a crystal would reflect the actinide
concentration in the liquid integrated over the
entire range of crystallization. However, in prac-
tice, our measurements are biased towards the
core of the crystal because we cannot count the
outer 20 pm of the crystal. Although this typically
only excludes about 20% of the crystal dimension
in cross section, such a rim contains 49% of the
crystal volume for a 100 pm crystal. Thus, we
assumed that the measured track density in the
crystal was the average density integrated up to
50% of the total crystallization. The correction
then takes the form:

F/2
D,=D
UM (F=1)In(1-F/2)

(see appendix), where D, is the zoning corrected
partition coefficient; D_, is the measured parti-
tion coefficient; and F is the crystal fraction. F
was determined from a least squares mass balanc-
ing routine [M.B. Baker, pers. commun.] using
the SiO,, Al,O;, CaO, MgO, and TiO, concen-
trations of the starting material and the crystals
and glass from the runs. This was probably a
slight over-correction because the sectioned face

of the crystal did not necessarily contain the
crystal nucleus and some crystals may have nucle-
ated later than others; in any case, this correction
is always less than the amount of crystallization,
which is relatively small (Table 1).

2.5 Microprobe measurements

All of the experiments and quench glasses
were analyzed with a JEOL 733 electron micro-
probe, and raw data were reduced with the
CITZAF correction procedure [23]. Analyses were
made at 50 nA with a 10 pm diameter beam. Na
was always measured first, but alkalis were proba-
bly lost during glass analysis, as evidenced by the
low totals for glasses relative to crystals and the
lower totals for the more alkali rich Takashima
basalt (Table 2). Glass compositions were mea-
sured at 3 or 4 points in the sample, and each
crystal was measured at a point approximately
half-way between the center and the edge. In
addition, core to rim profiles in crystals showed
little major element zoning and normal zoning
(rim/core ~ 1 + F) of incompatible minor ele-
ments.

3. Results

3.1 Approach to equilibrium

The crystals in these experiments were grown
by fractional crystallization. and hence the bulk
crystal is not in equilibrium with the final liquid
composition. The time-temperature path, how-
ever, was chosen to maintain equilibrium at the
crystal-liquid interface during crystal growth. Us-
ing this assumption we can calculate actinide
partition coefficients with the simple zoning cor-
rection described above. One argument for inter-
face equilibrium is that Benjamin et al. [16] found
no dependence of actinide partition coefficients
on cooling rate for rates up to 10°C/h. However,
since a reversal of this type of experiment is not
possible, we cannot prove that interfacial equilib-
rium is maintained, and for some crystals it may
not have been. If interfacial equilibrium is not
maintained during growth, incompatible elements
will be incorporated into crystals in excess of
their equilibrium amounts and the partition coef-
ficients we report will be too high. However,
based on their geochemical similarity and general
coupled behavior in many geologic processes (see
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Fig. 1. Individual crystal partition coefficients for U between clinopyroxene and liquid as a function of the negative log of the

oxygen fugacity. Experiments were run at the Ni-NiQ, Fa-Mt-Qz, and 1 log unit more oxidizing than the Fe-FeO oxygen buffers.

Offsets in —log fO, between compositions for a given buffer are the result of temperature differences. Separate experiments at a

single composition and buffer are distinguished by small offsets in —log fO, for clarity. Increase in D™ with decreasing fO,
is interpreted as resulting from an increase in the proportion of U** in the melt.

Fig. 4), it is likely that U and Th will be similarly
enhanced, making D/D{™ less sensitive to
deviations from interfacial equilibrium than
D@Va or DEX/1a alone.

3.2 Homogeneity
Microprobe and particle track analyses of the
glasses were made on the same points in most

cases, and data were taken both near and far
from crystals. Line profiles in the glass moving
away from crystals were also measured in some
samples. Aside from small (10% over 825 pm)
MgO and Al,O; gradients in the Di;; An,, sam-
ples, microprobe analyses and track densities near
the crystals are indistinguishable from those far
from crystals in all samples, indicating that diffu-
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Fig. 2. Individual crystal partition coefficients for Th between clinopyroxene and liquid plotted against the negative log of the
oxygen fugacity. In most cases the same crystals were analyzed for U and Th. Offsets in fO, are as in Fig. 1. Apparent decrease in
D%‘/““ for the natural basalts at IW + 1 may be due to compositional changes with fO,.
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TABLE 3

Summary of U and Th partition coefficients
Dgn/liu D_c[];’l/'-q Dsﬁ:/hﬂ /Df;umq

DizpAn g

NNO 0.0034+ 32 0011313 33+ §

FMQ 0.0055+ 8 0.0115+ 8 21+ 3

IW+1 00089+ 8 0.0099+13 1.1+ 2

Juan de Fuca

NNO 00038+ 4 0013 + 2 34+ 6

FMQ 00047+ 6 0011618 25+ 5

IW+1 0004 + 2% 0008 + 2 20+11

Takashima

NNO 0.0095+17 0.027 + 8 28+10

FMQ 00113+£12 0.036 + 7 32% 7

TW+1 00146+16 0016 + 2 1.1+ 2

* Error applies to last digit and is the sample standard devia-
tion.
® Average of crystals within 3o of lowest point (see text).

sive homogeneity in the liquid was well main-
tained during the crystallization. This observation
supports the assumption of interfacial equilib-
rium. The standard deviation among the U and
Th track densities at the various points in the
glass divided by the average counting statistics
error was less than 1.7 for all samples; thus the
actinides are homogeneous, and the glass track
density adopted is calculated using the sum of all
tracks counted in the sample.

3.3 U and Th partitioning

A great advantage of in situ analysis is that
partition coefficients for both U and Th can be
determined on individual crystals, allowing im-
portant checks for internal consistency. U and Th
partition coefficients for individual crystals are
shown in Fig. 1 and 2, and our adopted values are
listed in Table 3. These results show that D/
and D$P" are both quite small, illustrating the
extremely incompatible nature of the actinides.

The Di;;An,; composition displays the most
consistent partitioning for both U and Th. Intra-
run variations are small, D" is consistent in
nine out of eleven crystals analyzed, and D/
clearly increases with decreasing fO,. Similarly,
the Juan de Fuca basalt has a relatively well-be-
haved DF/" and D{P™", but there is some
variability beyond counting statistics, increasing
at IW + 1. In contrast to the other compositions,

there is no clear change in DF*" with fO, for
the Juan de Fuca basalt. There is, however, an
apparent decrease in DFHY" at IW + 1. In the
Takashima basalt, both D" and D" are
consistently larger, but also more variable than in
the other two compositions. DF*" increases
with decreasing fO, and D™ appears to de-
crease at IW + 1. Due to the fact that an increase
in D with decreasing fO, is apparent in
two of the compositions and is readily inter-
pretable in terms of the presence of multiple
valence states of U, we are confident that it is
real. A clear conclusion about the apparent de-
crease in Th partition coefficients at IW + 1 is
more difficult. As Th is solely tetravalent, the
cause for such a decrease is not obvious. One
possible clue is the observation that the simpli-
fied Di,; An,, composition shows no change in
DE/Ya with fO,. This suggests that Th parti-
tioning in the basaltic compositions may be sensi-
tive to changes in composition that arise from
changes in fO, (see below).

There is some variability in the partition coef-
ficients that is beyond counting statistics errors.
Some of the inter-crystal and intgr-run variation
may arise from inherent errors in the zoning
correction—different crystals may nucleate at
different times during the slow cooling, and the
cores of some crystals are not analyzed. However,
as it is limited by the degree of crystallization,
this effect cannot explain all of the variation.

Several studies have shown that trace element
partition coefficients depend on crystal and melt
composition [e.g., 24,25]. Thus, variations in com-
position may result in variations in actinide parti-
tion coefficients. While all experimental charges
for a given composition were made from the
same batch of starting material, the composition
of the phases and the bulk charge can vary with
fO, (Table 2). One such compositional change
results from Na and Fe loss, which increases with
decreasing fO,. There is some suggestion that
variations in D" and D" in the lowest
fO, runs are correlated with the amounts of Na
and Fe loss, with greater loss resulting in lower
partition coefficients (Tables 2 and 3). This is
supported by the fact that the Na- and Fe-free
Di,; An,, compositions show less variability than
the basalts and may indicate that actinide activi-
ties depend on Na and/or Fe concentrations.
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Such a compositional dependence is also consis-
tent with both the apparent decrease in D$g/la
for the basaltic compositions at IW + 1 and the
absence of an increase in D/ with decreasing
fO, for the Juan de Fuca basalt (Figs. 1 and 2).
In both cases, the relatively lower partition coeffi-
cients at low fO, could result from decreasing
concentrations of Na or Fe. For the Juan de Fuca
basalt, this effect could approximately cancel the
increase in D{P*/" that would result from reduc-
ing the U valence state in the system. The ab-
sence of a drop in D$E/" for Di,, An,g at IW + 1
lends further support to this theory. In the case
of Na, this dependence would occur if there is a
coupled substitution in the pyroxene, such as
(U,Th)**+ 2Na* < 3Ca®*. That such a mecha-
nism may exist is supported by a positive correla-
tion between D and [Na,0] ., and from the
fact that the more alkali-rich Takashima basalt
has higher partition coefficients than the other
compositions.

In addition to compositional variation, it is
possible that some of the observed partition coef-
ficient variability is due to changes in the parti-
tion coefficients with temperature during crystal-
lization. In principle, all crystals nucleate at T,
and grow over the same temperature range, so
such an effect would affect all crystals equally. In
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reality, although the majority of crystals are of
similar size, crystal size does vary, and it is possi-
ble that crystals nucleate over a range in temper-
ature. However, the temperature range over
which crystals were grown is quite small (Table
1), and in addition, our particle track measure-
ments are only made on the central regions of the
larger crystals, further filtering any temperature
effects. Another effect of temperature is to change
the U valence state distribution in the melt at a
given fO, [17]. This may affect the U data, but
there is no equivalent mechanism for the Th
variations. Thus, temperature variations can only
play a minor role in accounting for the partition
coefficient variations.

While none of the crystals synthesized in this
study are morphologically anomalous, a final pos-
sibility is that some of the variation is the result
of crystal growth too fast for interfacial equilib-
rium to be maintained. As previously noted, devi-
ations from interfacial equilibrium will tend to
make the measured U and Th partition coeffi-
cients high. In such a case the lower values would
best approximate the equilibrium values. Thus it
is possible that the lower values of DE*/' in the
basalts at IW + 1 reflect the true equilibrium
values, with the higher values at the higher fO,
values being caused by non-equilibrium effects.

—

T T T

Takashima
Juan de Fuca
DizjAnz9

80

1 1 1

6 T T
5t
4k
Dt 51 é
Dy go
2 b
¢
i1l
0 1 1
6 7 8

9 10 11 12

-log fO,

Fig. 3. DY lig 7 DEY 49 plotted against negative log of the oxygen fugacity for crystals shown in Fig. 1 and 2. Offsets in fO, are as

in Fig. 1. Much of the variation in Fig. 1 and 2, especially in the low fO, runs, has gone because DS/ and D{P*/'S are

correlated. The decrease with increasing fO, is due primarily to the increase in DF /M Note that DE /D > 1 in all cases,

showing that U-Th fractionation by clinopyroxene-liquid partitioning during partial melting will result in a liquid that has a Th/U
ratio less than the clinopyroxene in its source.
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This implies that the low fO, somehow induces a
closer approach to equilibrium; but the absence
of a change in D" with fO, for the Di;; Any,
composition argues against this interpretation.
We, therefore, favor the interpretation that the
change in DS/ at low fO, is compositionally
controlled, as discussed above. Nonetheless, the
partition coefficient variations at a single fO,
cannot be completely explained by errors in the
zoning correction and compositional and temper-
ature variations, and it is likely that some of the
spread is due to non-equilibrium effects. There-
fore, a straight average will not reflect the equi-
librium value. In order to weight the lower end of
the distributions, the adopted values, listed in
Table 3, are the averages of all crystals that plot
within two counting statistics standard deviations
of the crystal with the lowest value. In most cases
this value is the average of all crystals for U,
while some of the highest Th values are excluded
using this criteria. One exception was made for U
at IW + 1 for the Juan de Fuca basalt: to prevent
the single low point from dominating, the crystals
within three standard deviations of the lowest
crystal were averaged. The values in Table 3 are
our best estimates of equilibrium partition coeffi-
cients for the compositions and conditions stud-
ted.

Most importantly, both the inter-crystal and
inter-run variations in D$§*" and D®" tend
to be correlated (i.e., the crystals with lower
DEM4 also have lower DF*9), Such a correla-
tion would be expected for any of the variability
mechanisms discussed above, and the result is
that much of the variation in the partition coeffi-
cients cancels in their ratio (Fig. 3). This is evi-
dence of the fact that D /D{*, which gives a
measure of the degree of U-Th fractionation
possible by clinopyroxene-liquid partitioning, is
more reliable and robust than either partition
coefficient separately.

4. Discussion

The results of this study are actinide partition
coefficients between clinopyroxene and basaltic
liquid as a function of fO, for three different
compositions. Over the range of fO, values stud-
ied, DS/ was greater than D/ in all cases.
As fO, decreases, D, /D, can decrease by up

to a factor of 3 for a given composition, demon-
strating that crystal-liquid U-Th fractionation is
fO, dependent (Table 3, Fig. 3). This depen-
dence arises predominantly from an increase in
D@P/" with decreasing fO,, as seen for the
Takashima and Di,;; An,, compositions (Fig. 1),
which we interpret as resulting from an increase
in the proportion of U** relative to higher va-
lence states in the melt with decreasing fO,.
While the valence state of U in clinopyroxene has
never been measured, we assume that it is pre-
dominantly tetravalent and that an increase in
U** in the melt therefore causes an increase in
D/ This assumption is securely based on
partition coefficient—ionic radius systematics [e.g.,
26) which show that trace cations prefer to substi-
tute into crystallographic sites of similar ionic
radius and charge as the major cation (e.g., Sr in
plagioclase), with U** being closest to Ca?* in
this respect. There is a strong decrease in crys-
tal-liquid partition coefficients as the charge dif-
ference between the trace element and the major
cation increases. Thus, in clinopyroxene, where
DE{%%E» DR, it is inevitable that D" >
.Du5-6' .

It is perhaps surprising that no clear increase
in D{P/" s observed for the Juan de Fuca
basalt. As previously mentioned, one possible
reason for this is that actinide activities in Fe-
and Na-bearing systems appear to be sensitive to
compositional changes that stem from changes in
fO,, with partition coefficients decreasing under
more reducing conditions. A second possibility is
that the valence state distribution of U in this
composition does not change with fO, in our
experiments. Calas [18] has demonstrated that, in
addition to oxvgen fugacity, the U valence state
distribution in silicate melts depends strongly on
composition. Subsequent studies have shown spe-
cific dependence on the concentrations of other
multivalent elements [27] and alkalis [28]. Thus,
in the Juan de Fuca basalt, it is quite possible
that the concurrent changes in fO, and composi-
tion, particularly Na and Fe, compete to pul! the
U valence state distribution in opposite direc-
tions, resulting in no net change in D! in the
various experiments.

There are few experimental data with which
we can compare our results. Benjamin et al. [16]
measured D" =0.029 and D" = 0.018 for
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Dig,Ab,sAn,s at 20 kbar, which are somewhat
higher than our values for Di, Any (Table 3).
The higher values in the Di-Ab-An system may
be due to the presence of Na or the higher
pressure and temperature of those experiments.
From experiments with a natural Kilauea tholei-
ite at 14 kbar, Tatsumoto [29] measured D$*/1ia
=0.021 and D{*/"a = (.014, which are compara-
ble to the values for the Takashima composition.
Watson et al. [30] measured D/ = 0.0003 for
Cr-diopside in an Fe free haplobasalt sealed in
air. However, as they point out, the high valence
states of U likely to be present in these runs casts
doubt on the significance of their value to natural
conditions. Significantly, both studies that report
U and Th partition coefficients are consistent
with our results in finding D, /Dy > 1.
Nagasawa and Wakita [15] measured U and
Th partition coefficients between large augite
crystals and groundmass in the Takashima basalt.
In contrast to our results, they measured a lower
D3se/marx = 00121 and a higher D&/ ™=
0.0167, giving a significantly lower Dy, /Dy =
0.73. By analogy with the general consistency of
the shape of the REE partition coefficient pat-
tern for clinopyroxene [e.g., 31], we consider it
unlikely that D35 /D{™ can be > 1 in some cases

227

T.Z LaTOURRETTE AND D.S. BURNETT

and <1 in others. As Nagasawa and Wakita [15]
state, there is no definite evidence that the augites
are in equilibrium with the groundmass, and we
suggest that the composition of the groundmass
they analyzed may not represent the liquid that
the augites equilibrated with. Based on the high
Al,O; content of the augites and bronzites, Kuno
[14] concluded that these phases crystallized near
the base of the crust. Subsequent lower pressure
differentiation, partial resorption of high pres-
sure phases, assimilation of the various mafic
inclusions present, or any other fractionation
mechanism during the (possibly long) time be-
tween augite crystallization and eruption may
have changed the U/Th ratio of the liquid. One
such process is the crystallization of U- and Th-
rich accessory phases after the augite. A fission
track map of a section of the Takashima basalt
reveals pervasive, small, U-rich stars throughout
the groundmass. SEM study of the section re-
vealed micron size apatite and zircon crystals,
which are undoubtedly the source of these stars.
These minerals have high solubilities in basalts
[32,33] and probably crystallized from the glass
during quenching. If these apatite and zircon
crystals, which preferentially incorporate U over
Th, were then separated from the groundmass in
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Fig. 4. Clinopyroxene-matrix partition coefficients for U and Th taken from the literature. Points along the axes are from studies

that report only U or Th data. Data are subdivided by SiO, content, and our experimentally determined values for the three

compositions at FMQ are shown for reference. Note the tremendous amount of scatter even within a single SiO, range. Data from
[15,31,34-44].



228

U AND Th PARTITIONING BETWEEN CLINOPYROXENE AND BASALTIC LIQUID 237

the mineral separation process, the reported
D3ys/matix will be too high and D3#/D3® too
low.

Clinopyroxene-matrix partition coefficients
from natural rocks for U and Th give DY} /D™
ratios both greater than and less than 1. Partition
coefficients collected from the literature (de-
termined from mineral separates) and our experi-
mentally determined values for the three compo-
sitions at FMQ are shown in Fig. 4. The data are
distinguished by the whole rock SiO, content.
Although it is not obvious that this is the best
discriminant, very often it is the only data avail-
able. Phenocryst—-matrix partition coefficients for
incompatible elements are typically larger than
those determined experimentally, and in many
cases this discrepancy can be attributed to impure
mineral separates. This is especially likely for
highly incompatible elements such as U and Th,
and this problem is almost certainly responsible
for much of scatter in Fig. 4. Even within a single
range in SiO, the partition coefficients vary by up
to 4 orders of magnitude, making the existing
phenocryst-matrix data set for the actinides basi-
cally unreliable. This large scatter has confused
U-Th fractionation modelling, permitting U and
Th partition coefficients to be treated as essen-
tially free parameters. Our experiments constrain

actinide partition coefficients for basaltic systems
and show that D$5/"™ is larger than D{/'a.

5. Application to 28 U-2"Th disequilibrium

A unique aspect of U and Th series disequilib-
rium is that a system will always return to secular
equilibrium in =5 daughter half-lives, providing
well-constrained initial conditions. In the case of
the Z8U-2*Th disequilibrium, this means that, if
a system has been undisturbed by any fractionat-
ing processes for approximately 375000 yrs or
more, the 25U /#Th activity ratio will have a
value of 1. Immediately following a fractionation
event, the degree of radioactive disequilibrium is
equal to the degree of parent—daughter fraction-
ation produced during the event (ie., (F3U/
20Th), . =[U/Th] ., /[U/Thl,...). Therefore,
we know that a young volcanic rock with (38U/
20Th) < 1 has U/Th less than that of its source.

B8YU-_B9Th disequilibrium measurements have
been made on volcanic rocks from a variety of
geologic settings. Good reviews are presented by
Condomines et al. [6] and Gill et al. [7]. Based on
such measurements, MORBs and OIBs are clearly
distinguished from other rock types by consis-
tently having k < 1, where k = (33U /Z°Th) after
Allégre and Condomines [10]. As shown in Fig. 5,
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the maximum degree of disequilibrium observed
in MORBs is about & =0.6, with an average of
about k =0.84 [51]. This disequilibrium results
from a process that fractionates U from Th, the
nature of which has been speculated upon, but
never determined. It is important to point out,
however, that among the different mechanisms
thought to exist, fractionation in MORBs and
OIBs is usually ascribed to partial melting (e.g.
[6.47]). In the following paragraphs we use our
results to evaluate this hypothesis.

The most important consequence of our exper-
imental results is that the measured 2¥U-%°Th
disequilibrium in MORB cannot be produced by
clinopyroxene-liquid fractionation during partial
melting. This is because the sense of fractionation
produced by clinopyroxene-liquid partitioning is
the opposite of what is required for the observed
disequilibrium.

Clinopyroxene is almost certainly an essential
source constituent in generating MORB melts
[e.g. 52] and, while it is typically considered to be
the primary host phase for incompatible trace
clements as well, it is important to evaluate the
extent to which phases other than clinopyroxene
contribute to actinide element signature of the
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Fig. 6. 2%U-"Th disequilibrium predicted by clinopyrox-
ene-liquid partitioning as a function of melt fraction ex-
tracted for batch (equilibrium and dynamic [11] melting. Both
models use DV =00045, DR/ =001, assume 17%
clinopyroxene in the source [63), all U and Th in clinopyrox-
ene (bulk Dy =0.00077, D4y, = 0.0017). and modal melting.
Parameters were chosen so that the magnitude of the calcu-
lated disequilibrium is an upper limit (see text). For dynamic
melting, upwelling rate (roughly half spreading rate at ridge)
=35 cm/yr, thicknzss of melting region =40 km [67], g =
Pliguie = 2.7, and initial batch melt = porosity throughout melt-
ing = 2%. Note that k is always > 1, and disequilibrium is
< 5% for all melt fractions above 2%.
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MORB source. Clinopyroxenes from ultramafic
xenoliths and ophiolites virtually always concen-
trate U relative to orthopyroxene, olivine, and
spinel, usually to a great extent [29,53-57), and
the few available measurements indicate that this
is also true for Th [29,57]. In addition, it has been
shown repeatedly that most other large ion
lithophile elements (K, Rb, Cs, Sr, Ba, Y, REE)
in ultramafic xenoliths are concentrated in
clinopyroxene [e.g. 58-62]. Finally, our prelimi-
nary results for olivine—liquid partitioning experi-
ments give D3 < 0.0001. Thus, clinopyroxene
appears to contain the bulk of the U and Th in
the MORB source. Contribution of actinides by
accessory phases cannot be ruled out; however,
the ubiquitous nature of U-Th fractionations in
MORB suggests that the behavior of U and Th is
dictated by primary phases. Thus, our partition
coefficients, appropriately scaled for the modal
abundance of clinopyroxene, should be applicable
to the complete MORB source, indicating that
BU-20Th disequilibrium in MORB may not
result from partial melting at all.

As an illustration of this we have calculated
the degree of 2!U-2*Th disequilibrium pro-
duced during partial melting using our results.
Analyses of Fe**/Fe?* in MORB glasses indi-
cate that melting in the MORB source region
occurs at an fO, of about 2 log units more
reducing than NNO [63,64]. Interpolation of our
data for the Juan de Fuca basalt gives D" =
0.01, D{*/""a =0.0045, and D, /D, = 2.2 under
these conditions. The modal abundance of
clinopyroxene in spinel lherzolites is variable, and
a single value for the MORB source cannot be
safely assigned. For our example we chose 17%,
the highest value found in the primitive group of
spinel lherzolites analyzed by Jagoutz et al. [65].
Assuming that this represents the upper limit, an
upper limit on U-Th fractionation is defined:
values below 17% will result in less fractionation.
Using these parameters, we have plotted the lo-
cus of k values generated by various degrees of
partial melting of a source in secular equilibrium
for two simple melting models (Fig. 6). The solid
curve is for a batch melting case, assuming A =
[U/Th]/[U/Thl,, ., as explained above. The
dashed curve is calculated using a dynamic melt-
ing model [66] adapted to Z**U-""Th disequilib-
rium by Williams and Gill [11). A significant
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aspect of this model, pertinent to radioactive
disequilibrium, is that it allows for changes in &
during a finite melting time. Modal melting, while
obviously unrealistic, was used because dynamic
melting models have not been worked out for
non-modal melting. However, allowing clinopy-
roxene to melt in a more realistic proportion of
50-70% [52] will decrease fractionation, so our
model again represents a maximum degree of
WU-20Th disequilibrium.

From Fig. 6 we see that during partial melting
it is exceedingly difficult for either model to gen-
erate large U-Th fractionations. Moreover, it is
impossible for the liquid to have k <1, as this
would require D > Dy, the opposite of what
we find in our experiments. This sense of frac-
tionation follows from the measured partition
coefficients and is independent of any specific
model parameters. At 5% melt extraction, dy-
namic melting produces less than 4% disequilib-
rium, far less than the average observed value of
16% [51]. Much larger degrees of melting are
indicated for MORB (e.g. [67]), resulting in even
less fractionation. Again, the predicted disequi-
librium is in the opposite sense from that ob-
served for MORB, clearly ruling out clinopyrox-
ene-liquid fractionation during partial melting as
the source of *U-¥Th disequilibrium in
MORB. By similar arguments, no significant
U-Th fractionation in a liquid will result from
fractional crystallization of less than about 95%.

This result has important significance for our
understanding of melting at mid-ocean ridges.
Based on 2*U-*"Th disequilibrium, certain con-
straints on MORB genesis have been proposed.
Assuming that the bulk partition coefficients for
U and Th are 0.005 and 0, respectively, McKen-
zie [66] argued that the melting region beneath a
ridge is over 100 km wide, the porosity must be
less than 2%, and that the melting time must be
long compared to the half-life of ***Th. Williams
and Gill [11] propose that MORBs are mixtures
of varying proportions of a 1% melt and a 15%
melt. While we are not necessarily opposed to
these models, our results fail to confirm that
“®U-*Th disequilibrium can be used to support
such interpretations. On the other hand, to the
extent that Th isotope ratios reflect the source
region and not U-Th fractionation processes,
conclusions regarding mantle heterogeneity or

contamination based on variations in (*'Th/
B2Th) are unaffected by our results [e.g. 47,68].

The conclusion that #*U->'Th disequilibrium
in MORB may not result from crystal-liquid frac-
tionation during partial melting is supported by
additional observations. Dynamic melting pre-
dicts that lavas from slow spreading ridges should
have greater disequilibrium than those from faster
spreading ridges, but no correlation is observed
[7]. Disequilibrium produced by crystal-liquid
fractionation should also result in a correlation
between k and some indicator of degree of melt-
ing, such as the Th content, but it does not (Fig.
5, [7]). Finally, it has been shown that **U-%Th
disequilibrium in arc rocks and the extreme
Z0Th-226Ra disequilibrium in some MORB re-
quire models more complex than partial melting
[48,69].

Beyond ¥U-Th disequilibrium there are
other geochemical data which have been inter-
preted as indicating that Th is more incompatible
than U. There is a positive correlation between
Th/U and Th for MORB [70], and a negative
correlation between (*"Th/**Th) and ¥’Sr/%Sr
in MORB and OIB [45]). The former was inter-
preted as evidence that Th is preferentially ex-
tracted over U with progressive melting in the
mantle, and the latter correlation implies that
Th/U and Rb/Sr are correlated in the mantle,
and has been similarly interpreted [6]. Our results
show that these interpretations cannot be the
case for a source where most of the U and Th is
in clinopyroxene, and suggests that neither U-Th
nor Rb-Sr fractionations are crystal-liquid con-
trolled.

In order to explain the observed “U->"Th
disequilibrium in MORB, any U-Th fractiona-
tion mechanism must be large, ubiquitous, and
result in a value of k£ < 1. Possible alternatives to
clinopyroxene-liquid fractionation during partial
melting include: (a) fractionation of the mantle
source prior to MORB genesis, either by extrac-
tion of a minute melt fraction or infiltration by a
mobile fluid phase; (b) melt-vapor fractionation
during degassing: (¢) recent contamination of the
magma by hydrothermally altered oceanic crust;
(d) reversal of the sense of U-Th fractionation by
clinopyroxene at the pressure of MORB melting
(i.e., D/DT <1 at high pressure); and (e)
fractionation of U and Th by some other crys-
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talline phase, most plausibly garnet, during par-
tial melting.

Mechanism (a) is tempting because U and Th
are extremely magmaphile and will concentrate in
the liquid phase after a very small amount of
melting. A recent event will leave behind a highly
fractionated (in the correct sense for MORB; i.e.,
k <1) residual solid that may be still fertile
enough to produce MORB. A difficulty with this
tvpe of fractionation is separating and hiding the
highly fractionated initial melt. Recently, Stolper
and Newman [71] have successfully modelled
variations of 20 trace elements, including U and
Th. in a suite of Marianas trough basalts as
resulting from the addition of a trace element
laden, H,O-rich, component to the source. This
component is enriched in Th relative to U, and if
this enrichment is recent, addition of this compo-
nent will decrease k. They assumed that the
ultimate origin of this fluid is the subducting slab.
Designating the origin of a similar component in
the MORB source is somewhat more problem-
atic, but this type of mechanism appears to be
viable.

Because of the low volatile content of MORBs,
vapor—melt fractionation (b) requires large U and
Th enrichments in the vapor phase to be signifi-
cant. Fission track data from fluid inclusions in
ultramafic xenoliths [72] and rhyolite melt-vapor
partitioning experiments [73.74] indicate that very
little U or Th partitions into the vapor phase.

Most MORB has undergone extensive hy-
drothermal alteration (c), as is evident from %O
exchange [73). Based on detailed sampling of the
Oman ophiolite, Gregory and Taylor [76] con-
cluded that hydrothermal systems completely sur-
round the magma chamber, and it is likely that
stoping of such hydrothermally altered wall and
roof rocks contaminates the magma prior to
eruption [H.P. Taylor, pers. commun.]. The effect
of seawater alteration on U-series disequilibrium
in MORB has been addressed in several previous
studies [9.45,46,49], and it appears that, despite
the high U/Th in seawater, the net effect of
alteration is to decrease k. In addition, £ <1 in
some Hawaiian lavas have been attributed to
recent assimilation of #“Th-rich altered crust at
depth by the primary magma [77], indicating that
alteration by deep hydrothermal circulation may
affect mid-ocean ridge magma chambers as well.
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Further, this process may be difficult to detect as
the assimilant will typically have the same compo- _
sition as the magma. It, therefore, appears that
assimilation of hydrothermally altered crust is a
possible explanation for the low & of MORB.

The effect of pressure on actinide fractiona-
tion by clinopyroxene (d) is poorly constrained.
There is no appreciable difference between the
results of Tatsumoto [29] for a Kilauean basalt at
14 kbar and our results for the Takashima basalt
at 1 bar. Compositional differences may compen-
sate for any pressure effect, however. In the
Dig,Ab,sAn,s system, Seitz [78] also saw no
change in actinide partition coefficients between
10 and 25 kbar. On the other hand, Benjamin et
al. [16] report DF*/3 = 0.018 at 20 kbar, which is
significantly greater than the value measured by
LaTourrette et al. [79, and unpublished data] for
the same composition at 1 bar and comparable
fO,. It is likely that this increase is a conse-
quence of the large temperature difference
(200°C) and changes in phase compositions with
pressure, but it is also possible that the U valence
state distribution is sensitive to pressure, in which
case pressure might be an important variable in
considering U-Th fractionation. However, as
previously noted, Benjamin et al. [16] report a
comparably high value of D®Y", resulting in
DS /D > 1, consistent with our 1 bar results.
The concurrent increase in both U and Th parti-
tion coefficients suggests that the changes are
structurally controlled and that any effect of pres-
sure on the U valence state distribution is not
important. This is further supported by similar
small increases in clinopyroxene-liquid partition
coefficients with pressure for REE [80]. Thus,
while it is possible that the absolute values of
clinopyroxene-liquid actinide partition coeffi-
cients change with pressure, the ratio of the par-
tition coefficients will not be significantly differ-
ent at high pressure.

Evidence for garnet remaining in the MORB
source comes from Lu-HIf isotopes [81] and REE
abundances in East Pacific Rise basalts [82] and
abyssal peridotites [83]. To our knowledge, there
are no published garnet-matrix partition coeffi-
cients for the actinides in natural rocks. Fission
track studies of the U-distribution in garnet-
bearing xenoliths from kimberlites and basalts
show that the ratio of U in garnet to that in
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clinopyroxene is highly variable, both greater than
and less than 1 ([54] and references therein).
Kato et al. [84] have published the only experi-
mental garnet-liquid partitioning data for the
actinides, and they report only that D§/% and
D8/' are probably smaller than 0.1. If these
values can be used as upper limits for melting in
the MORB source, U-Th fractionation by garnet
cannot be ruled out on this basis.

Of the possibilities listed, we feel the most
plausible U-Th fractionation mechanisms for
MORB appear to be fractionation of the source
region by a fluid phase shortly before melting (a)
or fractionation of the magma prior to eruption
by stoping of altered crust (c). Although there is
no direct evidence for these processes affecting
BY_2OTh disequilibrium in MORB, they are
preferred because they have been shown to frac-
tionate U and Th in the correct sense for MORB
in other environments and have the potential to
produce variable amounts of disequilibrium un-
der fairly uniform petrogenetic conditions.
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Appendix: Derivation of zoning correction -

Due to the fact that we cannot count tracks
right up to the crystal-glass boundary, the mea-
sured track density in a crystal corresponds to the
average concentration of a trace element, i, in
the crystal integrated up to 50% of the total
crystallization (see above). This can be expressed
as:

F /2
< CJ“I di_--

cxhy = 0
( ' > fF/ZdF, (I)
0

where C is concentration and F is the crystal
fraction. If the true partition coefficient, D, is
defined as C /C9, then, at any point during
fractional crystallization, the concentrations in the
crystal and liquid are:

CH=Cip(1-F)°! (2)
and
Ci=Ci(1-F)°™ (3)

where C/ is the initial concentration of i in the
liquid. Substituting (2) into (1) and performing
the integration yields:

€y =(2/F)C[1- (1-F/2)°) (4)

The measured partition coefficient, D, is given

by {C,;?/Cy,. Substituting (3) and (4) into this

expression gives:

. @/F)[1-(1-F/2)"]
" (1-F)°"!

This can be linearized by setting g(D)=(1-

F/2)” and taking a first order Taylor Series
expansion about D = (:

g(D)=1+D In(1-F/2) (6)

and

(5)

1-(1-F/2)?=1-¢g(D)=-D In(1-F/2)
(7)

Similarly, setting y =D — 1, h(y)=(1 — F)*, and

taking a first order Taylor Series expansion about

y = —1 we get:

h(y)=[1+D In(1-F)]/(1-F) (8)

Substituting (7) and (8) into (5) and solving for D

results in:

1
D'“(Z/F)(F—l)ln(l—F/Z)~Dmln(l—F) )

Noting that the right hand term in the denomina-
tor is much smaller than the left hand term for
the very small partition coefficients we measure,
this can be simplified to:

F/2

D=D,
(F—1) In(1-F/2)

(10)

where D is the zoning corrected partition coeffi-
cient.
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