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ABSTRACT

In Part I, a least squares searching technique has been developed
to estimate the source dimensions of intermediate and deep focus
earthquakes from the azimuthal variation of body-wave pulse-width.
Modes of rupture propagation, seismic moment, stress drop and orientation
of the slip plane can also be determined if both pulse-width and
amplitude data are used. With this method, 17 intermediate and deep
earthquakes in the Tonga-Kermadec arc system have been investigated
in order to determine changes in the state of stress and source
properties within a subducting slab., Three different modes of rupture,
unilateral, bilateral, and circular faults, are compared and tested
against observations. Results indicafe that the unilateral fault is
the best model for most of the earthquakes studied, the bilateral fault
is the best model for some shocks, but the circular fault, in no
cases, is better than the other two fault models. Stress drops of
intermediate and deep focus earthquakes vary within a very large range,
from 20 bars to 4617 bars, and change significantly with focal depth.
Two high stress drop regions at depths about 360 km and 640 km seem
to correlate with the depth ranges in which phase transitions occur.

A relative minimum of stress drop is found at about 450 to 560 km

where the annual number of earthquakes is particularly high. Earthquakes
which occurred at the northern end of Tonga arc, where the Benioff zone
is laterally bent, show systematically higher stress drops than other
events at comparable depths but away from the bend. Also events in

low seismicity regions appear to have higher stress drops than those
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in high seismicity regions. Apparent stress is found to be smaller
than half of the stress drop, and the upper bound of seismic efficiency
appears to decrease as depth increases. A comparison of deep and
shallow earthquake source parameters is also made.

In Chapter 1 of Part II, the subduction of the D'Entrecasteaux
fracture zone-aseismic ridge system in the New Hebrides island arc
is investigated on the basis of the focal process of the New Hebrides
earthquake of January 19, 1969 (mb = 6,4, h = 107 km), mechanisms
of some related events, seismicity, and regional tectonics. A
notable feature of this island arc is the discontinuity of the
New Hebrides Trench in the central New Hebrides where the ridge-
fracture zone is subducting and intersecting the arc. The 1969 New
Hebrides earthquake occurred along the subducted portion of the
fracture zone and is characterized by unusual wave forms with remarkably
large excitation of long period waves. Body-wave and surface wave
analyses reveal the earthquake was a complex event with a change of
fault strike during the rupture process. The location and mechanism
of this earthquake suggest that the D'Entrecasteaux fracture zone
structurally extends to the east of the Trench. This structural
boundary at depth seems to be reflected in the spatial distribution
of two earthquake swarms which are bounded sharply at the latitude
of 15,2°S, At the extension of the ridge-fracture zone, the activity
of intermediate-depth earthquakes, which are characterized by a very
consistent pattern of down-dip extensional mechanism, is much higher
and their depths are systematically shallower than in the adjacent

regions. These features can be interpreted as a consequence of



subduction of a buoyént ridge and the resultant increase in the
extensional stress at the intermediate depths of the sinking slab.
Fault-plane solutions of 22 earthquakes suggest that the subduction
of aseismic ridges in the New Hebrides is characterized by high angle
thrusts. The lithospheres on the two sides of the D'Entrecasteaux
fracture zone under the arc subduct more or less independently and
generate alternating left-lateral and right-lateral earthquakes along
the subducted portion of the fracture zone.

In Chapter 2, tectonic features associated with a subducting
fracture zone-aseismic ridge system in the New Hebrides island arc
are investigated. Several notable features including a discontinuity
of the trench, peculiar locations of.two major islands (Santo and
Malekula), regional uplift, and the formation of a basin are
interpreted as a result of the subductioh of a buoyant ridge system,
The islands of Santo and Malekula are probably formed from uplifted
mid-slope basement high while the interarc basin of this particular
arc is probably a subsiding basin instead of a basin formed by backarc
opening. The situation can be modeled by using a thin elastic half
plate overlying a quarter fluid space with a vertical upward loading
applied at the plate edge. This model is consistent with topographic
and geophysical data. This study suggests that subduction of aseismic
ridges can have significant effects on tectonic features at consuming
plate boundaries.

In Chapter 3, seismicity near locations of aseismic ridge sub-
duction has been investigated for five seismic regions: New Hebrides,

Bonin-Mariana, Tonga-Kermadec, Peru and Northern Chile. The
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maximum focal depth of intermediate-depth earthquakes beneath areas of
aseismic ridge subduction is generally shallower than that on either
side of the subducting ridge., This variation of focal depth in some
cases forms a well-defined gap or quiet zone for intermediate-depth
events. This phenomenon may be a consequence of differential subduction
and difference in material properties between an aseismic ridge and the
rest of the oceanic plate., Although at locations of aseismic ridge
subduction large shallow earthquakes occur less frequently compared
with the adjacent regions, small shallow earthquake activity 1is not
always reduced. In addition, there is a high correlation between
trench discontinuities and aseismic ridge subduction suggesting that

a trench can be interruptéd and divided into two sections by ridge
subduction if the buoyant force associated with the ridge is strong

enough.
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PART 1

VARIATION OF SEISMIC SOURCE PARAMETERS

AND STRESS DROP WITH A DESCENDING

SLAB AS REVEALED FROM BODY-WAVE

PULSE-WIDTH AND AMPLITUDE ANALYSIS



INTRODUCTION

Since the discovery of deep focus earthquakes (Wadati, 1928:
Scrase, 1931; Stechschulte, 1932), evidence from deep earthquakes has
furnished important clues about the earth's interior and has lent
significant support to the new global tectonics. The deep sloping
seismic zone found by Wadati (1935) and Benioff (1955) has been
considered an expression of down-going lithospheric plate
(Oliver and Isacks, 1967) and strongly supports an underthrusting
of lithosphere beneath island arcs. Valuable information about the
state of rtress within a subducting slab and the driving mechanism
of plate tectonics can also be obtained from studies of focal mechanisms
of mantle earthquakes (Isacks and Molnar, 1971).

Even though a large amount of work has been done of deep earth-
quakes, the mechanism of deep-focus earthquakes remains a basic
problem. Both shear dislocation and volumetric change due to phase
transition (Knopoff and Randall, 1970) have been proposed as source
mechanisms. However, no significant volume change at the source
region has been observed (Randall and Knopoff, 1970; Aki, 1972;

Okal and Geller, 1978); furthermore, first motions, amplitudes, and
waveforms of P, S, Rayleigh and Love waves radiated from deep earth-
quakes can be explained quite well by using a shear dislocation source
model (Isacks and Molnar, 1971; Fukao, 1970; Mikumo, 1971; Abe, 1972).
This stroﬁgly suggests that shear faulting is a reasonable approximation
to deep earthquake source. Therefore, in the present study, we assume
that shear dislocation is the mechanism of deep-focus earthquake.

Determining the thermomechanical procésses within subducting



lithospheric slabs has been a research area of great interest in

recent years. A major difficulty with this kind of study comes from

the fact that many physical parameters at great depths cannot be measured
directly; as a consequence, few constraints can be placed on models of
subduction. An important source of information about these processes
comes from intermediate and deep focus earthquakes. The purpose of

this study is to provide new seismological data which can be used

as physical constraints to various thermomechanical models of plate
subduction,

In recent years, several methods have been employed to study
source parameters of intermediate and deep focus earthquakes, including
analyses of body waves (Teng and Ben-Meanhem, 1965; Billinger, 1968;
Berkhemer and Jacob, 1968; Khattri, 1969; Mikumo, 1969, 1971; Fukao,

1970, 1972; Wyss, 1970; Wyss and Molnar, 1972; Burdick and Helmberger,
1974; Sasatani, 1974; Chung and Kanamori, 1976; and Strelitz, 1977), surface
waves (Wyss, 1970; Abe, 1972; Furumoto and Fukao, 1976; Chung and Kanamori,
1978; and Koyama, 1978), and free oscillations (Mendiguren, 1972;
Dziewonski and Gilbert, 1974). For deep shocks, data from body waves are
easier to obtain and usually provide a better resolution for the rupture
process. For this reason, body wave data are used throughout this work.
Earthquake source parameters can be estimated both in the frequency domain
(Teng and Ben-Menahem, 1965; Khattri, 1969; Wyss, 1970; Wyss and Molnar,
1972) and the time domain (Bollinger, 1968, 1970; Berckhemer and Jacob,
1968; Mikumo, 1969, 1971; Fukao, 1970, 1972; Sasatani, 1974; Chung and
Kanamori, 1976; Strelitz, 1977). In most of the frequency domain

approaches, only the amplitude spectrum is explained. We prefer the



time domain approach because both phase and amplitude spectra can
be interpreted simultaneously, and the theoretical prediction can be
compared with observation in a more direct way.

In this study, we are going to determine the following source
parameters: seismic moment M,, source dimension L or a, fault area A,
average dislocation B} stress drop Ao, apparent average stress
no, and the upper bound of seismic efficiency Npaxe as well as mode
of rupture: unilateral, bilateral, and circular faulting. Seventeen
intermediate and deep focus earthquakes in the Tonga-Kermadec area
have been investigated. We are particularly interested in learning
how these parameters vary with local tectonic conditions and change
as a function of depth. Source parameters of intermediate and deep
focus earthquakes in Tonga-Kermadec area were studied by Wyss and
Molnar (1972) using the corner frequency method developed by Brune
(1970) , Hanks and Wyss (1972) and Wyss and Hanks (1972). Kasahara
(1957), Tsujiura (1972), Wyss (1970) and Wyss and Molnar (1972)
investigated source parameters as a function of depth. Seismic moment
is usually well determined; on the other hand, parameters such as
source dimension, fault area, and stress drop are more model dependent.
It is important to study these parameters by many different methods
and to compare results from different models. In most previous
source studies data were fit with an assumed mode of rupture and
fault geometry without testing other possible models. In the present
study, instead of assuming the same fault model for all events,
several different models will be tested and compared; the best model

is then used to compute the source parameters. This procedure



probably provides a better determination of source parameters.,

As mentioned above, source dimensions and stress drops of deep
earthquakes are model dependent; in particular estimated values for
fault area and stress drop can vary substantially with different
methods used. In order to investigate regional and depth
variation of stress drop it is desirable to compare stress drops
determined by the same method. If we can determine stress drops for
a large number of events by employing a reasonably good technique
we can, at least, have a good estimate of relative stress drops even
though the absolute values are to some extent model dependent. In
the early part of this study, we first develop a relatively new
technique for determining the source dimension and stress drop of
interﬁediate and deep focus earthquakes through an inversion of
azimuthal change in pulse-width of body-waves. In the later part,
the technique is applied to investigate the variation of stress drop

at different parts of the Benioff zone in the Tonga-Kermadec arc.

A PROCEDURE FOR MODELING

DEEP FARTHQUAKE SOURCE IN THE TIME DOMAIN

We can extract earthquake source parameters from time domain
information in several different ways. P-wave first-motion data
(Stauder, 1962) and S-wave polarization angles (Hirasawa, 1966)
have been used to determine fault geometry. A rupture process of
multiple shocks can be inferred by modeling the multiple arrivals
of P-waves (Wyss and Brume, 1967; Trifunac and Brune, 1970; Fukao,

1972; Chung and Kanamori, 1976; Strelitz, 1977). Bollinger (1968)



used the spatial variation of body wave pulse width to study rupture
mode, fault length, and rupture velocity. Synthetic seismograms have
been used to determine focal depth (Helmberger, 1974; Chung and
Kanamori, 1978; Stein, 1978) and other parameters (Fukao, 1970;
Mikumo, 1969, 1971; Langston and Helmberger, 1975; Kanamori and
Stewart, 1976, 1978).

In most of the earthquake source studies using synthetic seismo-
grams, a trial and error method is employed to fit the wave-forms
and usually is time consuming. In the present study, we introduce
a searching procedure which can give an optimum estimate for several
source parameters and a very good fit between theoretical and observed
seismograms. The waveforms of most intermediate and deep focus
earthquakes are very simple; the P-waves usually have a large first
swing and a small second swing and then die away very quickly. The
most important parameters characterizing the wave-form are the pulse-
width and the amplitude of the first swing. The amplitude of the
second swing can be, to some extent, handled by choosing a proper
shape for the far field source time function. Therefore we can
compute a good theoretical seismogram which fits the wave-forms of
a simple deep earthquake if the width and the amplitude of the first
swing are matched correctly. Seismic moment and source dimension
can then be determined using source models. For shallow earthquakes,
source dimension can be estimated from aftershock area, geodetic data,
tsunami source area, surface wave directivity, as well as body wave
analyses. For deep earthquakes, however, the first four of the above

methods do not apply, hence body wave pulse-width becomes the fundamental



information for source size estimation. In this study, the duration
of the far field source time function and its azimuthal variation are
used to infer the source size. The determination of fault dimension
involves assumptions regarding the fault geometry, mode of rupture,

and dislocation rise time, and is often non-unique. In order to reduce
the degree of non-uniqueness, we will model the observed duration of
far field time function and its azimuthal variation with several simple
source models; the one which best explains the observation is then

used to calculate the fault dimension and other parameters.

Rupture Modes and Durations of Far Field Time Functions

The geometry of a real fault is usually irregular. However,
several simple fault models have been used to make analytical formulation
possible. Unilateral and bilateral faulting with a constant rupture
velocity on a rectangular fault (Knopoff and Gilbert, 1959; Ben-
Menahem, 1961, 1962; Haskell, 1969; Niazi, 1974) are frequently
employed. Savage (1966) computed the pulse from a circular fault in
which the rupture initiated at the center, and then propagated outward
with a uniform velocity. Savage suggested that this fault rupture
model might be more appropriate for deep earthquake sources. For the
cases of unilateral and bilateral faulting it is usually assumed that
the rupture occurs simultaneously over the entire width of the fault
and that the fault length L is much larger than the fault width W,

In this case the contribution from the fault width to the duration of
the far field time function is assumed to be minor and can be neglected.

If a rupture starts at point A and propagates unilaterally to point B



with a constant rupture velocity . (Figure la) the duration of the

far field source time function Tg is given by

P L L
- N B cosb + T, (1)

where 6 is the angle between the rupture direction and the ray taking
off from point A to observation point P, Ty is the rise time of
dislocation, and Ve is the P or S wave velocity of the medium. If the
rupture starts at .A and propagates bilaterally to points B and C

(Figure 1lb), we have

L L
Tg = 2Vr-+ 2, |cos 6] + Ty (2)

In Figure 10, the rupture initiates at . point O and propagates
radially and symmetrically with a constant velocity on a circular
fault with radius a. For this case we have

Ts-gv-‘f"\a’—‘sinﬁ'i-'ro (3)

r c

where & is the angle between the normal to the fault plane and the
ray taking off at O for the observation point P, Let us consider the
unilateral case first. For each earthquake we can determine Ts at each
individual station, and for given direction of fault propagation, we
can calculate O for each station. With the value of Tg and 6 at a number
of stations we can determine the value of (%; + 1,) in equation (1) by
using the method of least squares. Since there are several unknown
parameters involved we would like to reduce the number of unknowns by
constraining some of them within certain reasonable ranges. For a

given value of Vos if we let 1, be zero and solve for L, from
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Ts=17% +-\'7T-v% cos@

(a) UNILATERAL FAULT

L
/A T,=r°+2LVr+2chlcosel
C
g (b) BILATERAL FAULT
5

a a .
Te=To +——+-—— sin
] (] V' Vc €

(c) CIRCULAR FAULT

Figure 1., Three modes of rupture propagation.
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+ T, = a known constant, we get a value of L which is larger than

<ll-4

r
what it should be if o # 0. In other words we can get an upper bound

of L by making 1, = 0 in (1). Then (1) can be written as

or Ts = b X (4)

L v
if we let b = — and X = <V£‘— cos 9>. It is easy to see that
v r
c

all equations (1), (2), and (3) can be written as equation (4) if

we let
L for unilateral fault
v
c
b = L__ for bilateral fault (5)
2v
c
2 for circular fault
Ve
and
v
-£ - cos ¢ for unilateral fault
Vi
v
X = —£ + |cos g| for bilateral fault (6)
v
r

Ve 4+ sin & for circular fault

Ve

Synthetic Body-Wave Seismogram and Determination of

the Duration of Far Field Source Time Function

Fukao (1970) determined the durations of boxcar far field time

functions by matching synthetic seismograms to observation. Another
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way to determine the duration without doing synthetic seismograms for
each individual event was employed by Bollinger (1968, 1970) who
calculated theoretical relationship between the duration of far field
time function Ts and the pulse-width on a long period record Ty and

then determined Tg directly from a theoretical curve. We use Bollinger's
approach with some modification. In constructing the theoretical
relationship between Ts and T, we use proper far field source time
functions and take attenuation into account.

For a given far field source time function S(t) with a certain
duration and shape, far field synthetic seismograms uc(t) can be
generated by using standard techniques, for example, similar to that
described in Chung and Kanamori (1976). The expression for u,(t) is

M ¢
uc(t) = 7{_&3’— S-Lguhl R§¢~ s(t—Tg> * Q(t,..SL.)

ﬂphvc,h ng
* C(t) * I(t) (7)

where Mo is the seismic moment, Ph the density at the source, Vc,h the
wave velocity at the source, and c stands for P or S depending upon the
kind of wave considered. g(A,h)is the geometrical spreading factor,

a the earth's radius, RS, the radiation pattern, Tg the travel time,

0¢

c
T
(2636%—) the attenuation filter of the earth (Carpenter, 1966, 1967),

av
Q:v the average value of Q over the ray path, c(T) the crust-filter,

and I(t) the impulse response of the recording instrument. The area
under the far field time function S(t) has been normalized to one

25

representing unit seismic moment (10°~ dyne-cm). The geometrical

spreading factor, g(A,h), which is a function of epicentral distance A,
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S(t) Q(t) I(t) R(t)

|

Ts 10 sec. Ty

Figure 2. Calculation of theoretical pulse-width T_ on a seismic
record R(t) by convolving a boxcar far field tIme function
S(t) having a duration Tg with a Q-filter Q(t) and an
instrument impulse response I(t). * stands for convolution
operation. The far field source time function S(t) can be
different from a boxcar, which is just an example used in this
figure,
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focal depth h, and earth structure, is given by (Honda, 1962; Bullen,

1963):

(8)

Pe¥e,o sin A cos io ldA |

1/2
g(A,h) =<°h"c.h oin Sy dihl) !

where Por vc,o and io are the density, the wave velocity, and the
angle of incidence at the surface respectively, and i}, is the incidence
angle or take-off angle at the source depth h. For P waves from shallow
teleseismic events, Tg/QPav: 1s (Carpenter and Flinn, 1965; Kanamori,
1967). For intermediate and deep focus earthquakes we use Tz/QPav
= 0.758. If we just consider the effect of the free-surface under

the station C(t) reduces to a constant C, given by

Co = 2 for SH waves

.6 cos i csczi (143 cotzi)_
O 4 cot i cot g+ (143 cot?i)®

and C for P waves

(Bullen, 1965) where i is the incident angle of P waves and g the
reflection angle of the SV waves which are generated by the reflection

at the free surface. Hence we have

M i e
u(e) = —2 BOM ge ¢ ge1Sy #qfe, B )4 1(e) (9
c 4"°hvc,h a H,90 o =

As far as computing the theoretical pulse-width of the first swing
on the long-period record is concerned we just need to convolve the
far field source time function with the Q filter and the impulse
response of the instrument (Figure 2). The Ts versus Tr relationship
is a function of the far field time history S(t). In this study Tg
versus T, relationships are calculated for boxcar and triangle far

field time fuhctions (Figures 3 and 4): and then we use the average



SecC

8- Qg AVERAGE'7 -

o) 1 1 1 1
O 2 4 6 8 10

Ts, sec

14

15-100
1 -0.75

.ot &

Figure 3. Relationship between the observed pulse-width T, on a

seismic record and the duration T_ of far field source time
function. The dashed and dotted curves are for triangular and
boxcar far field time functions respectively, while the

solid curve is the average. The recording ?ns rgment used is

WWSSN long period seismograph (15-100), and To = 0,75
av
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Figure 4. T, versus Tg relationships for long period (30-100) WWSSN
P
instrument and(%g—) = 0.75. See the caption of Figure 3 for
av
the other representations.
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in the following analysis to estimate the duration of far field time
function from the observed pulse-width on seismic records. Without
going through a detailed wave-form analysis, we do not know the shape
of the far field source time function accurately. By using the above
average Ty versus T,  relationship we imply that the far field time
function is assumed to be in between a triangle and a boxcar. As
will be shown in a later section, this simple method gives a very

satisfactory result.

Slip Plane Orientation, Mode of Rupture,

and Source Dimension Inferred from Least Squares Searching Technique

Usually we have ambiguity in determining which nodal plane is
the fault even though the focal mechanism is known. A way to remove
this ambiguity is to study the azimuthal change in body-wave pulse-
width., The durations of far field source time functions, Ts's, can
be determined from the pulse-widths at a number of stations by the
method described in the previous section. For a given nodal plane and
a given rupture direction we can calculate 6's or &'s for the stationms.
Least squares technique can then be applied to equations (1), (2), (3)
or (4) with the known values of Ts's and 6's or &'s. The rupture direction
is also an unknown, and we can try many rupture directions on each
nodal plane and do a least squares fit for each case. The rupture
direction and the nodal plane which best fit the data are then determined
to be the rupture direction and the slip plane.

We also compare results for each of the three modes of rupture

propagation discussed above. The one that explains the data best is
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used to calculate source parameters. In addition to the determinations
of fault plane, rupture direction, and mode of rupture, we can determine
the value b (in equation (5) ) from which source dimension can be
obtained if a reasonable value of v, is used. The width of a
rectangular fault is usually very difficult to estimate accurately

from far field seismic data. Ceometric similarity ¥.= constant has
been used and observed by Abe (1975) and Geller (1976). For large
shallow earthquakes, %.z 0.5 was reported by Abe (1975) and Geller
(1976). For smaller shallow events, %.: 0.4 has also been observed
(Ellsworth, 1975). We assume that the fault width W equals to 0.4

of the fault length for the earthquakes in this study. The consequént
stress drops will be slightly different if a different width to

length ratio is assumed. Nevertheless, the relative stress drops

do not change in any significant way with a change 1n-¥.

Determinations of Seismic Moment and Stress Drop

Seismic moments are determined by comparing the theoretical
and observed amplitudes. The theoretical amplitudes are computed
using the method described in an earlier section with a trapezoid
far field source time function S(t) (Figure 16).

For a circular fault with radius a (Eshelby, 1957; Keilis Borok,

1959), the stress drop is given by

7 D
Ag = ....”.'__u —
a
M
- A w A (10)
16 a3

where u, D, and M, are rigidity, average dislocation, and seismic
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moment respectively. For a rectangular fault with length L and
width W, we calculate the radius of its equivalent circular fault with

area A = LW and use equation (10) to obtain stress drop.

DATA ANALYSIS AND RESULTS

The Tonga-Kermadec area is one of the most active regions in the
world for both shallow and deep seismicity. Near the northern end
of the area, the Tonga trench and associated Benioff zone curve
abruptly to the west while the rest of the Tonga-Kermadec arc is
remarkably linear. Because of its high activity, the Tonga-Kermadec
area presents a unique opportunity for a detailed study of mantle
earthquakes. The most ideal way to investigate the variation of
stress drop and other source parameters within a descending slab is
to do a detailed study of a very large number of earthquakes and to
sample different parts of the slab evenly. However, estimation of
stress drop is usually quite involved and time consuming. At present,
it is impractical to determine the stress drops of a very large number
of events. Instead, we are limited to analyzing a relatively small
number of events. Seventeen earthquakes (Table 1 and Figure 5) in the
Tonga-Kermadec area with depths ranging from about 100 to 650 km and
long-period body-wave magnitude my from 5.7 to 6.6 are investigated.
We would like to investigate earthquakes with known fault plane
solutions, and also wént to have about the same number of samples
for each depth range. As a result, the number of samples for different
dpeth ranges are not proportional to the seismicity because the

seismicity of Tonga-Kermadec varies with depth (Figure 23). The
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TABLE 1

Event m D:te y h iimes Latﬁegreggng' Deiih Mag:itUde
| 3 11 68 8 26 32.8 16.28 173.9W 112 6.2
2 8 12 67 9 39 44,3 24.78 177.5W 134 6.5
3 12 8 65 18 5 25.2 37.1S 177.5E 156 6.0
4 5 1 69 19 5 24.5 16.7S 174.6W 205 6.1
5 3 18 65 6 22 12 19.98 175.9W 219 6.0
6 9 4 67 3 51 58.9 31.48. 179 .4W 231 6.2
7 9 26 68 14 37 46.2 20.95 176.7W 251 6.0
8 6 4 74 4 14 13.8 15.895 175.04W 256 6.3
9 2 22 75 22 4 33.5 24.985 178.88W 333 6.6
10 1 20 68 21 21 31.6 29.95 179.5W 349 6.0
g5 | 7 21 73 4 19 13.7 24.838 179.19W 373 6.1
12 11 18 65 20 0 19.5 12.8S 177.8W> 424 6.2
13 2 3 76 12 27 30.1 25.14S 179.7E 477 6.0
14 1 28 66 4 36 45.3 17.6&5 177.01E 545 5.8
15 7 21 66 18 30 15.3 17.85 178.6W 590 5.8

16 3 17 66 15 50 33.1 21.1S 179.2W 630 6.2

17 12 9 65 13 12 55.3 18.125 178.12W 649 5.7
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Figure 5. Locations of the 17 earthquakes in the Tonga-Kermadec arc.

Open circles with dots and associated numbers are earthquake
epicenters and event numbers in Table 1 respectively, while
triangles stand for local seismic stations. The line segments

indicate the locations of the vertical sections used in Figures
23 and 24. (Modified from Sykes, 1966).
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number of earthquakes studied here is only a small percentage of

the total number of events of the same magnitude range in the Tonga-
Kermadec area. The percentages are roughly 23%, 32%, and 7% for
depth-ranges from 100 to 250 km, 251 to 480 km, and greater than

480 km, respectively. In Table 1, events are numbered in an order

of increasing focal depth. Focal mechanisms of earthquakes 5, 12,
14, 15, 16, and 17 were studied by Isacks et al. (1969) while the
mechanisms of events 1, 2, 3, 6, and 10, and 4 and 7, were determined
by Isacks and Molnar (1971) and Wyss and Molnar (1972), respectively.
(Figure 6a, b, and ¢). Fault plane solutions of shocks 8, 9, 11, and
13 are determined in this study (Figure 6d). Most of the first-motion
data are read from the WWSSN long-period records. In some cases the
data reported by ISC and the WWSSN shoft-period records are used to
supplement the long period data. We try to avoid multiple events

and study earthquakes with very simple wave-forms (Figure 19 and 20).
Duration of the first half swing of each event is measured from

the long period WWSSN records at many stations. The number of stations
used for the duration measurement for each event ranges from 6 to 17,
and for most events the number is larger than 11. The durations of
the recorded half swings are then converted to the source duration by
using the solid curves in Figures 3 and 4. Having the values of 15
(equation 4) at a number of stations, the searching process described
above is carried out through a series of least squares analyses. We
do a least squares fit for each possible combination of the source
parameters and for each fault plane orientation and mode of rupture.

For example, there are two possible fault planes, three possible
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Figure 6. Fault plane solutions of the 17 earthquakes studied.

Solutions in (a), (b) and (c) are taken and modified from
Isacks et al. (1969), Isacks and Molnar (1971) and Wyss and
Molnar (1972). The solid curves are the improved focal
mechanisms from this study or the well constrained mechanisms
of the above investigators; the dashed curves are the solutions
reported by the previous authors. (d) fault plane solutions
and equal area projections of P-wave first motions on the lower
hemisphere from this study. Closed and open circles represent
compressions and dilatations respectively. Large circles are more
reliable data. Event number is given at the upper left of each
solution.
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Figure 6.



25

Fiqure 6.



26

rupture modes for each fault plane and the rupture direction can vary from

0 to 360° on each fault plane for the unilateral case. The rupture

direction is defined as positive if it is measured counterclockwise from

the horizontal on the fault plane. Constraining the rupture direction on

the fault plane we vary the rupture direction and do a least squares fit

for every ten degrees. The rupture velocity is constrained within 0.4 to 0.9

shear wave velocity (vs) and a fit is done for each increase of 0.1 v Root-

s°
mean-square errors of estimate or standard errors of estimate (SEE)of all
the least squares fits are then compared. The mode of rupture, the direction
and velocity of rupture propagation, and the fault plane orientation
which give a minimum SEEVare adopted to be the solution. Using
reasonable values for wave velocity v, at the source depths we can
calculate the fault dimensions for the earthquakes.
In the above discussion, we assumed that the fault plane solution
were well determined. In many cases, as we can see in Figure 6, one
of the nodal planes is not well constrained by P-wave first motions
even though the other plane is constrained quite well. Uncertainty
in the orientation of one of fhe nodal planes can introduce error
into the estimation of source parameters. In view of this, P-wave
amplitude data are used to further constrain the focal mechanism.
Preliminary values for source dimension, rupture direction, and rupture
velocity obtained from the searching process are used to c&lculate
theoretical P-wave amplitudes with trapezoid far field time functions.
S(t) (Figure 16) whose rise times t;s are about 0.2 times of the total

duration Ts's of the time functions. The reason for using trapezoid

time function is that this simple time function produces synthetics
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which fit the observed wave-forms quite well. Theoretical amplitudes
at about 10 stations are calculated for a number of fault plane
solutions which are within the uncertainty range of P-wave mechanisms.
The focal mechanism which best explains the observed amplitude pattern
is determined to be the solution. With this improved fault plane
solution we go back to redo the least squares searching process and
determine the source parameters. This additional comstraint from
amplitude data reduces the scatter of seismic moments and improves the
least squares fits. The improved focal mechanisms (Table 2) are shown
as solid curves in Figure 6 while the mechanisms without amplitude
constraint are given as dashed curves.

To illustrate the procedures in obtaining involved source
parameters we discuss two examples. For the case of earthquake number
13, the nodal plane, which has a strike of N 9° E and a dip angle éf
76° to the west has root-mean-squares errors of estimate of 0.835
sec, 0.655 sec and 0.704 sec for the best fits of the circular,
the unilateral, and the bilateral faults respectively. For the other
nodal plane, which has strike N 1.5° W and dip angle 14° to the east,
the best fits for the circular, the unilateral, and the bilateral rupture
modes have root-mean-squares errors of estimate of 0.786 sec, 0.639 sec,
and 0.675 sec, respectively. The second nodal plahe, which has
smaller standard errors of estimates, is therefore inferred to be the
slip plane. The best least squares fits for the three rupture modes
for the second nodal plane are given in Figures 7, 8 and 9. As we can
see from the figures, the scatter for the circular rupture is larger

than those for the unilateral and bilateral cases. If we examine the
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TABLE 2

Standard Error of Estimate
Event Strike Dip Angle Slip Angle Circular Unilateral Bilateral

(&) (&) ) (sec) (sec) (sec)

1 125 67 251 0.988 0.848 0.850

. 346.4 29.5 -52.5 0.882 0.847 0.878

2 37.5 26.7 43,7 1.036 0.970 0.905

267 72 110 1.039 0.919 1.002

3 117.5 29,7 56.2 0.795 0.635 0.729

335 66 108 0.817 0.660 0.660

4 85 64 240 1.065 0.955 1.019

317.8 38.9 315.7 1.148 1.029 1.029

5 199 87 126 1.420 1.210 1.303

292.7 36.1 4,8 1.436 1.289 1.289

6 119 16 50 1.402 1.201 1.241

340 78 100.4 1.334 1.235 1.272

7 61 60 -104 0.952 0.911 0.935

267.5 32.8 -62.3 0,950 0.916 0.886

8 16 85 - 90 1.697 1,525 1.528

196 5 - 90 1.581 1.332 1.642

9 4.8 80 - 78 1.700 1.617 1.617

124 20.5 -149.3 1.486 1.409 1.508

10 3, 57 277 0.809 0.691 0.735
170.3 33.7 259.4 0.816 0.698 0.778

11 24 .4 85.3 - 80 0.990 0.896 0.897
139 11.2 -155 0.910 0.827 0.923

12 237 90 120 1.035 0.967 1.003
327 30 0 0.978 0.921 0.971

13 189 76 92.5 0.835 0.655 0.704
358.5 14 79.8 0.786 0.639 0.675

14 69 60 215 0.454 0.435 0.440
319.7 60.2 324.8 0.505 0.482 0.482

15 56 66 195.2 0.583 0.533 0.533

320 76 325.5 0.557 0.530 0.530
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TABLE 2 - continued

Standard Error of Estimate

Event Strike Dip Angle Slip Angle Circular Unilateral Bilateral
(&) (9] ) (Sec) (sec) (sec)
16 34 70 274 .8 1.058 0.838 0.882
200 20 230 0.885 0.860 0.717
17 132 62 -39.3 1.084 1.064 1.006
243 56 214 .5 1.112 1.067 1.023
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Figure 7. The best least squares fit for earthquake number 13 with

a circular fault model.

SEE stands for standard error of

estimate.
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Figure 9. The best least squares fit for earthquake 13 with a bilateral
fault.
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TABLE 3

STATION DATA AND PULSE WIDTHS

No. Date Station Distance Azimuth Take-off angle Pulse-width
— m d vy ) ) ) (sec)
1 3 11 68 ADE 46,2 237 35.5 4,22
ANP 75.1 302 25.3 5.28
BAG 72,2 294 26.3 4,72
COL 83.2 11 22.3 4,41
COR 76 35 25.0 4,95
DAV 64.1 286 29,2 4,39
GUA 50.2 304 34 4,58
HKC 80.1 297 23.5 4,85
LON 78.2 34 24,2 5521
MAT 69.2 320 27.5 5.55
MUN 64.7 242 29 4,67
RAB 35.5 286 39.4 5.26
SEO e 315.6 24,6 4,29
TAU 42 .4 223 37.0 5.07
TUC 77.3 51 24 .4 5.61
WEL 26.9 199 41,8 6.35
2 8 12 67 ALQ 89.6 51 20.6 3.75
ANP 77.2 306 24,8 3.87
BKS 81.0 41 23.3 5.04
CHG 92..2 290 20.4 3.45
COL 92.3 12 20.4 4,93
GUA 53 312 33.2 4,04
KIP 49,6 24 34.5 4,81
LEM 73.5 270.0 26.0 3.44
LON 87.1 35 21.1 4,85
MUN 58.1 247 31.4 4,36
PEL 89.6 127 20.6 3.78
RAB 35.7 300 39.7 5.27
SBA 53.7 184 33.0 4.44
SEO 81.1 318 23.3 4.44
SHK 75.7 319 25.3 4,89
SPA 65.4 180 29.0 4,29
UNM 87.8 68 20.9 4,67
3 12 8 65 ADE 31.3 262 41.5 4,91
BAG 75.5 303.8 25.6 5.06
CHG 92.4 291.7 20.5 5.29
CTA 32.0 293 41.33 5.11
DAV 65.4 301 29.6 4,42
HNR 31.8 326 41 .4 4,37
MAN 73.9 303 26.1 4,71

MUN 50 257 34,7 4.56
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TABLE 3 - continued
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Station Distance

Azimuth Take-off angle

Pulse-width

) ) ) (sec)
NHA 80.6 293.0 23.7 4,57
PMG 38.9 307 38.9 4,96
RAB 40.1 318 38.4 4.18
RIV 21,7 271 47,7 4,52
SNG 83.9 283.6 22 .3 4.28
SPA 53.1 180 33.5 3.59
TAU 23.8 246 45 4,73
ANP 74 .8 302.6 26.4 3.30
BAG 71.8 294 27 .4 3.32
CHG 92.0 288.9 21.1 4.40
CTA 37.2 259 40.5 4,81
GSC 75:3 45,7 26.2 4,13
HNR 25,8 283.1 44,0 4,51
LUB 85.5 53 22,2 3.17
PMG 37.9 276 40,2 3.69
SHK 71.4 316 27.6 3.88
ADE 42.6 239.7 39 6.02
ALQ 85.5 51 22.5 3.82
ANP 75.5 304 26.5 4.94
BAG 72.1 295.5 27.7 5.16
CTA 35.5 263 41.8 5.32
DAV 63.5 289.0 31.0 4.51
GSC 78.4 45.8 25.3 4.92
GUA 50.9 308 35.6 4.03
HNR 25.5 291 44,8 5.85
LEM 75.0 268.1 26.6 4,42
MAN 70.9 294.1 28.1 4.75
MUN 6l.4 243.8 31.8 5.25
PEL 91.4 126 21.4 5.07
PMG 37.1 281 41,2 5.50
RAB 34.8 292 42.0 6.11
RIV 32.3 237.8 43.6 5.27
AFI 18.7 24 52.6 3.31
BKS 87.1 42 23.1 3.71
CHG 92.8 290 22.7 3.72
GSC 88.6 47 231 4,44
SBA 47.0 184 39,6 2.69
SEO 85.0 320 24.0 2.71
SPA 58.8 180 34.6 2.64
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TABLE 3 - continued

No. Date Station Distance Azimuth Take-off angle Pulse-width
—_— m_d y_ (&) ) ) (sec)
7 9 26 68 ALQ 86.7 50.8 22,5 4,38
BAG 71.8 296.1 28.2 3.8
BKS 77.8 41 26.1 3.61
COoL 88.4 12 22.1 2,74
COR 81.1 35.2 24,6 3.89
DAV 63.1 289.8 31.5 3.17
DUG 85 43.7 23.0 4.33
HKC 79.8 299 25.1 3.97
HNR 25.0 294 45,7 3.87
LEM 74.1 269 27.3 3.02
LON 83.6 35 23.5 3.68
PMG 36.4 283 42.0 3.61
RAB 34,3 295 42,8 3.91
RIV 31.1 239 44 .0 3.33
SEO 78.7 317.6 25.6 3.00
TUC 82.3 51.3 24,1 3.73
8 6 4 70 ADE 45.4 236.4 38.3 6.17
ANP 74.1 302.6 27 3 5.84
BKS 72.9 41.3 27.8 4.06
COL 83.2 11.3 23.7 6.03
COR 76.4 35.3 26.5 3.10
GSC 75.1 46 .0 27.0 4,90
HKC 79.0 297.0 25.4 5.06
LEM 76.0 266.8 26.6 4,81
LPS 90.0 75.2 21.8 4.69
MUN 63.9 241.9 31.2 5.97
SPA 74.7 180.0 27.1 4,30
9 2 22 75 ALQ 90.8 51.6 23.2 6.25
BKS 82.1 41.9 25.7 4,25
CHG 91.0 290.2 23.2 5.56
COL 92.8 12.7 23.1 4,78
COR 85.8 36.2 24,1 3.11
DAV 62,7 293.0 33.7 5.78
GIE 89.0 88.7 23.4 3.59
GUA 52.1 313.3 38.0 5.88
HKC 80.2 300.1 26.6 5.49
MAN 70.5 297.2 30.5 4,52
MUN 56.7 247.0 36.0 5.42
PMG 35.8 289.6 45.3 4.26
RAB 34,7 301.9 45.9 5.77
RIV 27.5 244 .3 48.6 5.05

TUC 86.4 51.9 24.0 3.94
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TABLE 3 - continued

No. Date Station Distance Azimuth Take-off angle Pulse-width
m d y ) (&) *) (sec)
10 1 20 68 ADE 35.4 251 45,5 2.54
ANP 78,7 307.7 27.1 3.30
BKS 86.2 42.0 24,0 3.02
DAV 64.3 296 33.1 3.28
GSC 87.7 46.7 23,6 3.26
GUA 55.3 316.4 36.6 3.31
HKC 82.2 301.1 25.6 3.33
HNR 28.1 313 48.4 3.11
LEM 71.8 273 30.0 3.07
MAT 77.2 326 27 .7 4,04
PMG 37.3 296 44.7 3.83
RAB 37.1 308 44.7 3.51
SBA 48.3 184 39.6 2.62
TUC 89.9 52 23.2 3.68
11 7 21 73 ADE 37.6 244 .4 46.3 4.20
ALQ 90.9 51.7 24,0 3.11
ANP 75.9 306.6 29.3 4.14
BAG 71.6 298.6 31.1 4,87
CHG 90.6 290.3 24,0 4,24
GUA 51.8 313.5 39.6 3.38
HKC 79.9 300.3 27.6 4,43
LEM 71.9 270.8 30.9 3.72
MAT 73.1 325.3 30.5 4,34
MUN 56.5 247.0 37.4 3.65
RAB 34.3 302.1 47.9 3.90
RIV 27.3 243.9 50.8 4.51
SNG 84.2 280.6 25.6 4.53
TUC 86.5 52.1 24,8 3.40
12 11 18 65 ANP 73.5 304.5 30.9 2:99
BAG 70.0 296 32.4 3.65
CTA 33.9 262 49,1 2.67
DAV 61.5 289 36.1 3.20
GUA 48.8 308 41.7 3.47
HKC 78.1 299 28.9 3.33
HNR 23,5 290 53.2 4,28
LEM 73.3 268 31.0 2.04
MAN 68.8 294.6 33.0 3.79
MAT 69.0 323 32.9 4,11
NHA 78.3 287 28.8 3.55
PEL 93.4 127 24,4 3.58
PMG 35.2 281 48.5 4,02
RAB 32.8 293 49,2 3.65
RAR 17.0 261 60.1 3.87
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TABLE 3 - continued

No. Date Station Distance Azimuth Take-off angle Pulse-width
— m d vy ) ) *) (sec)
SBA 59.6 184 36.9 2 <37
SNG 84.4 279.5 25.9 3.35
13 2 3 76 ADE 37.1 244,7 49,6 4,88
ANP 75.7 306.9 31.0 3.89
BAG 71.3 299.0 33.4 4,26
BKS 82.7 42.3 27.6 3.81
CHG 90.3 290.5 25.4 3.9
COR 86.4 36.6 26.2 3.65
CTA 31.8 272.1 52.4 4,24
DAV 62.1 293.5 37.3 3.68
DUG 89.9 44,8 25.5 4.63
HKC 79.6 300..6 29,2 3.67
RAB 34,1 303.0 51.2 3.71
RIV 26.7 244 .3 54.8 4,87
SEO 80.0 319.7 29.0 4,58
SNG 83.8 280.9 27.1 4,01
14 1 28 66 BAG 65.1 298.1 38.1 3.50
CTA 29,2 260.3 57.7 3.64
DAV 56.4 291.3 42,1 3.30
GUA 44,3 312 48.7 3.04
LEM 68.4 269.5 36.4 3.12
MAN 63.8 296 .7 38.7 3.54
NHA 73.2 289.0 34,0 3.33
PMG 30.1 282 57.2 3.78
RAB 27.8 296 58.5 3.44
SNG 79.3 281.1 30.9 3.69
15 7 21 66 BAG 69.0 296 37.4 3.61
BKS 76.6 43 33.4 3.32
COR 80.0 37 31.7 3.0
CTA 33.3 260 57.9 3.44
DAV 60.5 289 41.8 3.58
DUG 84.0 45 29.5 3.84
HKC 77.0 299 33.2 3.963
- MAN 67.7 295 38.1 3.57
NHA 77.3 287 33.1 3.56
PMG 34.3 280 57.3 3.24
RAB 31.7 292 59.0 3.12
SHK 69.7 319 36.9 3.82
SNG 83.5 280 29.7 3.55



No.

16

17

Date

m_d y
3 17 66

12 9 65

Station Distance Azimuth Take-off angle Pulse-width

TABLE 3 - concluded
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(&) (&9) &) (sec)
ADE 39.4 240 56.3 5.18
ALQ 88.6 52 29.3 4,75
BOZ 90.2 40 29.0 4.52
COL 89.0 13 29.2 4.34
COR 82.9 37 31.4 3.60
GUA 49.3 311 49.7 4.43
LEM 71.9 269.6 36.5 4.06
PMG 34.4 285 59.9 5.24
RAB 32.5 297 61.4 5.42
RIV 29.1 238 64.1 4.51
SEO 77.3 319 34.3 4.93
SNG 83.5 280.2 30.3 4.35
SPA 69.0 180 38.0 5.33
ADE 41.8 237.5 54,7 2.77

~ BKS 76.5 42 34.7 2.9

PMG 34.8 280 59.7 3.84
RIV 31.6 234.3 62.1 2.98
SBA 60.2 184 43.6 3.70
TUC 81.6 52 31.8 3.92
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standard errors of estimate, we find that the unilateral rupture has the
minimum error and gives the best fit. The data used for the analysis
are given in Table 3, which includes the stations used, their epicentral
distances, azimuths from the source, take-off angles at the source,

and pulse-width of the first swings on long period seismograms. From
the best fits of the unilateral fault we get rupture propagation

L
direction = 0°, rupture velocity Vy = 0.9 Vgy V. = 1,683 seconds. If
p

we take Vo = 9,45 km/sec for focal depth h = 477 km, we have L = 15.9 km.
Another example of our analysis is given to earthquake number 1 which

has a strike of N 125° E and a dip angle 67° to the southwest for

one of the nodal planes and a strike of N 19,6° W and a dip angle 29.5°

to the east for the other nodal plane. For the first nodal plane, the
standard errors of estimates for the best fits of the circular fault

the unilateral and the bilateral faults are 0.988 sec, 0.848 sec, and

0.850 sec, respectively while the corresponding errors for the three
rupture modes for the second nodal plane are 0.882 sec, 0.847 sec and 0.878
sec, respectively. The minimum standard errors for planes one and

two are 0,848 sec and 0.847 sec, respectively, and, so are very close
(Figures 10, 11, 12, 13, 14 and 15). In this case, we have two sets

of solutions for the source parameters; their average values are

given in Table 4. As one can see, the standard errors of estimate

for the unilateral and the bilateral cases for nodal plane one are

0.848 sec and 0.850 sec., Since these values are nearly equal, we use

both unilateral and bilateral cases for the calculation of the stress

drop. For most earthquakes studied, however, one rupture mode is

usually better than the others and this ambiguity does not exist.
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Figure 10. Least squares fit for event 1 with a circular fault on
the first nodal plane.
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Figure 11. Least squares fit for event 1 with a unilateral fault on

the first nodal plane.
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Figure 12. Least squares fit for event 1 with a bilateral fault
on the first nodal plane.
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Figure 13. Least squares fit for event 1 with a circular fault on the

second nodal plane.
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Figure 14. Least squares fit for event 1 with a unilateral fault
on the second nodal plane.
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Figure 16. A comparison between the synthetic (dashed curves) and
observed (solid curves) seismograms of earthquake number 1 at
seven stations. Trapezoid time functions with unit area, rise

time t,, and duration Ty, as shown in the lower right of the figure,
are used to compute the synthetics.
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Figure 17. A comparison between the synthetic (dashed curves) and
observed (solid curves) seismograms of earthquake number 10
at eight stations.
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However, since the difference between the unilateral and the bilateral
case is not always very large, we obtain the solutions and present

the source parameters for both models to show the possible range of the
uncertainty, i.e., a range of values instead of a single value from

the optimum solution. Source parameters for all the earthquakes
determined in this way are summarized in Tables 2, 3 and 4.

In order to test the quality of the present results synthetic
seismograms from the estimated source parameters are computed and then
compared with observations. Figure 16 shows an example of comparison
for event number 1 at seven stations with good azimuthal coverage.
Usually the seismic moment can be determined quite well; so we want to
check the other parameters which may be slightly more uncertain. In
comparing the synthetics with observations, we compare only the wave-
forms but not the absolute amplitude. Theoretical seismograms are
computed from a source with unit seismic moment (1025 dyne~cm), the
mode of rupture determined above, and the trapezoid far field time
function described in the previous section; the amplitudes of both
the synthetics and the observations are then normalized to a common
value (Figure 16). As we can see in the figure, the synthetics
match the observed wave-forms very well, Another comparison is
done for event number 10 for eight stations (Figure 17). Again,

a good fit is obtained suggesting that the results from the pulse-
width and least squares searching method are correct. Seismic

moment of each earthquake is estimated by comparing the theoretical
and observed amplitudes at a number of stations. The seismic moments

of the 17 events are given in Table 4. The number of stations used
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for moment determination varies from six to ten; for most events ten
stations are used. Assuming that fault widths equal 0.4 times fault
lengths for rectangular faults, we can calculate fault areas, average

dislocations, and stress drops. Results are given in Table 4.
DISCUSSION

Modes of Rupture Propagation

for Intermediate and Deep Focus Earthquakes

Unilateral and bilateral fault propagation has been observed and
studied for several earthquakes. Other modes of rupture such as
circular and elliptical faults have also been suggested and used
(Savage, 1966). Savage pointed out that shallow earthquake faults
are limited in upward extent by the free surface and perhaps also in
downward extent by the effects of friction. Thus large shallow
earthduake faults may tend to be quite elongated horizontally. On
the other hand, deep-focus earthquakes are not subject to these
effects and Savage suggested that circular faults were more
appropriate for deep earthquakes. In this study, we compared three
simple modes of rupture propagation, unilateral, bilateral, and circular
faulting, trying to find the one which best explained the observations.
These three models, of course, are simplified ones. For real earthquakes,
fault geometries are often irregular and ruptures can be very un-
smooth and non-uniform (Haskell, 1964, 1966; Boore and Joyner, 1978).
For example a series of ruptures occurring on a fan shaped fault
plane was reported by Fukao (1972); that fault strikes could change

directions during complex ruptures was reported by Chung and Kanamori
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(1978) and Kanamori and Stewart (1978). In view of this, we tried to
avoid complicated events and tested which of the above three simple
models is the best approximation for relatively simple intermediate
and deep earthquakes. Results (Tables 2 and 4) show that for the 17
events studied, unilateral rupture fits the observations best for

12 events, bilateral rupture gives best fits for four shocks, both
unilateral and bilateral faulting fit the data about equally well

for one case, and in no cases does circular faulting give the best
fit. The inadequacy of the circular rupture mode is quite significant
in that the occurrence of a symmetrically circular fault requires
that the material properties and the stress field at the earthquake
source region be perfectly homogeneous and isotropic; A slight
deviation from this ideal case can cause very different modes of
rupture. Earthquake epicenters are not uniformly distributed on the
earth's surface and even within a seismic belt the spatial pattern

of seismicity is often non-uniform suggesting that spatial

variation in stress field and material properties plays an important
role at earthquake sources. For shallow earthquakes, the epicenter
of a main shock is, in many cases, located near one end of the after-
shock zone instead of at the center. This again suggests that ruptures
usually do not develop symmetrically, which is consistent with our
results. Interestingly, our results indicate that the higher the
degree of symmetry of the rupture mode the worse it fits the observed

data.

Source Dimensions and Fault Areas

As shown in Table 4, the source dimensions or fault lengths
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of the 17 earthquakes, which have magnitude mg ranging from 5.7 to
6.6, vary from about 5 to 37 km with an average of about 15 km.
Assuming W = 0.4L, we have fault areas ranging from about 10 to 560
km? with an average of about 110 kmz. The fault lengths obtained in
this study are in agreement with Mikumo's (1972) results for earthquakes
with comparable magnitudes; the fault areas, however, are slightly
smaller than those of Mikumo (1972). The fault lengths and areas
determined here are smaller than the diameters and areas estimated

by Wyss and Molnar (1972). As pointed out by Wyss and Molnar (1972),
their source dimensions are larger than estimates based on most other
models. Wyss and Molnar's results for deep earthquakes are based on
the Brune spectral theory (Brune, 1970) with an empirical constant
which was calibrated by using four shallow earthquakes (Hanks and
Wyss, 1972; Wyss and Hanks, 1972). Wyss and Shamey (1975)
recalibrated the constant for deep earthquakes by comparing the

fault areas determined from the corner frequency method and those
from aftershock data for two deep events with only three to four
reasonably locéted aftershocks. Because of the paucity of data used
and the large uncertainty in determining fault area from a small number
of afteréhocks, the calibration of the empirical constant for deep
events is questionable. Besides, aftershock areas may not be
representative of the faulting area for common deep earthquakes,
which usually do not have aftershocks. Hence, fault areas of deep
events obtained from the above corner frequency method may be

subject to large uncertainty.

The method used in the present study is free from the above
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problem and probably gives more reliable results. In addition,
circular faults were assumed in Brune's spectral theory without
testing whether a circular fault model was really better than

other fault models. As discussed in a previous section, we compared
several common fault models and then used the best one to estimate

the fault area. This procedure probably provides a more valid estimate

of the fault area.

Seismic Moments and Average Dislocations

The seismic moments determined from the time domain analysis
here are consistent with Wyss and Molnar's (1972) results within a
factor of two even though a larger number of stations are used in this
study. The average dislocations from this study vary within about

0.3 to 8 meters.

Stress Drops

Stress drops of intermediate and deep focus earthquakes reported
by previous investigators (Berkhemer and Jacob, 1968; Fukao, 1970,
1971; Mikumo, 1971, 1972; Abe, 1972; Wyss and Molnar, 1972) vary
over a large range. For some cases, different authors gave different
stress drop values for the same event (Aki, 1972). The uncertainty
of stress drops of intermediate and deep events is quite large, and
the uncertainty arises mainly from the uncertainty in the fault area.
In this paper, we try to reduce the uncertainty by first comparing
several fault models with observations and then compute the fault
area with the best model. Our stress drops vary from about 20 to

4617 bars with a mean value of about 476 bars. Except for several
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events with high stress drops, the stress drops obtained here are well
within the range of Mikumo's (1971, 1972) results. On the other
hand, the present results are much higher than Wyss and Molnar's
(1972) stress drops which range from about 4 to 70 bars with an
average of about 13 bars, Wyss and Molnar's results are very much
lower than those determined by most other investigators. Even though
the upper bounds of the stress drops determined in this study are
significantly higher than previous reéults from other investigators,
they still fall within the range of the fracture strength or frictional
strength of rocks observed in laboratory tests (Byerlee, 1977).

We now investigate the uncertainty of our stress drop determinations.
To get some idea about the sensitivity of synthetic wave-forms to
changes in fault length, we compare the long period P-wave seismogram
of event number 1 recorded at Hong Kong (HKC) with synthetics
calculated for one half, once and twice the estimated fault length of
14.5 km found in this study (Figure 18). Obviously, the synthetics
from twice and one-half of the estimated fault length, or 29 km and
7.25 km, do not fit the observation. Judging from this comparison, the
fault length can be resolved to better than a factor of two for using
the pulse-width technique. We probably can resolve the fault length
within a factor of 1.5 which corresponds to a factor of 3 for stress
drop from our method. The resolutions of stress drops for other
events here are probably similar.

Since pulse-width is used to determine fault length, errors in
pulse-width measurements can introduce uncertainties into the estimates

of fault length and stress drop. The pulse-width or T, usually
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Figure 18.
Hong Kong, China (A = 80.1°, AZ = 297°) with three synthetics

generated from three different fault lengths.
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can be measured to within 0.1 second. As one can see from Figures 3
and 4, the slopes of the Tr versus Ts curves are relatively smaller
when Tr is small. As a result, for a given uncertainty in T,, the
uncertainty in Tg increases as the pulse-width decreases. The error
in fault length due to error in pulse-width measurement can vary from
a few percent to about 35 percent while the stress drop can change

by a factor of about 1.5 to 2.5 for some of the earthquakes studied
here. The high stress drop values are subjected to larger uncertainty.
The uncertainty in stress drop due to error in pulse-width measure-
ment is probably less than a factor of three.

The range of variation in stress drop is so large that we can
even viéually see the differences in wave-forms between events with
different stress drop. Figure 19 presents long and short period
seismograms of three earthquakes, events 10, 12, and 1, recorded
at Hong Kong, China. We try to compare seismograms of different
events recorded at a same station; therefore, differences in wave-
forms can not be attributed to structural effect under the station.
The amplitudes of these three events on the long-period records are
nearly identical but short period amplitudes are quite different.
Event 10 has the highest stress drop, roughly one order of magnitude
higher than event 1. The short period amplitude of event 10 is
significantly higher than that of event 1., With a stress drop between
that of events 10 and 1, event 12 has a short period amplitude
between events 10 and 1. The short period amplitudes of events 10
and 12 are not as different as events 10 and 1; similarly, stress

drops for events 10 and 12 only differ by about a factor of two.
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Figure 20 shows the long and short period seismograms of events 10 and
1 recorded at RAB. The long period amplitudes of these two shocks are
about the same; however the high stress drop event number 10 has a
much smaller pulse-width. The short period amplitude of event 10 is
also significantly higher than that of event 1. These observations
are qualitatively consistent with the relative stress drops determined
in the previous sections.

At this point, one might ask whether the differences in pulse-
width and short-period amplitude are due to difference in attenuation
at different depths instead of difference in stress drop. However,
the differential attenuation is not a dominant effect in our
observations. First of all, since the earthquakes studied are all
in the Tonga-Kermadec area, all the ray paths from the source to
station are almost identical. Path difference is mainly from a
small section near the source because the ray path for a relatively
shallow event is slightly longer, by a length roughly equal to the
dif ference in the source depth, than that of a deeper event. Direct
P-phases from events deeper than the bottom of the low velocity zone
(LVZ) do not travel through the LVZ above it near the source. On
the other hand, direct P-phases from relatively shallow shocks must
travel through the LVZ before they penetrate to great depth, The
question then is whether the differential attenuation due to this
path difference is strong enough to significantly affect the observed
seismic signals. As mentioned above, for P-waves from shallow events
at teleseismic distances the travel time over average Q,<IQ—)P, is

To \P Qv
approximately 1 sec. For different depths, 6;; changes and can
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be calculated from existing models for Q and velocity. Based on the
velocity and Q structures of Anderson and Hart (1976, 1978), the
difference in To ’ for a change from 112 to 349 km in depth is about
6;; T P
0.1 sec. The effect from this change in (Qi’) on wave-forms is
negligible. Hence the observed differences in wave-form in Figures 19
and 20 cannot be explained in terms of differential attenuation in
normal mantle. In addition, below the depth of minimum Q in the low
velocity zone, Q increases almost monotonically with depth. This simple
change in Q with depth cannot explain the relatively complex variation
in stress drop observed in this study as will be shown in the next
section. Zones of extremely low Q have been observed above inclined
seismic zones of intermediate and deep earthquakes (Utsu, 1971;
Barazangi and Isacks, 1971). This low Q zone extends from the surface
to about 300 km in depth. However, the following observations suggest
that the existence of this low Q zone cannot explain our observations
of pulse-width or our stress drop pattern. Because the low Q zone is
limited to the region above the inclined seismic zone, rays traveling
in the direction opposite to the dip direction should not be affected
by the anomalously high attenuation. Only rays traveling in the dip
direction of and above the seismic zone are subjected to high
attenuation. If the observed change in pulse-width is due to the
existence of the anomalously low Q zone, the pulse-widths recorded at
stations in the dip direction of the Benioff zone should be longer than
those recorded at stations in the opposite direction of the seismic

zone, No systematic patterns like this have been observed, suggesting

that the pulse-width is not affected by the above situation. The dip
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angles of the Benioff zone are about 42° in many parts of the Tonga-
Kermadec area. On the other hand most of the stations used in this
study are at teleseismic distances. The take-off angles at the earth-
quake source for those stations are roughly from 22 to 30° and are
significantly smaller than the dip angle of the Benioff zone. Hence
most of the observed seismic waves did not go through the extremely
low Q region and are free from the above differential attenuation
problem., As will be shown in the next section, stress drop varies
significantly with depth below 300 km which is roughly the bottom

of the extremely low Q zone; this again cannot be explained by the low
Q zone discussed above. Therefore the observed change in pulse-

width or stress drop must, to first order, be due to the earthquake source.

Depth and Lateral Variations of Stress Drops

Variation of apparent average stress as a fucntion of depth was
studied by Wyss (1970). He found that for shallow earthquakes a mean
value for the apparent average stress is 18 bars. The mean value for
depths between 45 and 150 km is 270 bars. Around 600 km depth the
mean value is very similar to that at the surface, 21 bars. Wyss
explained the differences in apparent average stress in terms of
differences in strength of the material in the source region. Wyss and
Molnar (1972) studied the variation of source parameters with depth in
the Tonga arc and found that the stress drops were between 4 and 70
bars. Their stress drops did not change much with depth, but were
slightly larger at intermediate depths than at great depths. The

apparent stresses were also found larger at intermediate depths.
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The stress drops determined from the present study are plotted
as a function of depth in Figure 21. The upper and lower bounds of
stress drop for each event are calculated for unilateral and bilateral
faults respectively while the circles give the stress drops calculated
from the best solutions of the least squares searching process.

Another way to show the variation of stress drop with depth is to

plot the average value of the stress drop range for each event versus
depth as presented in Figure 22. The most obvious feature of these

two figures is that the stress drop varies over a very large range and
changes considerably with depth. For depth between 100 and 220 km, the
level of stress drop is low and varies from 20 to 230 bars. From about
230 to 430 km the stress drops are significantly higher and range

from 55 to 4617 bars. A decrease to a relative minimum of stress drop
occurs from about 450 to 560 km. The stress drop again increases

from 570 to 650 km,

Stress drop is controlled by the ambient stress level, material
strength, and other properties at the source region. Because the
physical and chemical processes and material properties within a
descending plate and the driving mechanism of plate tectonics are not
fully understood, the reason for the observed stress drop pattern is
not completely clear. However, we would like to point out some
interesting correlations between the stress drop pattern and some other
geophysical observations and to provide some preliminary interpretations
of the observed patterns. The depth range of the low stress drop
region, from 100 to 220 km, is roughly coincident with the low velocity

Zone in the upper mantle even though it is not clear why this
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Variation of stress drop as a function of depth.
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should happen. Event 6 (Figure 22) has a very high stress drop compared
to the other shocks at about the sample depth. As will be discussed in

a later section, the high stress drop of this event can be explained

by some reasons besides the depth effect, When we discuss the change

of stress drop as a function of depth event 6, therefore, is not
considered. We have a peak of stress drop at a depth of about 350 to
390 km or slightly shallower than 400 km. The rapid increase in

seismic wave velocities at the depth of about 400 km has been related

to the olivine-spinel transition in the mantle (Anderson, 1967). As

the Clapeyron slope %%‘(where P and T stand for pressure and temperature
respectively) of the transition is positive the phase boundary of the
olivine-spinel transition within the descending lithosphere should

be elevéted from the normal depth in the mantle because of the

lower temperature within the slab (Turcotte and Schubert, 1971; Ringwood,
1972). The depth of the observed peak of stress drop seems to be
coincident with the depth range of the olivine-spinel transition in the
subducting slab and may be associated with the phase transition. From
about 450 to 560 km we have a region of low stress drop. Tsujiura (1972)
studied the spectra of S waves from intermediate and deep earthquakes in
and near the Japanese arc and found that high frequency components,
observed for events shallower than 400 km, are lost for earthquakes
deeper than about 400 km, He suggested that his observation was
probably due to a difference in source spectrum for events above or
below a boundary at around 400 km, Tsujiura's boundary is very close

to our boundary of decreasing stress drop at about 450 km (Figures 21

and 22). This boundary is also coincident with the depth of increasing
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seismicity in the Tonga-Kermadec area (Figure 23). A simple way to
explain the above observations is the following. If the material strength
is lower below 450 km we should observe relatively low stress drop
events, If in addition, the rates of stress accumulation at different
depths are roughly the same we need a larger number of lower stress drop
events to release the stress. This explains the increase of annual
number of earthquakes in the range below the boundary. For depths from
570 to 650 km, our data (Figure 22) show a rapid increase of stress
drop; this depth range is very close to the range of rapid increase in
wave velocities between 600 and 700 km. This high velocity gradient
region has been related to the spinel-oxide transformation in the

mantle (Anderson, 1976). As the slope of the Clapeyron curve for

the phase change is not well known the elevation of the phase boundary
within the slab is uncertain. However, the coincidence between the
depth ranges of the observed high stress drop and the phase transition
again suggest the phase change may have something to do with the stress
drop. Interestingly enough, as one can see in Figure 23, this depth
range of increasing stress drop corresponds to a decrease in deep
seismicity.

When an oceanic lithosphere is descending beneath an island arc,
different parts of the lithosphere usually are subjected to different
degrees of contortion. As a consequence, different portions of the
plate may be under different stress. Tﬁe contours of hypocentral
depth of the Tonga-Kermadec area (Figures 24a and b) show that at the
northern end of the Tonga arc the subducting plate is abruptly bent

laterally and at depth from about 400 to 500 km the plate is locally
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contorted as shown by the overlapping of 400 and 500 km contours. We
would like to investigate whether these plate contortions can have
any effect on stress drops and also to see whether there are any
correlations of the stress drop pattern with other tectonic or geo-
physical features in the area., Figures 24a and b present the earth-
quake epicenters and the range of stress drops for the 17 events.
Earthquakes 14, 15, 16 and 17 all have similar focal depths which
range from about 545 to 650 km. Events 15 and 17 are located at the
big bend; on the other hand, events 14 and 16 are away from the bend.
Interestingly, events 15 and 17 have higher stress drops than events
14 and 16, The stress drops of events 15 and 17 are 130 to 1042 bars
and 242 to 2444 bars respectively, whereas events 14 and 16 have
stress drops of 49 to 184 bars and 54 to 964 bars respectively.
Earthquakes 12 and 13 are of comparable depths. Event 12, which is
located at a place of severe plate distortion, has a stress drop of
257 to 642 bars while event 13 has a relatively small stress drop of
35 to 146 bars. One more example comes from events 4, 5, 7 and 8
which, again, have similar depths. Event 8, which is located near the
lateral bending at the north end of the arc, has a higher stress drop
of 76 to 353 bars; whereas events 4, 5 and 7, which are further away
from the bend, just have stress drops of 53 to 61 bars, 75 to 94 bars,
and 55 to 192 bars respectively. The above observations are consistent
with what we expect for the stress distribution at and near a local
bend of an elastic plate.

As can be seen in Figure 24b, earthquake 6, which is not located

near any bend of the plate, has a very high stress drop, 553 to 4617
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bars. This high stress drop cannot be explained in terms of plate
bending. Therefore, we must look for other explanations. Figure 25
is a projection of the 17 earthquakes of this study and Sykes' (1966)
relocated hypocenters, which occurred between 1959 and February 1962,
onto a vertical plane parallel to the trend of the arc. It should be
pointed out here that because the 17 events were selected in a
particular way their hypocenter distribution is not a good
representation of the general seismicity. The general seismicity
pattern is represented by the distribution of the open circles in
Figures 25 and 26. Event 6 is located at the center of a relatively
quiet area of seismicity (Figure 25) and has a stress drop higher than
those of events 5, 7 and 8 which are located in areas of relatively
high seismicity. Figures 26a to 261 are projections of hypocenters of
different sections of the Tonga-Kermadec arc and the 17 shocks onto
vertical planes perpendicular to the arc (Figure 5). Again we can

see event 6 is within an area of relatively low seismicity (Figure 26d).
Figure 26g shows the locations and stress drops for events 2, 9, 11
and 13. Events 9 and 11, which are located within a region of
relatively low activity, have higher stress drops than those of events
2 and 13 which are located in higher activity regions. With another
examination of Figures 21 and 24 we can see that the high stress drop
region between depths 220 to 450 km is also roughly the region of low
seismicity of the arc. This again shows the correlation between high
stress drop and low seismicity. There are at least two ways to explain
the existence of a low seismicity, or quiet, region in the subducting

plates. One is that the relatively quiet region represents a '"weak"
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Figure 26. Projections of the 17 earthquakes and the hypocenters of
different sections of the Tonga-Kermaded arc onto vertical planes
shown in Figure 5, perpendicular to the arc. Each of the earthquakes
studied in this work is represented by an open circle with a dot
in it. Event number and range of stress drop are given by the
side of the related hypocenter.
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portion of the lithosphere where the stresses are released in the form
of creep instead of brittle fracture. Another explanation is that the
region represents a "hard" portion of the lithosphere where the

material is strong enough to sustain high stresses. The observed high
stress drops associated with the low seismicity area seems to favor the

latter explanation.

Magnitude, Apparent Stress, and Stress Drop

Besides stress drop, another stress estimate which can be calculated
from the observed variable is the apparent stress. Apparent stress is
defined as the product of seismic efficiency, n, and the average
stress, 3; between the initial, oy, and the final, o;, shear stresses

across the fault surface (Wyss and Brune, 1968)
— 1
o= 3 (01 + 07)

Seismic efficiency is defined as the ratio of seismic wave energy E,

to the total strain energy, W, released:

3
"
=|m

and W=0DA

where D is the average dislocation and A is the fault area. Apparent

stress can be expressed as

— E « — E E
no-: on:_-l!—-—-
oDA DA uDA
—_ E
or no = u —
M
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Usually the energy-magnitude relation
log E = 5.8+ 2.4 mp

developed by Gutenberg and Richter (1956) is employed to determine the
seismic energy E from the body wave magnitude mg. The magnitudes used
to derive this formula were determined from the instruments available
around 1945, which were mostly broad band mechanical types; the period
range of P waves was mainly from 4 to about 10 sec (Gutenberg, 1945;
Geller, 1976). However, since the introduction of my the definition
of body-wave magnitude has been changed by various investigators,
seismological stations and agencies (Abe and Kanamori, 1978). For
example, since 1963 the Earthquake Data Reports (EDR) and the Bulletin
of International Seismological Center (ISC) have published body-wave
magnitudes my determined from short-period body waves of usually

about one second period. This short-period my, differs markedly from
the intermediate to long periode used by Gutenberg and Richter. Thus
the use of short-period m, to obtain seismic energy E is not appropriate.
A problem with the conventional magnitude scales is that they suffer
saturation when the rupture dimension of the earthquake exceeds the
wavelengths of the seismic waves recorded and used in magnitude
determinations (Kanamori, 1977; Geller, 1976; Abe and Kanamori, 1978).
This saturation 1leads to an inaccurate estimate of energy released

in large earthquakes. The short period m, saturates at a much shorter
fault length or lower magnitude than the long period mg. The source
dimensions of intermediate and deep focus earthquakes, however, are

considerably smaller than those for great shallow earthquakes and long-
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period my probably represents the overall size of the earthquake
reasonably well. In view of this, we determine my from the long-
period records of WWSSN and use it to calculate E and then no. The
apparent stress determined in this study is given in Table 4.

Another advantage of using m, is that one obtains a better
correlation between log M, and body-wave magnitude of intermediate
and deep focus earthquakes. Figures 27 and 28 present log M, versus
m, and log M, versus mp respectively. The values of m, are taken
from U.S.G.S. reports while my values are determined in this study.
The log M, versus m, data for intermediate and deep focus earthquakes
have large scatter as shown in Figure 27. The scatter is significantly
reduced if we use mp instead of m  as demonstrated in Figure 28. This
probably means that my is a better measure of earthquake size for the
magnitude range in the present study, and short period waves are more
sensitive to heterogeneities along the path and structural effects
near the source and receiver.

Direct measurement of the absolute stress near an earthéuake is
not feasible from analyses of seismic radiation. However, two stress
estimates, the apparent stress and the stress drop, can be made from
observed variables. Savage and Wood (1971) studied the relation
between apparent stress and stress drop. Assuming constant initial,

final, and frictional stresses over an elliptical fault, they found
o= = - a,)
no > (0 - gp) - (o¢ 9,

where O¢ is the dynamic frictional stress. Since no and Ao can

be determined we can obtain an estimate of the difference between the
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frictional stress and the final stress, If O = 0y we have

no = 1/2A0; and no < 1/2Ac when Of¢ > 0,. Figure 29 is a plot of
Ao versus ns.for the 17 intermediate and deep focus earthquakes in
the present study. Our data indicate 1/2Ao:>n§lsuggesting gg > 09

at the earthquake source.

Seismic Efficiency of Intermediate and Deep Focus Earthquakes

If both apparent stress and stress drop are known we can estimate

the upper bound of seismic efficiency. Since

1/2(01+02)Mo

we have n
If 0y = 0 we have o, = Ao; and o > Ao when 0y > 0. Hence o1 > Ao
if o, > 0.

2uE
oAO'

F

n <

=

2no

Mmax = Ag

If the stress is completely released during faulting or ¢, = 0,
2no /Ao gives the actual efficiency. The upper bounds of the seismic
efficiency of the 17 earthquakes are listed in Table 4. Figure 30

as a function of depth. n varies from about 0.1% to

presents n —

max
33%, and with some scatter, the upper bound of . —_— decreases with
depth. Since the seismic energy equals the difference between the

total strain energy and the work done against friction We, we have

=W-W
E=W-W
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and n =

where We =0 DA .

Frictional stress appears to be an important parameter controlling
seismic efficiency. At present it is not completely known how the
frictional stress varies with depth and what kind of friction law

it should follow. If, somehow, the frictional force increases as

a function of depth, then we should have a decrease of seismic efficiency
with depth because more energy is spent in moving the fault against
friction. The n,, . versus depth data in this study suggests an

increase of frictional stress with depth.

A Comparison of Deep and Shallow Earthquake Source Parameters

Empirical relations among source parameters of shallow focus
earthquakes have been studied by many investigators. Based on an
extensive set of data for shallow earthquakes with MS > 6 Kanamori
and Anderson (1975) found that the stress drops of large inter-plate
earthquakes are remarkably constant falling between 10 and 100 bars
with an average of 30 bars. Intra-plate earthquakes show systematically
larger stress drops, about 100 bars. The present results indicate that
the situation for intermediate and deep earthquakes is quite different:
the stress drops vary over a large range, from several tens of bars to
several kilobars, and are significantly higher than those for shallow
earthquakes. Since the focal depths for the events studied here range
from about 100 to 650 km, the observed large variation of stress drop

probably reflects a large variation of material strength and stress
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level within this wide range of depth within the earth. The log A
(fault area) versus log M, plot of intermediate and deep earthquakes
has a very large scatter instead of falling on a narrow linear trend as
the case for large shallow shocks. Kanamori and Anderson (1975) also
found that no = 1/2Ac suggesting that the final stress is approximately
equal to the frictional stress Ops i.e., Of = Ogp. Thé situation for
intermediate and deep focus earthquakes is again different; our results
indicate 1/2Ac > no suggesting that the frictional stress is larger

than the final stress, i.e., Of > Oy,

CONCLUSIONS

The pulse-width and least squares searching method developed in
this study has proved to be a powerful and fast technique to extract
source parameters from isolated seismic signals. Trial and error
approach to fitting observed data with synthetics is then avoided.
With this method, one can analyze a large number of intermediate and
deep focus earthquakes within a relatively short time and obtain
source parameters with a homogeneous method. This is very important
for studying relative stress drop between events or variations of
stress drop with a region or depth.

For most of the 17 earthquakes studied, a unilateral fault model
best explained the azimuthal variation of P-wave pulse-~width. A bilateral
fault model gave the best fit for some events, but in no cases did
the circular fault model explain the data better than either the
unilateral and bilateral faults. This may suggest that stresses and

material properties at the earthquake sources are not perfectly
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homogeneous and isotopic; the highly symmetric mode of rupture
(represented by the circular fault model) is, therefore, unlikely,

The 17 earthquakes with magnitude mp ranging from 5.1 to 6.6
and with focal depths from about 100 to 650 km yield seismic moments,
fault length, and average dislocations which vary from about 1.8 X 1025
to 3.3 X 1026 dyne cm, 5 to 37 km, and 0.3 to 8 m, respectively, énd
corresponding mean values of 9.08 X 1025 dyne-cm, 14.84 km, and 1.5 m
respectively. Stress drop varies over a very large range from 20 to
4617 bars with an average of 476 bars.

Stress drop shows significant variations with depth and lateral
position along the arc. For depth between 100 and about 220 km, the
stress drop level is low with a mean of 86 bars. From about 230 to
430 km the average stress drop is several times higher with a peak at
a depth of about 360 km. A low stress drop region is located at about
450 to 560 km, coincident with a zone of high seismic activity. For
depths between 580 to about 650 km, the stress drops are again quite
high., The two high stress drop regions at about 360 and 640 km may
be associated with the olivine-spinel and spinel-oxide phase transitions
within the subducting lithosphere. 1In addition, earthquakes at and
near some local bends of the subducting plate have significantly
higher stress drops than earthquakes at comparable depths but away from
bends. There is also some correlation between low seismicity and high
stress drop suggesting that the relatively aseismic areas of subducting
slabs in the deep mantle have high breaking strength.

The apparent stress is smaller than half of the stress drop, i.e.,

no < Ac for intermediate and deep focus earthquakes suggesting that

2
2
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the frictional stress 1s substantially higher than the final stress
at the earthquake source.

The upper bound of the seismic efficiency varies from about
0.1%7 to 33% for the earthquakes studied and decreases as focal
depth increases. This change with depth may imply that the frictional
stress increases with depth.

The source properties of intermediate and deep focus earthquakes
are different from those of large shallow earthquakes in many aspects.
For instance, range of stress drop, moment-magnitude relation, relation
between apparent stress and stress drop are significantly different.
These differences probably reflect differences in material properties
and state of stress between the surface and the deep interior of the

earth.
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A SEISMOLOGICAL INVESTIGATION OF THE

SUBDUCTION MECHANISM OF ASEISMIC RIDGES
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INTRODUCTION

Over the past fifteen years, numerous papers on various aspects
of plate subduction and the nature of convergent piate boundaries
have been published. Convergent plate boundaries can be classified
into two types: oceanic and continental subduction. Significant
differences in mode of subduction and subsequent geological and geo-
physical phenomena exist between these two types of subduction even
though there are many similarities. For example, deep depressions
and arc-like structures are common features; other similarities can
also be observed in the gravity field, heat flow anomalies, earth-
quake source mechanism, and geological data. On the other hand, the
differences are the existence or absence of deep focus earthquakes,
"narrow' versus "extremely broad" zones of shallow seismicity,
occurrence of high plateau with abnormally thick crust, and mode of
crustal shortening.

Most previous works are concerned with subduction of oceanic
plates although several works have been done on continental subduction
as well. In the present studv a different type of subduction,
subduction of_oceanic aseismic ridge and fracture zone, is investigated.
The differences between subductions of oceanic and continental plates
mentioned above are usually considered to be due to differences in
density and resistance against subduction associated with the two types
of plates. Aseismic ridges usually have density in between pure ocean
and pure continent and tend to resist subduction. Besides aseismic
ridges, fracture zones are also large and common structures on the

ocean floor. 1In this paper we will investigate the subduction of
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fracture zones and aseismic ridges, especially their interaction with
the overriding plate and the differences between this type of
subduction and that associated with pure oceanic and continental
crusts,

In the first chapter, seismological methods are employed to
investigate the earthquakes associated with the subduction of a fracture
zone-aseismic ridge system in the New Hebrides island arc. Attention
is especially focused on (1) the nature of plate movement near the
subduction boundary, (2) how the seismicity is affected by this type
of subduction, and (3) the source characteristics and the rupture
process of an earthquake which occurred on the subducted portion of
the fracture zone. Several significant differences between this type
of subduction involving aseismic ridges and the more typical oceanic
subduction are found and discussed in this chapter.

In the second chapter, tectonic anomalies associated with this
type of subduction boundary in the New‘Hebrides arc are investigated.
Several complex tectonic features are interpreted by using a simple
mechanical model and the effect of buoyant forces associated with low
density ridges. It is concluded that subduction of aseismic ridge
can have significant effects on tectonic features at converging plate
edges.

In the third chapter, seismicity at five regions of aseismic
ridge subduction around the world are studied. A coherent change in
seismicity pattern is found near the ridge-arc intersections. This

observation is discussed as a consequence of aseismic ridge subduction.
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Chapter 1

THE FOCAL MECHANISM AND SOURCE CHARACTERISTICS
OF THE NEW HEBRIDES EARTHQUAKE OF JANUARY 19, 1969
AND SOME RELATED EVENTS -- SUBDUCTION PROCESS

OF A FRACTURE ZONE AND ASEISMIC RIDGES
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INTRODUCTION

Within the framework of plate tectonics, earthquake activity near
converging plate boundaries has been explained as a consequence of
interaction between plates. Investigation of earthquake focal
mechanisms and seismicity patterns provides valuable information about
the nature of plate interaction, deformation, and consequent strain
release at plate boundaries. In most models of plate interaction used
previously, oceanic plates are considered to be homogeneous and
isotropic. However, oceanic plates are far from uniform; features
such as fracture zones, sea mounts, and aseismic ridges are frequently
seen on the oceanic lithosphere. Because of this heterogeneity,
different parts of the oceanic plate may behave differently in
subduction and plate interaction processes. For instance, an
aseismic ridge usually has a lower density compared to other portions
of the oceanic plates. Structural roots have been found under uplifted
features on the oceanic floor indicating that such regions have
densities intermediate between oceans and continents (Den et al.,
1971; Ludwig et al., 1973; Kelleher and McCann, 1976). Because of
their lower density compared to normal oceanic lithosphere, aseismic
ridges may tend to resist subduction or subduct in a different way.
Previous workers have suggested that the subduction process seems to
be modified and the geometry of plate boundary can be affected by
subduction of aseismic ridges because of the associated buoyant force.
Vogt (1973) and Vogt et al. (1976) studied the effect of ridge sub-
duction on the shape of the overriding island arc and the associated

seismicity. They found that aseismic ridges often trend into cusps
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or irregular indentations in the trace of the subduction zone. They
also found that a region of reduced seismicity seems to be associated
with many consumed ridges. Kelleher and McCann (1976) found that at
locations where bathymetric highs, or aseismic ridges intersect with
active trenches, large shallow earthquakes occur less frequently and
have generally smaller rupture lengths than events along adjacent
segments of the plate boundary. In this paper, the interaction
between a trench and a subducting ridge~fracture zone system and

its consequent tectonic movements and earthquake source
characteristics are investigated through a detailed study of the New
Hebrides earthquake of January 19, 1969 (origin time: 18N50™52 4

+ 0,37% GCT; latitude 14.89 + 0.021°S, and longitude 167.22 * 0.018°E),
earthquake focal mechanisms, seismicity as well as tectonic features
in the New Hebrides island arc. The New Hebrides earthquake of
January 19, 1969 (hereafter called the New Hebrides earthquake) appears
to be an abnormal event because of its unusual wave-forms with
prominent excitation of long period waves. Seismological data and
tectonic setting suggest that the earthquake occurred on the subducted
portion of the D'Entrecasteaux fracture zone, which has a topographic
ridge (or aseismic ridge) on each side of it. Detailed analysis of
this event will therefore not only improve our understanding of the
source of this unusual earthquake but also provide important clues to

the subduction process of fracture zones and aseismic ridges.

REGIONAL SETTING OF THE NEW HEBRIDES ISLAND ARC

The New Hebrides island arc is a member of the western Pacific
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island arc system characterized by high seismicity and intense volcanic
activity. With its center at about 16°S and 168°F (Figure 1.1), the
New Hebrides arc extends south from the Santa Cruz Islands at 11°S

to the islets Methew and Hunter at 22°S, The dip of the subducted
plate steepens very rapidly under the New Hebrides arc compared with
many other island arcs; the Benioff zone dips toward ENE with a dip
angle of about 70° (Santo, 1970; Dubois, 1971), in contrast with

those of most of .the western Pacific island arcs which dip toward the
west. Earthquake swarms are very common; shallow shocks often occur
closely both in time and space (Santo, 1970). The most remarkable
feature of this island arc is perhaps the discontinuity of the New
Hebrides Trench in the central New Hebrides (Figures 1.1 and 1.2)

where a transverse feature called D'Entrecasteaux fracture zone
(Mallick, 1973; Luyendyk et al., 1974) with a topographic ridge on

each side of it intersects the island arc. Despite the interruption

of the trench, earthquakes occur to depths of at least 250 km under

the entire length of the arc system suggesting that the two trench
sections belong to a single subduction zone or a single island arc
system. The ridges associated with the D'Entrecasteaux fracture zone
are aseismic ridges and are distinct from seismically active mid;oceanic
ridges. There are several kinds of aseismic ridges on the sea floor,
for example hot-spot traces (Wilson, 1965; Morgan, 1971, 1972, 1973),
fracture ridges (Menard and Chase, 1970), or remmnant arcs (Karig, 1972).
The ridges discussed in this paper are the kind associated with a
fracture zone or fracture ridges. Figure 3 shows the bathymetry and

gravity along line AB on Figure 1.1, perpendicular to the D'Entrecasteaux
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fracture zone. Bouguer gravity anomalies show relative minima of
about 30 to 40 milligals over the crests of the ridges suggesting low-
density structural roots under the ridges. More details about the
geological setting and tectonic evolution of the New Hebrides island
arc are given by Mitchell and Warden (1971), Karig and Mammerickx

(1972), Mallick (1973), and Luyendyk et al. (1974).

SPECIAL CHARACTERISTICS OF THE BODY AND SURFACE WAVES

The New Hebrides earthquake had a focal depth of 107 km and my =
6.4 according to our redeterminations (my = 6.2 according to I.S.C.
Bulletin). This earthquake is remarkable for its unusual wave-forms
with prominent long period body waves and surface waves which are rare
for intermediate earthquakes of comparable depth and m . The difference
is apparent in Figure 1.4. 1In this figure seismograms of the New
Hebrides earthquake recorded at Pasadena, California by three types
of seismographs having different pass bands are compared with those
of intermediate~depth earthquakes from other regions. The seismographs
used are the Benioff short period (1-0.2), the long-period Benioff
(1-90) and the Press-Ewing seismograph (30-90) which sample seismic
wave energies at high, intermediate and low frequency bands respectively.
In order to demonstrate the difference in the excitation at different
periods between different events, the maximum amplitude of direct P
of the Benioff 1-90 records for all the events is normalized to a
common value while the amplitude ratio between different kinds of
seismograms for each event is preserved. The ratio of the maximum

amplitudes of long period record to short period record for the New
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Figure 1.4. 'A comparison of the New Hebrides intermediate-depth earth-
quake with other intermediate events occurring in other seismic
zones. All the seismograms are normalized vertical components
recorded at Pasadena, California.
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Figure 1.5. Love waves, Gl and Rayleigh waves, Rl recorded by the
long-period seismographs at LON and LPA respectively.
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Hebrides earthquake is about 30 times greater than that of the
November 2, 1964 event which occurred in North Peru and is, on the
average, more than one order of magnitude larger than the other four
events. The long duration of the seismogram of the New Hebrides
event is also notable., This long duration of the seismogram indicates
that the earthquake is a very complicated multiple event. The
unusual wave-form cannot be attributed to the crustal effect under
the recording station because the wave-form for other earthquakes 1is
relatively simple. The New Hebrides earthquake also generated long
period surface waves of about 80 to 100 sec which were recorded by
all the WWSSN stations; most intermediate shocks with comparable m,
usually excite small or undetectable surface waves. Figure 1.5

displays two sample records of Gl and Rl from the earthquake.

FAULT PLANE SOLUTIONS AND ALIGNMENT OF EARTHQUAKE HYPOCENTERS

The fault plane solution of the New Hebrides earthquake is
constrained very well, as shown in Figure 1.6. Twenty-seven P-wave
first motions from the long period WWSSN records and one first motion
from the Press-FEwing seismogram at Pasadena are used. Fifteen P-wave
first motions reported in the I.S.C. Bulletin are also used. The
focal depth reported by I.S.C. is 114 * 3.6 km, Compariéon of the
observed records with the synthetic seismograms of P and pP suggests
a depth of about 100 km. In view of the uncertainty of the velocity
structure in the vicinity of the source region we use the average focal
depth, 107 km. If only P-wave first motions are used, the strike of

the steeply dipping nodal plane can be moved by several degrees.
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Figure 1.6. FEqual area projection of P-wave first motions on the lower
hemisphere. Open circles and squares represent dilations
recorded by WWSSN stations and non-WWSSN stations respectively,
Closed circles and squares represent compressions read from
WWSSN and non-WWSSN stations respectively. Large symbols
are more reliable data. Compressional and tensile axes, and
slip vectors are represented by solid triangles with labels P,
T, and S respectively. ¢ and § stand for strike and dip angle
respectively. The number at the lower left corner is the earth-
quake number used in Table 1.1. The solid curves represent the
P-wave mechanism, while the dashed curves show the mechanism
obtained from surface-wave data.
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However, this plane is further constrained by P-wave synthetic
seismograms, as will be discussed later. The strike and dip of this
plane are determined to be N88°E and 87°N respectively while the other
nodal plane strikes N6°W and dips 40° to the west. Figure 1.7a shows
the distribution of epicenters of earthquakes which occurred during
the seven-month period after the New Hebrides event. The data are
taken from the U.S.G.S. and I.S.C. catalogues. Their magnitudes range
from 4.3 to 5.4. The overall distribution of the epicenters is along
a trend with a strike of about N76°E which agrees well with that of
the nearly vertical nodal plane of the New Hebrides earthquake

(Figure 1.6). Figure 1.7b shows the projection of the same set of
earthquake hypocenters onto a vertical plane perpendicular to the
trend of the epicenters. The vertical alignment of the hypocenters
suggests that the vertical EW striking nodal plane represents ﬁhe

fault plane of the New Hebrides earthquake.

INTERPRETATION OF FAR FIELD BODY WAVE SEISMOGRAMS

In order to investigate the details of the multiple shock sequence
of the New Hebrides earthquake long period P wave seismograms recorded
by the WWSSN are interpreted by using synthetic seismograms. Far field
seismograms which include P, pP, and sP from a double couple or shear
dislocation point source in a homogeneous half space are synthesized
by using the method described in Langston and Helmberger (1975) and
Helmberger (1974). The upper part of Figure 1.8 shows a sample of the
long period WWSSN records. The lower part of the figure is a synthetic

seismogram from a point source having a ramp dislocation with a rise
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time of 3 sec and a depth of 100 km. For the velocity in the half
space, we used the velocity obtained from the Jeffreys structure by
averaging the velocity over the depth range from 0 to 100 km. The
approximate agreement of the pP and sP wave-forms suggest that the
depth of 100 km is reasonable. When the fault plane is nearly
vertical, as in the case of the New Hebrides earthquake, sP is

the predominant phase on the far field record. From Figure 1.8 it
is obvious that a single source cannot explain the observed seismogram.
The total duration of the synthetic P, pP and sP is only about 50
sec, while the duration of the observed seismogram is as long as 80
sec suggesting a rupture duration as long as 3Q sec. We try to fit
the first 14 sec of the vertical long period records, which are free
from the contamination of pP and sP of the first event, by using two
point sources with ramp dislocations placed at the same location.
The method of matching the wave-form with the synthetics is similar
to that described by Chung and Kanamori (1976). The fault plane
solution of the first event is further constrained by simultaneously
fitting the wave-forms at nine stations (ANP, BKS, CHG, COR, GUA,
MUN, RAR, SHK and TAU [Figure 1.9 and Table 1.1]). The azimuthal
coverage of the station is reasonably good. The pulse that follows
the first one with the same polarity is interpreted as the second
event. In fitting the wave-form of the second event, we first used
the same focal mechanism as the first event and then slightly
adjusted it to obtain a better fit. Figure 1.9 compares the observed
record with the synthetics computed for the first two events. The

source parameters of the first and second events are determined as
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AAE
ADE
AFI
AKU
ANP
ANT
BAG
BHP
BKS
BMO
BRW
BUL
BUT
CHG
COL
COR
CTA
DAV
CUR
FGU
GCA
GDH
GRM
GUA
HHM
HKC
HNR
KIP
KOD
KON
KOU
KRK
KTG
LMP
LON
LPA
LPB
LOR
MAL

MUN
NAT
NAI
NOU

A

129.30
32.47
20.38

129.10
59.74

111.87
55.55

114.60
84.35
90.42
89.41

126.40
93.95
75.04
86.53
86.38
20.63
46.69
89.50
94.74
91.98

120.00

119.10
35.84
93.71
63.76

8.93
49.67
92.33

132.40

6.28

119.11

124.21

1.62
88.20

114.52

117.11

144.90

157.00
90.69
49.32

149.70

128.39

7.40
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TABLE 1.1
First
AZes AZse motion Waves Used
269.55 101.80 G R
226.86 C P
89.89 C P
2.83 353.40 G R
311.36 126 .80 D P G R
123.50 241,60 G R
302.23 D P
86.85 257.70 G R
48.58 246,40 D P R
43.53 D P
10.94 D P
230.60 127.40 G R
43,51 D P
294.41 111.70 D P G R
17.59 223.24 D P G R
42.12 245.15 D P G R
252,52 D P
295.04 D P
48.91 D P
49.06 D P
52.37 D P
15.58 313.25 G R
217.43 135.43 G R
320.95 141.23 D P
40,98 D P
304 .42 120.55 D P G R
306.67 C P
44,20 D P
270.90 104.62 D P R
344 .80 29.96 G R
205.87 D P
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